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1 Introduction to Vertical Mixing and the Faroese Channels
1.1 Vertical Mixing: The Global Context
Direct observations of turbulent kinetic energy dissipation rate are presented and analysed in
this thesis, along with some theoretical studies to aid their interpretation. Vertical mixing in
the study region is strongly coupled with the internal tide, generated by flow over the local
topographic features. Modelling work shows the strength of mixing calculated from the
observations to be representative of the study region, hence allowing for an assessment to be
made on the influence of such mixing on a larger scale. Sensitivity of a hydraulically
controlled overflow to changes in density as a result of observed mixing and associated heat
flux is considered. To understand the motivation for focusing on the small scale mixing in the
Faroese channels, it is necessary first to introduce the importance of the overflow region from
a global perspective.

1.1.1 Large Scale Circulation
The meridional overturning circulation (MOC) of the global oceans has a profound influence
on the climate system of the Earth. Accurate modelling of its heat and volume transport is
essential if we are to predict how it will respond to future changes in atmospheric
temperature. In order to do this it is imperative that the dynamic processes involved in
maintaining the overturning of the oceans and redistribution of heat are understood. Water is
cooled at high latitudes and warmed at low latitudes, which results in simple terms in a
convection cell of water becoming dense and sinking near the poles and being transported
towards the equator at depth. Warm surface water is in turn drawn away from the equator at
the surface. In the absence of any other physical processes, the continuous production of
dense fluid at high latitudes would lead to the ocean being filled up with water of the
temperature and density of that being formed by deep convection (Baines and Turner, 1969).
Vertical mixing transfers heat from the surface to the deep water, reducing the density of the
deep fluid and converting it to that of the overlying fluid. Downward diffusion of heat
gradually allows it to return to surface density (Munk and Wunsch, 1998; Wunsch and
Ferrari, 2004). Irreversible mixing due to vertical buoyancy transport must be quantified as it
is fundamental to understanding oceanic heat budgets on a global scale.

Motivation for studying vertical mixing in the ocean stems primarily from the need to
parameterise its overall effect on the dynamics of geophysical flows as an input for large scale
1

circulation models. The average vertical eddy diffusivity (Kz) required to maintain the global
ocean stratification despite dense water production was proposed by Munk (1966), using an
advection-diffusion model to be 10-4 m2 s-1. This rate was agreed as a theoretical value by
Munk and Wunsch (1998) and Ganachaud and Wunsch (2000). Open ocean thermocline
values of Kz determined by both microstructure profiling (Gregg, 1989) and dye-release
experiments (Ledwell et al., 1993), however, have been observed to be an order of magnitude
lower than this, presenting a dichotomy between the two rates. Diffusivities are similarly low
in the deep ocean, away from rough topography (Polzin et al., 1997). Exceptionally high
mixing near ocean boundaries might compensate for low open ocean values, but this will not
lead to sufficiently large basin-averaged diffusivities. Localised vertical eddy diffusivity
values much larger than 10-4 m2 s-1 have been found over rough topography in the deep ocean
(Ledwell et al., 2000; Polzin et al., 1997), seamounts (Kunze and Toole, 1997), submarine
ridges (Althaus et al., 2003; Finnigan et al., 2002; Martin and Rudnick, 2007) and continental
shelves (Nash et al., 2004), supporting the suggestion that mixing may be enhanced in certain
„hotspots‟. Such mixing will modify water masses locally and therefore have some influence
over circulation on a larger scale. Geographically, mixing in some locations might have a
greater effect on global circulation than the same level of mixing elsewhere. Overflow waters,
for example, tend to supply deep branches of the MOC, so localized mixing with overlying
water in these regions will reduce the density and increase the volume of the deep water,
modifying its properties and transports and therefore its position within the MOC. Similar
levels of localized mixing elsewhere in the open ocean, however, might result in a less direct
effect on circulation and thus heat transport and associated climate dynamics, but will
influence the stratification to some extent.

1.1.2 Stratification
Stable stratification in the ocean refers to an increase in density with depth. Whether or not
and to what extent the ocean is stratified can be expressed by the buoyancy frequency (N),
calculated via
N2  

g 
 0 z

(1.1)

where g is acceleration due to gravity, 0 a reference potential density and Δ/Δz a change in
potential density over a given vertical range, z. Potential density () is density derived from
potential temperature (θ), the temperature a parcel of water would be if it were moved
adiabatically to a certain reference pressure such as the surface (Gill, 1982). Potential
temperature is calculated using standard UNESCO formulae (Fofonoff and Millard, 1983) and
2

potential density from an equation of state for potential temperature, salinity and pressure (see
Chapter 3). Sigma (σθ =  - 1000) is commonly used in place of density.

N is the frequency (most commonly in radians per second) with which a vertically displaced
parcel of water in a stable water column will oscillate about its equilibrium position once
perturbed. Negative values represent vertical instability and N 2  0 s-2 an homogeneous
water column. Stability of a water column increases with increasing N2 value. Mean values of
N vary from around 10-2 s-1 in the thermocline to 10-6 s-1 in the deep ocean, indicating stable
stratification. Lines of constant density (isopycnals), therefore, tend to be near horizontal, so
vertical mixing and diapycnal mixing (mixing across isopycnals) tend to be interchangeable
terms. Behaviour of oceanic flows and their transition to turbulence and mixing is
fundamentally affected by stratification; it governs internal motions and their characteristics
and provides a stabilising force that must be overcome as part of the diapycnal mixing
process. Diapycnal mixing is important in terms of circulation as it alters the hydrostatic
stability and potential energy of the water column. Large scale geostrophic flows, generally O
(100km) are determined by horizontal density gradients, so if local vertical density gradients
are affected by diapycnal mixing, they have the potential to alter flows on a much larger scale.

Vertical mixing occurs as a result of instability, be that convective, double diffusive or shear,
and is required in the observed ocean circulation to return dense fluid to surface properties.
Most of the energy available to destabilise a stratified water column is derived from an input
of mechanical energy over a scale of tens to hundreds of kilometres, whilst mixing processes
tend to occur at scales of less than 1m. Understanding the link between the large scale forcing
O (100 km and days) and the smaller scales at which mixing occurs O (cm and seconds) has
been a fundamental step in terms of both measurement and parameterisation of mixing levels
in the ocean. Energy is essentially transferred to progressively smaller scales through an
energy cascade, mediated by the internal wave field, which is introduced fully in Chapter 2.

1.1.3 Regional Distribution of Vertical Mixing
Topographic features play a major role in extracting energy from the large scale stratified
tidal flow and initiating the transfer of energy towards dissipation scales. The main
contributors to large scale forcing are the wind and the tide (Munk and Wunsch, 1998). It is
known from astronomy that tides in the ocean must dissipate approximately 3.7 TW (1
terawatt = 1012 watt). A further 1 TW is available from the wind. Jeffreys (1920) provided the
traditional explanation that the most likely sink for tidal energy is at ocean boundaries through
bottom boundary layer dissipation in shallow seas, which was supported for a long time. By
3

assimilating currents derived from satellite altimetry and balancing their energy loss
calculated through flux divergence with work done by tidal forces, Egbert and Ray (2000;
2001) concluded that 25-30% of global tidal energy must be dissipated in the deep ocean,
away from boundaries. Global tidal energy dissipation derived from satellite altimetry is
illustrated in Figure 1.1. High levels of dissipation, or potential mixing „hotspots‟, are evident
near Hawaii and other mid ocean island chains such as Kerguelen and the Azores. Dissipation
is particularly high between Australia and Indonesia, the Falkland Islands and Argentina, the
UK and Iceland, Japan, Alaska and Hudson Bay. Between the UK and Iceland (upper right,
circled in yellow) lies a section of the Greenland-Scotland Ridge, the particular hotspot upon
which this study is focused.

Figure 1.1: An empirical global map of tidal energy dissipation derived from the balance of
working and flux divergence from satellite altimetry data (Egbert and Ray, 2000).

Conversion of barotropic to baroclinic tidal energy is fundamental to this process. It is an
important sink of tidal energy which is difficult to quantify directly and is an extremely active
area of research at present. When the surface or barotropic tides impinge on topographic
features they generate a variety of baroclinic wave motions containing the fundamental
harmonics of the original tide. Conversion of barotropic to baroclinic tidal energy by pushing
a stratified fluid over a topographic obstacle (Figure 1.2) constitutes the first step in the
movement of energy from barotropic flow to the small scales where mixing occurs (Legg and
Huijts, 2006). This provides an explanation for the link between global distribution of tidal
energy dissipation and rough topography such as island chains and ridges. Rough topography
has no specific defining characteristic, but is often referred to in the context of ocean ridges
and seamounts where barotropic flow encounters an obstacle of sufficient magnitude to
disturb the nature of the flow. Great differences are seen between mixing rates over the
4

smooth abyssal valley floor of the western Brazil Basin and over the abyssal hills of the Mid
Atlantic Ridge to the east (Ledwell et al., 2000). Simulations suggest that 75% of barotropic
to baroclinic energy conversion occurs over rough topography totalling only 10% of the sea
floor (Simmons et al., 2004). Most of the energy loss from the barotropic tide through this
process is due to the generation of baroclinic internal waves (Klymak and Gregg, 2004;
Merrifield and Holloway, 2002). Internal wave energy propagates at an angle dependent on
forcing frequency, coriolis frequency and buoyancy frequency (see 5.6.1).

Mixed layer
Stratified layer

Oscillating barotropic flow
Baroclinic energy

Dissipation

Topography
Figure 1.2: A schematic to illustrate the conversion of barotropic to baroclinic tidal energy
and subsequent dissipation.

Dissipation in some regions may have a greater influence on hydrographic properties than the
same level of dissipation elsewhere, for example where mixing acts upon a strong density
gradient, it will drive stronger fluxes than where the initial gradient is weak. Vertical mixing
is likely to have a further reaching effect when it acts upon water masses that constitute
important parts of the MOC, such as the deep outflows from the Nordic Seas between
Scotland and Greenland. Localised warming of dense water branches and cooling of surface
water branches, for example, might permanently alter their future pathways on a global scale.

1.2 Faroese Channels: Bathymetry, Water Masses and Circulation.
Two factors combine to make the area between Greenland and Scotland extremely important
in terms of the physical oceanography of the planet. First, its position in relation to areas of
deep water formation means that the majority of deep water convectively formed in the
northern hemisphere must cross it in order to travel towards the equator. Deep „outflow‟ water
can only flow out of the Arctic Ocean via the Fram Strait (between Greenland and Norway) as
5

it is the only deep water connection to a neighbouring ocean, the North Atlantic. This is also
the major formation zone of deep water in the northern Hemisphere (apart from that formed in
the Labrador Sea). The Bering Strait, which joins the Arctic and Pacific Oceans, is too
shallow to allow significant cold water outflow and the Pacific water is too fresh to allow the
formation of a deep water mass. Second, a ridge extends all the way from Greenland to
Scotland (Figure 1.3). The Greenland-Scotland Ridge (GSR) acts as a total, continuous barrier
below a depth of 840m between the North Atlantic and the Nordic (Greenland, Iceland and
Norwegian) Seas (Hansen and Østerhus, 2000). The combination of these factors means that
the large scale flows, which effectively regulate global climate, are blocked and diverted to
points where they can cross the GSR. The way in which the currents interact with the
topography of the GSR is a fundamental part of our understanding of the spatial pattern of
mixing in the area, particularly between Atlantic and Nordic water masses, and its subsequent
effect on heat and volume transport between low and high latitudes.
1
3
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Figure 1.3: Smith and Sandwell (2004) bathymetry of the Greenland Scotland Ridge with
volume flux estimates across the Greenland Scotland Ridge and the Faroese Channels taken
from Hansen and Østerhus (2000). Arrows in the top left corner represent fluxes that close the
Arctic transport budget but do not cross the Greenland Scotland Ridge. The black box
highlights the area detailed in Figure 1.4. Branches of inflow water discussed in text are
marked with red dashed lines.
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1.2.1 Inflow pathways
Atlantic „inflow‟ water flowing towards the Nordic Seas follows one of two main branches
over the GSR between Iceland and Scotland; one through the Rockall trough in the form of a
shelf slope current (Booth and Ellett, 1983), which crosses the GSR between Shetland and the
Faroe Islands, and one over the Iceland basin, which crosses the GSR at the Iceland-Faroe gap
close to Iceland (Fratantoni, 2001). The Slope Current (SC) is described by Hackett and Roed
(1998) as a “remarkably continuous and persistent flow filament” which flows along the
continental shelf from south of the Porcupine Bank to the Faroe Shetland Channel. Speeds of
between 10 and 30 cm s-1 have been measured along the SC (Burrows and Thorpe, 1999;
Huthnance, 1986). The Iceland basin branch is an extension of the North Atlantic Current
(NAC), which originates from the warm western boundary current that flows up the eastern
American coast as the Gulf Stream before veering west at the Sargasso Sea and crossing the
Atlantic (Veron et al., 1999). Further drifter studies of surface flows confirm that these are the
two primary AW pathways (Orvik and Niiler, 2002). The Scottish SC occupies the upper
500m of the Shetland side of the FSC, whilst a southward flowing, recirculating branch of the
Iceland current occupies the upper 500m of the Faroe side (Hansen and Østerhus, 2000).

1.2.2. Outflow Pathways
Below approximately 500m is cooler, fresher, southward flowing outflow water, formed in
the Nordic Seas, which, due to its depth, is more affected by the presence of the GSR than the
shallower inflow water. Whilst the GSR may act to steer the flow of the inflow water to some
extent, it provides a substantial barrier to the path of outflow water. There is a large gap in the
GSR between Greenland and Iceland with a sill depth of approximately 620m. It is known as
the Denmark Strait (Figure 1.3), and about half of the total outflow water flowing towards the
Atlantic crosses the GSR at this point (Hansen et al., 2001). The majority of the remaining
half of the overflow crosses the GSR via the Faroese (Faroe Shetland and Faroe Bank)
channels (Hansen and Østerhus, 2000). With a maximum sill depth of 840 m, the Faroe Bank
Channel (FBC) is the deepest along the entire GSR.

1.2.3 Volume Fluxes
Volume fluxes (1 Sverdrup = 106m3s-1) have been summarised by Hansen and Østerhus
(2000) based on estimates from collaborative projects (Figure 1.3). Inflow waters are split
primarily between 3.3 Sv over the Iceland-Faroe gap and 3.7 Sv through the Faroe-Shetland
gap. There is another northward surface inflow of warm water across the ridge north of
Iceland, though this amounts to only 1 Sv. In terms of the Arctic volume transport budget,
7

there is a further inflow of 1 Sv into the Arctic Mediterranean via the Bering Strait (Roach et
al., 1995). Deep outflow water is split evenly between the Denmark Strait and the gap
between Iceland and Scotland, with a transport of approximately 3 Sv through each. Of the 3
Sv that flow between Iceland and Scotland, 2.1 Sv flow through the FBC (Hansen et al.,
2001), the deepest passage through the ridge and therefore significant in terms of deep water
transport from the Nordic Seas to the North Atlantic (Mauritzen, 1996). This deep water flux
is of considerable climatological interest (Borenas and Lundberg, 2004), along with that over
the WTR as overflow variability could be a sensitive indicator of wider climate variability
(Sherwin and Turrell, 2005). More recent observations of the FBC overflow volume transport
include 2.3 Sv (Lake et al., 2005) and 2.4 Sv (Mauritzen et al., 2005). The total outflow from
the Arctic Mediterranean includes some cold surface flows, which are too fresh to form deep
water (Aagaard and Carmack, 1989). These consist of the East Greenland Current and flows
from the Canadian Archipelago, amounting to a further 3 Sv of outflow which closes the
Arctic volume transport budget (Hansen and Østerhus, 2000). This budget neglects inflows
from rivers and precipitation but highlights the Faroese channels as an important pathway of
the MOC through which almost 50% of Atlantic inflow and 30% of Nordic outflow are
channelled.
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1.2.4 Bathymetry
Bathymetry in the Faroese channels is complex (Figure 1.4), as the northeast-southwest
oriented Faroe Shetland Channel (FSC), greater than 1500m in depth, is bounded by the Faroe
and Shetland shelves and blocked at its southern end by the Wyville Thompson Ridge (WTR)
with a sill depth of between 500 and 600m. Outflow water is therefore predominantly
deflected north-westwards along the FBC to where it can cross the Iceland-Scotland ridge.
The basin between the bottom of the FSC and the FBC overflow is known as the Wyville
Thomson Basin (WTB). Smith and Sandwell (2004) 1 minute global bathymetric data have
been used to create Figures 1.3 and 1.4. Details of the data set and its limitations are discussed
in Chapter 5.
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Figure 1.4: Smith and Sandwell (2004) bathymetry of the Faroese Channels (expanded from
Figure 1.3) with main features labelled
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1.2.5 Hydrography
A water mass is a body of water that is traceable by its conservative characteristics from its
region of formation; in the absence of mixing, a water mass will maintain its temperature and
salinity properties along its path. In the Faroese Channels, the most significant divide in water
masses is between the warm water originating from the Atlantic Ocean and cold water
originating from the Nordic Seas, but these are split further into more specific water masses,
distinguishable by their temperature and salinity characteristics. Water masses of the region
tend to fall into one of five major categories.

Table 1.1: Water masses exchanged across the GSR (following Turrell et al., 1999).
θ range (°C)

Water Mass
North Atlantic Water

NAW

8.0 < T

Modified North Atlantic Water

MNAW

6.5 < T < 8.0

Arctic Intermediate/North Iceland Water

AI/NIW

2.0 < T < 5.5

Norwegian Sea Arctic Intermediate Water

NSAIW

-0.5 < T < 0.5

Faroe Shetland Channel Bottom Water

FSCBW

T < -0.5

Table 1.1 summarises the working definitions in terms of temperature of the naming
conventions adopted throughout this thesis. They are based on those used by Turrell et al.
(1999) and modified further by Mauritzen et al. (2005). There are many variations on this
generalisation, partly as a result of the variability of the area and exact definitions were not
important due to the time variability of the system. Figure 1.5 shows them in the context of
data from the FSC. Hansen and Østerhus (2000) refer to Modified East Icelandic Water
(MEIW) rather than Arctic Intermediate/North Iceland Water (AI/NIW), and to Norwegian
Sea Deep Water (NSDW) rather than Faroe Shetland Channel Bottom Water (FSCBW) but
the names are essentially interchangeable. The σ0 = 27.65 isopycnal (line of constant potential
density) is generally seen the divide between Atlantic Water and overflow water, equating
approximately to the 6.5oC isotherm. The problems associated with selecting a dividing
isopycnal are discussed further in Chapter 7.
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Figure 1.5: Typical θ-S curves from the FSC with a simple interpretation of water mass
characteristics (Turrell et al., 1999).

Hydrography across the FBC is significantly different to that across the FSC and there are two
possible reasons for this difference (Hansen and Østerhus, 2000). One is that some FSC water
recirculates back round the FSC rather than flowing into the FBC (Becker and Hansen, 1988).
Observations by Dooley and Meincke (1981) showed this happening to around 75% of
AI/NIW. The alternative theory is that the water masses are heavily modified by diapycnal
mixing during transit from one location to the other (Saunders, 1990). Borenas et al. (2001)
assume that some recirculation occurs, but Mauritzen et al. (2005) observe substantial
southward transport through their FSC transect, agreeing with the theory of modification by
mixing. Water masses of the Faroese channels have been observed through hydrographic
measurements, but the exact processes which lead to their modification and presence in
certain areas are not well known. Much of the uncertainty stems from the temporal variability,
of which the short term is significant (Mauritzen et al., 2005).

As a result of a very strong temperature gradient between warm Atlantic surface waters and
cold Arctic originating waters, the WTB is very strongly stratified, particularly at the
pronounced thermocline between 400m and 600m. Figure 1.6, taken from 2003 cruise data
(hereafter PA 2003), illustrates this strong thermocline to the north of the ridge.
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Figure 1.6: A hydrographic transect from PA 2003 looking Northwest along the Wyville
Thomson Ridge. Mean deep flow into the page is marked by a blue arrow tail in the WTB and
mean surface flow across the ridge by a red arrow. The black arrow represents the major
oscillation of tidal currents across the ridge.

1.2.6 Internal Tide
The barotropic tide drives strong O (10 cms-1) tidal currents on and around the ridge between
Iceland and the Faroe Islands (Perkins et al., 1994) which have a distinct semidiurnal
modulation due to the dominance of the lunar semidiurnal (M2) and solar semidiurnal (S2)
tidal constituents (Koltermann, 1978). Three tidal constituents tend to dominate the northwest
European continental shelf, of which M2 is the greatest (Cartwright et al., 1980). S2 with a
period of 12.00 hours and thirdly the larger lunar ecliptic (N2) with a period of 12.66 hours
(Knauss, 1996) are the other significant contributors to the modulation. Gould (1984)
observed barotropic M2 tidal currents of 27.8cms-1 directed towards 57˚T at the southern end
of the Wyville Thomson Ridge, with S2 and N2 measuring 9.9 and 5.4 cms-1 respectively. The
semi major axis is therefore approximately perpendicular to the length of the ridge at this
point. Larsen et al. (2000) found M2 to be the most significant constituent in the region of the
Faroe Plateau. A three dimensional model of the major tidal constituents in the FSC was
constructed by Kwong and Davies (2001), which was used to deduce current speeds due to
the tide. This included diurnal components O1 (principal lunar diurnal) and K1 (lunisolar
diurnal). Tidal current magnitude is typically 30cms-1 (Mauritzen et al., 2005). Vertical
excursions of the deep thermocline were first noted by Knudsen (1911) and exceeded 100m in
magnitude. Clear periodicity was observed in the vertical motion of the pycnocline, with
primarily semidiurnal (M2) but some diurnal influence.
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Internal wave research has a strong base in the Faroese Channels as it was these early
measurements in the FSC (Knudsen, 1911) that first made oceanographers aware of the
existence of such motions. Very little attention was given to the subject of explaining their
existence until the 1970s and more recently, attention has returned to the FSC region (e.g.
Hall et al., 2011; Hosegood et al., 2005). An introduction to internal waves and a review of
relevant observations is given in Chapter 2.

1.2.7 Water Mass Modification
The juxtaposition of Nordic and Atlantic originating water masses in the Faroese Channels,
along with associated vertical mixing processes, promotes the modification of both water
masses by transfer of heat across the interface. Dynamics of physical processes that are local
to this region at all scales are fundamental to our understanding of heat exchange on a global
scale. It is important to determine which processes, specific perhaps to the region, set the
characteristics of water masses, as this in turn affects the role of those water masses at larger
scales, or within the region to which they are advected. For example, mixing processes that
modify the water in the Faroese channels will precondition the characteristics of the water
which flows over the Greenland Scotland Ridge into the Atlantic Ocean. It is possible that this
will predetermine the depth at which it will be stable upon entering the considerably different
hydrographic regime.
Hosegood and van Haren (2004) observed very high vertical diffusivities of O (10-1 m2 s-1) in
the FSC, which they attributed to the turbulence generated by the propagation of solibores up
the slope. Downstream of the FBC sill, the vertical mixing coefficient was found by Saunders
(1990) to be 100 x 10-4 m2 s-1 and by Duncan et al. (2003) to reach 500 x 10-4 m2 s-1. These
estimates have been backed up with more recent direct observations (Fer et al., 2010) and are
in the order of 100 times greater than the canonical value of 1 x 10-4 m2 s-1 required to close
the MOC (Munk, 1966), and more than 1000 times greater than open ocean values. No direct
observations of dissipation rate of turbulent kinetic energy have yet been reported in the
Wyville Thomson Basin.

1.2.8 Hydraulic Control
Water mass modification may also affect the overflow volume by adjusting the height of the
interface between dense water and warmer Atlantic water upstream in the WTB (Whitehead et
al., 1974). Hydraulically controlled overflows are dependent on upstream conditions, which
in the case of the WTB might be altered by vertical mixing processes. Girton et al. (2006)
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found evidence that the FBC overflow from the WTB is hydraulically controlled and the
concepts and likely effects of mixing in the WTB on the overflow are investigated in Chapter
7.

1.2.9 Summary
The Faroe Bank Channel (FBC) is the deepest connection between the Atlantic Ocean and the
Nordic Seas. One third of the North Atlantic Deep Water supply, which is the dominant water
mass in the southward flowing deep branch of the MOC, passes through the FBC (Hansen and
Østerhus, 2000). Water mass modification in this region therefore plays an important role in
the dynamics of the MOC in the Atlantic Ocean. The presence of upper ocean warm Atlantic
water and deep ocean cold Nordic water provides a characteristic strong density gradient and
two layer flow which is bound by the geometry of the channel. Girton et al. (2006) suggest
that the dense water overflow is hydraulically controlled and might be governed by density
changes upstream. The Faroe Shetland Channel (FSC) is a well observed region upstream of
the FBC where intense mixing occurs, resulting primarily from internal wave activity
(Hosegood, 2005).

Between the FSC and the FBC is a relatively poorly observed region known more recently as
the Wyville Thomson Basin (WTB). Water mass modification through vertical mixing in this
region is important in terms of setting the density field that would control the overflow and
precondition the hydrographic characteristics of overflow waters thus setting their place in the
MOC. Water also crosses into the Atlantic via the Wyville Thomson Ridge (e.g. Sherwin et
al., 2008) which marks the southern boundary of the WTB. Mixing within the WTB is
therefore likely also to influence variability in WTR overflow water. Elevated mixing rates
are anticipated as tidally generated internal waves lead to regions of enhanced shear,
instability and turbulent overturning. Quantifying water mass modification through
estimations of vertical heat flux is important in terms of providing a reliable input to larger
scale circulation models.
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1.3 Thesis Aims and Objectives
First and foremost, the aim of this thesis is to add to our understanding of the way in which
the region of complex hydrography and topography surrounding the Wyville Thomson Ridge
influences the wider North Atlantic system. Two major components are required by which to
achieve this aim, one being to define an area of potentially high influence and understand the
processes that occur within it and the other being to understand exactly how these processes
might have a far-reaching effect. Through the first component, this thesis aims to add to our
understanding of irreversible vertical mixing in the ocean interior, specifically via observation
and modelling of the processes that occur in relation to the Wyville Thomson Ridge. Through
the second component, the aim is to put new found knowledge of these processes back into
context and understand their importance on a larger scale.

1.4 Thesis Outline
This thesis presents an investigation into mixing in the Faroese channels through both
observational and theoretical techniques and it is organised into eight chapters. Chapter 1 has
introduced the context of the study and the literature surrounding the field of work and the
study region. Energy, turbulence and ocean mixing theory required to understand ocean
measurements and associated observational techniques are reviewed in Chapter 2. Methods of
observation are presented in Chapter 3, including data acquisition and processing procedure.
Results from the research cruise undertaken to collect thesis-specific data are presented in
Chapter 4. These results are analysed in Chapter 5, along with other theoretical and
observational results that help explain them in the context of internal tide generation. A model
study is presented in Chapter 6, also set up in order to help explain the processes observed on
the research cruise. Chapter 7 is devoted to discussing the role of mixing within the Faroese
channels on a larger scale. Outcomes and questions for the future are discussed in Chapter 8.

15

2 Ocean Mixing: Turbulence and Observational Techniques
A major goal of this thesis is to quantify turbulent diapycnal mixing in the Wyville Thomson
Basin. This chapter builds on the theory introduced in the first chapter and presents a review
of methods used to measure and to estimate levels of turbulent mixing in the stratified ocean
interior. It focuses primarily on turbulent mixing induced by shear instability associated with
internal waves and their interactions. Ocean mixing per se is not a directly observable
phenomenon and therefore to estimate or infer mixing requires the detection and analysis of a
number of related parameters, dependent upon the nature of the process that must be resolved.
The scale of measurement ranges from the microstructure O (5mm) to the largest internal
waves O (100m).

Section 2.1 considers the forces that operate on a stably stratified water column and how
energy feeds turbulent motions and drives diapycnal mixing, whilst Section 2.2 introduces
common approaches to direct observation of their signatures. Some useful diagnostic
calculations and parameterisations linking various observation techniques to dissipation and
mixing are summarised in Section 2.3. Section 2.4 is a review of some cases where such
methods have been applied and presents one case study of oceanic internal wave and mixing
studies based on the Hawaiian Ridge and also outlines some internal wave investigations
undertaken in the Faroese Channels.

2.1 Turbulent Motions: Theoretical Background
Before reviewing observational techniques, it is important to review the theory of exactly how
turbulent motions manifest themselves in the ocean and how they can be observed. This
includes the way in which mean conditions present in the ocean are affected by the dynamic
processes which result in turbulent motion.

2.1.1 Velocity and Shear
For completeness, a brief discussion of the equations of motion is included, which is a
collection of terms describing most of the known volume forces acting upon a unit mass of
the ocean. In simple terms, acceleration of a flow over time (t) is dependent on the pressure
gradient, the Coriolis force, acceleration due to gravity (g) and a friction term (F). Following
the flat-Earth assumption of the Cartesian co-ordinate system, where x, y and z are in the
positive east (u), north (v) and upward (w) directions respectively, the momentum equations
can be written as follows:

16

u
u
u
u
1 p
u
v
w

 2v sin   Fx
t
x
y
z
 x
v
v
v
v
1 p
u v w  
 2u sin   Fy
t
x
y
z
 y
w
w
w
w
1 p
u
v
w

 2u cos   g  Fz
t
x
y
z
 z

(2.1a)
(2.1b)
(2.1c)

Where p is pressure (bar), ρ is density (kgm-3), Ω is the angular rotation rate of the Earth, 2π
radians per sidereal day or 7.292 x 10-5 radians per second and Fx, Fy and F,z are components
of frictional force per unit mass. The momentum equation can be written in terms of a
velocity field (u) with components u ≡ (u, v, w) and rearranged to better distinguish the terms.

1
1
u
..
 u ∙  u  2  u    p   ∙A∙  u .


t

(2.2)

The first term represents inertia, acceleration at a fixed point. Velocity change along a
trajectory, or nonlinear advection, is represented by the second term. The third term represents
Coriolis acceleration and the fourth the combined acceleration due to gravity and centripetal
forces where Φ is the total potential caused by gravity and rotation. Pressure force per unit
mass is given by the fifth term and deceleration by eddies and viscous forces by the sixth. A is
a vector representing eddy motions. Frictional terms in the open ocean are represented by
viscosity, the fluid‟s own resistance to flow. Viscosity of seawater (μ) is essentially the
resistance of fluid to shear or extensional stresses measured in kgm-1s-1. Kinematic viscosity υ
= μ/ is in units of m2s-1. Molecular values of υ for seawater are O (10-6m2s-1).

Flow in the stratified ocean is not uniform; a viscous fluid is subject to shearing stresses as
layers of stratified water move at different speeds and in different directions. Vertical shear
(S) is the change in horizontal velocity with depth (dU/dz) through a vertical profile (Figure
2.1).
(2.3)

Sufficiently large shear will destabilise a stratified flow. The ratio of buoyancy frequency
squared to the mean horizontal velocity shear squared (Richardson number, Ri=N2/S2) is a
useful dimensionless number associated with stratified flows. Small values of Ri imply a
greater tendency for vertical mixing. When Ri is small (typically considered below 1/4),
velocity shear is considered sufficient to overcome the tendency of a stratified fluid to remain
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stratified, so some mixing will generally occur. When Ri >1, turbulent mixing across the
stratification is generally suppressed (Turner, 1973).

U
dz
dU

z
Figure 2.1: A schematic to illustrate shear in a stratified flow. Arrows represent flow
magnitude in the horizontal (U) direction at various depths (z).

The behaviour of stably stratified shear flows can be interpreted in terms of the relative
strength of three forces: buoyancy, inertial and viscous forces. (Itsweire et al., 1993). Laminar
flow generally becomes turbulent when the Reynolds number (Re) exceeds a certain value.
Re=ul/v is a dimensionless parameter defined by the speed (u) and length (l) characterising a
flow and hence representing the relative strengths of inertial and viscous forces. The critical
oceanic Re value, above which flow tends to be turbulent and overturns exist, is 104.

2.1.2 Turbulent Kinetic Energy and Dissipation
Quantities presented so far are well defined, but the nature of turbulence is not. Turbulence is
a feature of fluid flows (Tennekes and Lumley, 1972). It is dissipative by nature, meaning that
it requires a constant supply of kinetic energy to compensate for that lost internally to viscous
shear stresses. Micro-scale turbulent motions initially derive their energy from larger flows
which are somehow destabilised. In a turbulent state, energy is dissipated from turbulent
kinetic energy (TKE) into heat. The momentum equations can be converted into a rate
equation of loss or gain of mechanical energy by taking the dot product with the velocity field
u.

(1/2 ρu2)   ∙ [(1/2 ρu2 + p) u - A∙  (1/2 u2)] = - ρu∙   p ∙ u – ρε
t

(2.4)

A is a generalisation for viscous forces in eddy motions and   represents the total
rotational and gravitational body force on a unit mass. Epsilon (ε) denotes the dissipation rate
of TKE through viscosity to heat. A full derivation of Equation 2.3 is given in Apel (1987),
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but it can be interpreted with the aid of Figure 2.2. Rate of change in kinetic energy per unit
volume within the box is given by the first term. The second term is the divergence of a
mechanical energy flux vector in Wm-2. These terms are balanced by the rate of work done by
or against gravitational forces when fluid crosses equipotential surfaces (- ρu∙  ), the rate of
energy release by fluid expansion or compression ( p  ∙u = (p/α) Dα/Dt), and the rate of loss
of energy within the box due to viscous forces (ρε).

Dissipation
-ρε

Advective flux
(1/2 ρ u2 + p) u

Diffusive flux
-A ∙ (1/2 u2 ) / ρ
Conversion
-ρ u∙   p ∙u

Figure 2.2: Advective and diffusive fluxes of mechanical energy through and dissipation and
conversion within an elemental volume of water (Apel, 1987; Gill, 1982).
Dissipation of TKE by viscous forces is represented by epsilon (ε), which can be calculated
via

, where

, etc.

(2.5)

Units are in m2s-3, equivalent to the most commonly presented W kg-1 (since 1 W = 1 Js-1 = 1
kg m2s-3). Dimensionally, the former units are length squared divided by time cubed, a useful
feature to remember when applying dimensional reasoning. Typical ocean values of ε range
from as low as 10-10 W kg-1 in the abyssal ocean to 10-1 W kg-1 in the most active regions.

True frictional dissipation occurs at very small length scales and is due to molecular forces
where mechanical energy is transformed into heat. The Kolmogorov scale (LK) is the length
scale of eddies at which viscous dissipation becomes significant, characterised by ε for the
turbulent motion and υ for viscous effects (Kolmogorov, 1941). Considering the dimensions
of length (L) and time (T), ε has dimensions L2T-3 and υ has dimensions L2T-1, so by
dimensional arguments alone, the length scale is proportional to (υ3/ε)
coefficient of proportionality is approximately unity, LK = (υ3/ε)
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value of LK is O (1mm), though it is less in highly turbulent regions and increases to O (1cm)
in quiescent parts of the ocean.

Provided that the scale of motion is sufficiently large that viscosity is negligible, a measure of
the largest eddies which may overturn in stratified water is given by the Ozmidov scale (LO=
ε1/2 N-3/2). N represents the stratification against which work must be done in order to mix the
fluid. In terms of energy, LO is the distance a parcel of water would move if it were to convert
all its kinetic energy to potential energy. With a typical oceanic thermocline value of N = 10-2
s-1 and ε of 10-5 Wkg-1, LO would be O (1-10m), whilst in the deep ocean with a reduced
stratification it might reach O (100m).

The ratio of the Ozmidov to the Kolmogorov length scales is sometimes referred to as the
intermittency factor (= ε1/2 N

-3/2

/ (υ3/ε) 1/4 = (ε/vN2)

3/4

), which indicates that the separation

between length scales of the smallest and largest eddies is enough to provide a broad spectral
range of turbulent eddies when it is sufficiently large (Thorpe, 2005). Spatial and temporal
intermittency of turbulence is more generally characterised by a turbulent Reynolds number
or turbulence intensity parameter, I:
I = ε/vN2

(2.6)

I can be interpreted as the ratio between the destabilising effect of turbulent stirring and the
combined effect on stability of viscosity and buoyancy. An alternative interpretation is that I
is the ratio of the buoyancy time scale (1/N) to the time it takes turbulent events to develop
fully (ε/v)1/2. High values of I indicate little effect of buoyancy on turbulence as the turbulence
develops relatively quickly (Ivey et al., 2008). Gargett et al. (1984) use this as an isotropy
index, finding that if I>200, turbulence appears to be isotropic. Further intermittency factor
dependent parameterisations are presented in Chapter 7.

2.1.4 Energy Cascade
When energy is constantly being supplied to large scales, cascaded through to smaller scales
and dissipated in a high Reynolds number three-dimensional flow, a snapshot of the velocity
field at any one time will find that velocity fluctuations are dispersed over all possible eddy
length scales within the system. Grant et al., (1962) verified the existence of a universal shape
for the turbulent velocity spectrum for high Reynolds number, homogeneous, isotropic flow,
hypothesized as a result of Kolmogorov‟s work. Turbulent eddies cover a broad band of
length or wavenumber (k = 2π / eddy diameter), the upper wavenumber limit being the
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Kolmogorov wavenumber (2π / lK = O (1000)). The lower wavenumber limit represents the
largest energy containing eddies. With length scales O (100m), this corresponds to
wavenumbers O (10-2m). Between these wavenumbers is the region known as the inertial
subrange. Within it, the „energy spectrum‟ (kinetic energy per unit mass per unit
wavenumber) follows Kolmogorov‟s minus five-thirds law;
E (k) = α1 ε 2/3 k -5/3

(2.7)

where α1 is a constant approximately equal to 1.5. A logarithmic plot of the power spectrum
from pioneering temperature observations (Grant et al., 1962) indicates a distinct region
where the slope is equal to -5/3 (Figure 2.3a). The oceanic dissipation spectrum is calculated
from the kinetic energy spectrum via
D (k) = vk2 E(k) dk

(2.8)

Both spectra are presented in the schematic representation in Figure 2.3b, based on isotropic,
homogeneous turbulence at equilibrium between the forcing at wavenumber kF and the
dissipation at wavenumber kK.
Understanding the distribution of energy across a range of scales means that observations
made in the inertial and dissipation ranges (see 2.2.3) could be used to yield estimates of ε.
Extending the vertical wavenumber range further, energy spectra can be used to describe the
oceanic internal wave field and lead to further dissipation parameterisations.
a)

b)

Figure 2.3: a) From Grant et al., (1962); A logarithmic plot of the one-dimensional spectrum
of turbulence measured using a towed hot-film temperature probe (see section 2.2). The
straight line has a slope of -5/3. b) Theoretical wavenumber spectra of kinetic energy and
kinetic energy dissipation (from Smyth and Moum, 2001)
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2.1.4 Oceanic Internal Wave Spectrum
The oceanic internal wave field plays a major role in the energy cascade process. Generation
of baroclinic waves conserves the energy contained in large scale oceanic motions and
subsequent interactions between the waves drive the cascade of energy down through
decreasing length scales to dissipation. In simplest terms, an internal wave can be considered
as a wave which propagates along a density interface in the ocean in the same way that
surface waves propagate along the air-sea interface. Continuous stratification, however,
allows internal wave energy to propagate with a vertical as well as a horizontal component.
Such waves are associated with frequencies between the local Coriolis frequency (f =2sinφ
cycles per day where φ = latitude) and the buoyancy frequency N. Propagation characteristics
of internal waves are defined in Chapter 5. Figure 2.5 illustrates the relationship between the
inertial subrange discussed above and the energy-containing scales within the ocean.

Figure 2.4: The oceanic energy spectrum over an extended wavenumber range with
approximate length scales of motion labelled (Smyth and Moum, 2001).

Energy tends to be input to the internal wave field and is therefore greatest at either tidal or
near-inertial frequencies, though the wave field contains waves of many frequencies within
these limits. Internal waves of tidal frequency (internal tides) are generated by the movement
of stratified water back and forth over topography by the barotropic tide, whilst near-inertial
waves usually result from wind-forcing. Clearly, energy input by these generation
mechanisms is highly spatially and temporally variable across the globe, yet their interactions
lead to the production of an entire spectrum of internal waves of various frequencies and
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wavenumbers. Wherever waves are observed in the open ocean, the form of this spectrum
tends to be remarkably similar.

Our understanding of the internal wave field is primarily empirical, with various fits to
frequency and wavenumber spectra. Garrett and Munk (1972) demonstrated from available
data that wavenumbers and frequencies present in the oceanic internal wave field could be
synthesised into an energy spectrum (GM spectrum) and proposed an analytical form
applicable to many observations. The empirical fit has stood the test of time (Levine, 2002;
Munk, 1981) and its description has, furthermore, been shown to be an exact steady solution
to a kinetic equation for the evolution of the internal wave field (Lvov et al., 2004). Large
departures from the spectral form are thought to occur only in places where the water is in the
proximity of influential features and where currents are particularly strong, under ice and at
the equator, for example (Staquet and Sommeria, 2002). Eriksen (1998) observed such
deviations near a seamount but found the spectrum to return to the near-universal form only a
few hundred metres from the feature.

2.1.5 Internal Wave Modes
In a continuously stratified ocean, internal waves can be identified in terms of vertical modes
which are trapped between two levels such as the seabed and the surface. They are calculated
according to the vertical wavenumber, which varies with depth (z) according to the buoyancy
profile. Different wave modes are described by eigenvalues and eigensolutions settled from
the Philipps equation:
(2.9)

where W is the streamfunction for a specific wavenumber k. Figure 2.5 shows the first four
eigensolutions for the horizontal velocity perturbation at M2 frequency at an Atlantic
stratification profile. Most internal tide energy resides in the first three modes.

Propagating internal waves interact with each other and are affected by refraction and
scattering from topography. Interactions allow energy transfer between waves of different
frequencies and wavelengths, resulting in a diverse field of internal oscillations at any point in
the stratified ocean. Low vertical mode (long wavelength) waves can propagate thousands of
kilometres in the deep sea from generation sites allowing 70-90% of energy input to the
internal tide at these locations to escape. Higher modes dissipate nearby resulting in mixing
hotspots (St. Laurent and Nash, 2004). Some energy from low mode internal waves
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propagating through the ocean is transferred to waves with smaller vertical scales. This results
in greater vertical shear and therefore a greater chance of descent to turbulence and mixing.
Scale separation where low mode (energy containing) waves interact with high mode (shear
containing) waves provides the dominant process of down-scale energy transfer.

Figure 2.5: Horizontal velocity variation with depth, z, of the first four internal wave modes
at a site in the western Atlantic (Magaad and McKee, 1973).

Turbulent dissipation is directly produced primarily by the breaking of high mode waves,
though lower modes can become unstable and break directly. There is no standard definition
of what the breaking process actually is, though it occurs through either shear or convective
instability (Staquet and Sommeria, 2002). It involves the transfer of energy from internal
waves to smaller scales where it may generate turbulent motions. Down-scale energy transfer
can be accomplished by a variety of means. Decay time of energy from large scale to
turbulent scale has been estimated at approximately 100 days, partly explaining the
remarkable wave persistence in the presence of variable sources. The internal wave field is
relatively easy to observe at scales larger than those at which dissipation occurs, given that
lower wavenumbers can be resolved from coarser sampling intervals. Techniques developed
to make such observations are introduced in the following section (2.2).
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2.2 Overview of Observational Techniques
This section introduces some of the instruments that are used in order to observe the state and
dynamics of both oceanic and freshwater environments. Discussion of observational
techniques is restricted to those used in this study to measure the vertical change in properties
throughout the water column. Details of these techniques are presented in Chapter 3.

2.2.1 Temperature, Conductivity and Pressure
Direct measurements of temperature (T), conductivity and pressure (dbar) are routinely made
throughout the full ocean depth using CTD profiling packages. Fundamental calculations
include that of salinity (S) and density (), in kgm-3 (Gill, 1982). Microstructure profilers
acquire the same parameters, but are used far less routinely as they are designed especially for
making observations at smaller scales. Profiles can be conducted as vertical casts or taken
from a towed instrument but in either case return only snapshots in both space and time of
these fundamental parameters. Resolution of the physical processes that occur within the
dynamic ocean, however, requires knowledge of how these parameters vary with time. Over
short time periods, time series information can be obtained from repeat profiles from a
stationary platform, but for any longer time periods or for higher temporal resolution,
instruments can be placed on moorings where they are capable of recording information
internally for up to years at a time. Either combined CTD sensors or stand-alone temperature
or salinity sensors can be placed at any required depth on a mooring.

2.2.2 Velocity and Shear
Acoustic Doppler Current Profile (ADCP) systems are commonly used to detect velocity
profiles in the ocean. Long range (e.g. 75 kHz) ADCPs tend to be mounted on the hulls of
research ships and on deep sea moorings and can penetrate hundreds of metres through the
water column. Higher frequency (e.g. 300 kHz) instruments have a greater spatial resolution
but a shorter range than lower frequency instruments. Lowering an ADCP through the water
column is one way of overcoming the limitation of only being able to obtain high resolution
data at a short depth range. A Lowered ADCP (LADCP) system consists of one or two
ADCPs mounted on a CTD frame. A full depth high resolution ocean velocity profile can be
obtained alongside hydrographic measurements by combining successive overlapping
sections of instantaneous current velocity profiles within the range of the ADCP. Attaching
both an upward and a downward looking ADCP to the frame doubles the instantaneous range
throughout the water column. Firing and Gordon (1990) took the first LADCP cast near
Hawaii in 1989. At the time the expected errors of the system were approximately 10 cms-1,
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but casts conducted in conjunction with independent velocity profiles a year later (Fischer and
Visbeck, 1993) showed that LADCPs were able to reproduce much of the velocity field with
an overall accuracy of 2-5 cms-1. LADCPs are now used extensively to provide full water
depth velocity profiles up to 6000m. Both Firing and Visbeck have continued to develop more
accurate data processing schemes which most recently include a method of calibrating
velocities whilst the transducer is in range of the sea bed (Visbeck, 2002).

2.2.3 Dissipation Rate of Turbulent Kinetic Energy
Direct microstructure measurements of vertical shear, conductivity and temperature have
become increasingly more readily available in recent years following three decades of
development based on probes designed to measure shear in wind. Osborne (1974) was among
the first to develop instruments that could directly measure small scale fluctuations in these
parameters in the ocean, along with Gregg et al. (1982) and Dewey et al. (1987) in the USA
and Oakey (1982) in Canada. Standard CTD parameters providing information about the
stratification of the water column and microstructure observations from the same free falling
(or rising) instrument are used to obtain reliable vertical diffusivity estimates. Similar
developments were made in Russia (Monin and Ozmidov, 1985; Arvan et al., 1985),
Germany (Prandke et al., 1985) and Australia (Carter and Imberger, 1986). Prandke and Stips
(1996) developed the MSS profiler, one of several commercial profilers that are now
available. Other commercial profilers include TURBOMAP (Wolk et al., 2002) and PME
(Stevens et al., 1999). Non-commercial developments include FLY (Simpson et al., 1996),
EPSONDE (Oakey, 1988), AMP and CHAMELEON (Moum et al., 1995) and BAKLAN and GRIF
(Paka et al., 1999).

Microstructure shear probes detect very small scale O (1mm-1cm) variations in horizontal
shear through very fast (>100 Hz) sampling rates. Providing they pass through the density
field fast enough, turbulent structures appear „frozen‟ (See Chapter 3) and spatially varying
quantities can be inferred. Direct measurement of ε is obtained from integration of the
resultant shear spectrum (Equation 2.4), precise details of which are discussed in Chapter 3.
Direct epsilon measurements range from O (10-1 Wkg-1) in the most active regions to O (10-10
Wkg-1) in the most quiescent abyssal regions. Open ocean values tend to be much lower than
shelf sea values, except for near to rough topography and seamounts (Ledwell et al., 2000;
Polzin et al., 1997; Toole et al., 1997). A major reason for such variation is the wide range of
topography and tidal currents present and associated internal tide generation.
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2.2.4 Vertical Diffusivity
Few techniques in the open ocean permit the direct observation of vertical mixing, but its
effects can clearly be observed. Mixing manifests itself in an irreversible change of properties
such as heat and salt, each affecting the density to some degree. Fluctuations in each property
can be used to quantify the effects of mixing in a technique known as „eddy correlation‟,
essentially quantifying a change in a property in terms of a vertical flux (e.g. McPhee, 1992).

Target density surfaces can be tracked by releasing a dye or tracer such as sulphur
hexafluoride (SF6), Rhodamine and Fluorescence into the water being observed. SF6 was first
used to make accurate measurements of vertical diffusivity in the thermocline in the North
Atlantic Tracer Release Experiment (Ledwell et al., 1993). Its vertical and horizontal spread
was measured and integrated over a time period of more than two years, providing vertical
diffusion measurements that were in good agreement with microstructure estimates calculated
from turbulent kinetic energy dissipation rate. Eddy correlation and tracer techniques are not
employed in this study, which focuses observationally upon the direct measurement of ε.
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2.3 Analysis Techniques
Parameters presented in this section are those which are routinely calculated from
hydrographic data in order to understand the physical properties of a water column. This
section defines the calculation of parameters that are presented in the main results chapter
(Chapter 4) and is not intended to be a summary of all calculations that could be made.

2.3.1 Turner Angle
In terms of water column stability, a measure of stratification (N2) has already been defined in
the first chapter. Positive values of N2 indicate a stable water column but in some cases it is
useful to know the relative contribution of heat and salt to the degree of water column
stability as it affects the nature of vertical mixing likely to be encountered. This can be
defined by the stability ratio (Turner, 1973).

d
R  dz
dS

dz



(2.10)

where α is the thermal expansion and β the haline contraction coefficient of seawater. A
related parameter, the Turner Angle (Tu, Ruddick, 1983), is the four quadrant arctangent
(Figure 2.6) of
N 2T  N 2 S
N 2T  N 2 S

where N 2 T   g

(2.11)

d
dS
and N 2 S   g
.
dz
dz

Tu provides an unambiguous classification of the water column stability, unlike Rρ where a
single value could apply to more than one situation. Points A and B in Figure 2.6 both have
the same value of Rρ, yet A is gravitationally stable with an unstable temperature gradient and
B is gravitationally unstable. In the diffusive regime, the water column is stabilised by the
salinity gradient, but diffusion of heat will occur as the temperature gradient is unstable. The
situation is reversed in the case of salt fingers, where salt in overlying warm water sinks down
into the cooler but fresher water. Both processes lead to water mass modification in low –
energy environments where there is little else to drive mixing.
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Figure 2.6: A sketch of the N2T vs. N2S plane shows the stability of the water column as
defined by the Turner angle. Values of Rρ are marked in pink and the corresponding Turner
angles are marked in blue. A and B mark points that are in different Tu regimes despite
having the same stability ratio (Adapted from Ruddick, 1983).

2.3.2 Thorpe Scale
Thorpe (1977) presented an overturning length scale from which ε can be estimated using
only a CTD profile. A turbulent overturn can be considered a limited patch within a fluid
where stable stratification has been overcome by the destabilising effect of velocity shear.
Instability in the water column is characterised by inversions in the density or temperature
profile. In a stable environment, density should increase with depth, requiring temperature to
increase and/or salinity to decrease providing an unstable gradient in one is compensated for
by a stronger stable gradient in the other. Thorpe displacements can be obtained by reordering
a density profile so that it increases monotonically with depth and recording the distance that
each density observation must be moved in order to create the stable profile. When the density
gradient is dominated by temperature, reordering density profiles to decrease with depth has
the same effect. Parcels of water may have to be moved up or down, giving positive or
negative values of Thorpe displacement. Once a patch has been identified in the profile, the
Thorpe scale (LT) can found by calculating the root mean square (RMS) displacement value of
that patch. Many methods exist by which to identify patches amongst noise, the most popular
being that of Galbraith and Kelley (1996) which compares probability density functions
(PDFs) of each. In this study, overturn patches were selected manually from displacement
profiles for individual comparison of epsilon estimates, ensuring that the mean displacement
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over the patch was zero. Independent reordering of both temperature and density profiles
yields a comparison between results of the two approaches. Using this technique, Ferron et al.
(1998) found fluctuations in density to be driven primarily by temperature. Using both
methods and taking the lowest displacements can be used to provide a lower bound estimate
of LT. Large Thorpe scales infer enhanced mixing and can be used to provide estimates of ε.
Dillon (1982) found a correlation between LO and LT occurring over a large range in both N
and ε. He found that a value of 0.8 was shown to hold in a variety of mixing environments as
the ratio between Ozmidov and Thorpe length scales. Substituting LO with 0.8LT, ε = 0.64 LT2
N3. Dissipation rate can therefore be estimated within a single overturning event. Finnigan et
al. (2002) highlighted enhanced mixing near the Hawaiian ridge using this method and
assuming Dillon‟s ratio of 0.8. Measured values of the ratio LO / LT vary between 0.65 and
1.06 (e.g. Ferron et al., 1998; Itsweire, 1984; Stansfield et al., 2001). Using microstructure
data, an opportunity arose to validate the relationship between LO and LT, as ε can be both
measured from the shear spectrum and estimated from Thorpe scale simultaneously. Ferron et
al. (1998) present estimates of Thorpe scale obtained from CTD data, but also present a value
of 0.95 for the LO / LT ratio using microstructure data. Similarly, Stansfield et al. (2001)
present a value of 1.06 for the same ratio.

2.3.3 Richardson Number
Whilst Thorpe overturns represent potential energy available for production of turbulent
motions, an unstable Richardson number (Ri, see 2.1.3) represents available kinetic energy.
Much work has been done in an attempt to quantify the relationship between ocean mixing
and Richardson number (Mack and Schoeberlein, 2004) and ocean measurements capable of
simultaneous estimations of each are valuable. Shear related instabilities are thought to occur
where Ri is less than 0.25. Scale is an important factor in terms of Richardson number
measurements. Toole and Schmitt (1987), for example, found a coincidence between 3m Ri
and independently observed dissipation, but not 10m Ri. Calculations of Ri tend to be based
on fine scale flow measurements (1-10m) as it is these scales that are generally prone to
instabilities from which micro scale motions derive their energy. The contribution of N2 to the
relevance of Ri to mixing is shown to be less at ~10m scales than it is at the smaller scales
more directly relevant to mixing processes (Pinkel and Anderson, 1997a). Pinkel and
Anderson (1997b) argue that space-time variability of Ri cannot be understood without
knowledge of the behaviour of fine scale strain alongside the shear that is used to define it.
Such an approach helps to distinguish between processes preceding and following mixing
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events. In their pioneering study, Garrett and Munk (1972) conclude that shear instabilities are
a better indicator of mixing than direct overturning.

2.3.4 Spectral Techniques
Gregg (1989) presented a procedure by which the observed shear is compared to the Garret
and Munk (1975) internal wave wavenumber/frequency spectrum (GM spectrum) modified
by Cairns and Williams (1976). Energy can be determined from measured frequency and
wavenumber scales. Martin and Rudnick (2007), produce estimates of ε using this
parameterization and find close agreement with microstructure observations. Agreement to
within a factor of 2 is also found between microstructure shear profiles and the Gregg (1989)
parameterization of ε (Lee et al., 2006).

Another approach to down-scale energy transfer uses ray tracing to focus on scale-separated
interaction between large and small-scale waves Henyey et al. (1986) developed a method
whereby ε is estimated by characterising the internal wave field and assuming that the energy
lost is a standard function of its strength. The method predicts the way in which wavenumbers
of high-mode waves make their way to smaller scales. The method is based on the GM
spectrum, yet the derivation of turbulent kinetic energy dissipation rate is based on a different
model that does not include a depth dependence on the buoyancy frequency. This scaling
technique uses observations in the scale of 10s of m to infer dissipation.

Polzin et al. (1995) analysed fine and microstructure data from a free-fall profiler in order to
test models that relate ε to internal wave field characteristics. Data that departed from the GM
spectrum were also tested, and it was found that dissipation and mixing increases when wave
shear spectral levels are increased. Polzin et al. (2002) concentrated on accurate
parameterisations for fine scale turbulent quantities from LADCP profiles following an initial
feasibility study (Polzin and Firing, 1997) and were able to infer eddy diffusivities to within a
factor of 2-4 of independent measures. Naveira Garabato et al. (2004b) refined this technique,
based on the assumption that TKE is produced at the same rate that it is transported to smaller
scales though wave-wave interactions. It was used to map the distribution of turbulent
diapycnal mixing from density and velocity fine structure in the Nordic seas (Naveira
Garabato et al., 2004a).

2.3.5 Ri - Related Parameterisations of ε
Microstructure measurements provide a direct estimate of ε, but in order to explain the
observed values, it is necessary to have some knowledge of the velocity structure. Shear
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observations provided by the microstructure profiler do not contain any directional
information as on the scale that they detect shear over, isotropic turbulence is assumed.
Parameterisation of the microstructure derived dissipation values by their relationship to
larger scales is a very valuable part of the observational procedure. Particular effort has gone
into analysing relationships between N2, S2 and ε, with the hope that a parameterisation of the
form   N 2  S 2  might exist. Figure 2.7 is an example of measured and derived epsilon
n

m

values plotted against 4m averages of N2 and S2 (MacKinnon and Gregg, 2003). Ri = 0.25 is
marked for reference. Their scaling method (MacKinnon-Gregg) corresponds well with
observed values, whilst that based on the ratio of measured shear to the GM shear (GreggHenyey) does not. Thermocline dissipation rates presented in Figure 2.8 (Palmer et al., 2008)
display a similar relationship with shear and stratification parameters.

Figure 2.7: Observed dissipation data (a), epsilon derived from Gregg-Henyey (b) and
epsilon MacKinnon-Gregg (c) parameterisations plotted against 4m averages of squared
buoyancy frequency and shear variance (MacKinnon and Gregg, 2003).

Figure 2.8: Observed shelf sea dissipation data plotted against 1m averages of N2 and S2
(Palmer et al., 2008).
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2.4 Case Studies: Observations of Internal Waves and Mixing
Internal wave observations are best made with a time series of measurements in the same
location over time, achievable through moorings or through a series of repeated profiles.
Numerous examples exist of the use and development of such methods, but one case
particularly pertinent to that of the WTR is the Hawaiian Ridge. Intensive measurements have
been made at this location, which are presented as a case study before returning to
observations specific to the Faroese channels.

2.4.1 Hawaiian Ridge
The Hawaiian Ridge provides a natural example of a dominant M2 barotropic tide propagating
perpendicular to a topographic ridge (Egbert and Ray, 2001). Modelling studies (Carter et al.,
2008; Merrifield and Holloway, 2002) highlight it as a region that is very important globally
in terms of conversion from barotropic to baroclinic energy and are discussed further in
Chapter 5. Hawaii Ocean Time Series (HOTS) CTD and ADCP measurements are used by
Finnigan et al. (2002) to assess mixing from density inversions and vertical strain techniques.
Rudnick et al. (2003) describe an integrated multi-investigator approach towards
understanding the conversion of barotropic to baroclinic tides at this location in the Hawaii
Ocean Mixing Experiment (HOME). The many methods used to understand the transition
from barotropic to baroclinic wave motions to turbulence and mixing are reviewed in this
section as an introduction to the observations that would apply to and be useful in the case of
the WTR.

Klymak et al. (2006) employed four different instruments in order to estimate barotropic
energy lost to turbulent dissipation at the Hawaiian Ridge. These included two microstructure
profilers (AMP and Chameleon), one horizontally towed instrument capable of both CTD and
epsilon measurements and one free-falling profiler. The free-falling absolute velocity profiler
(AVP) was equipped with electromagnetic water column velocity sensors as well as CTD and
microstructure shear probes, allowing for calculation of internal wave energy and energy
fluxes. They concluded that 3 +/- 1.5 GW of tidal energy were lost within 60km of the ridge.
Energy dissipated in the immediate vicinity of the ridge has recently been highlighted as an
important pathway for loss of energy (Klymak et al., 2008). Direct breaking was estimated
from density overturns from CTDs profiling for 25 days between 10 and 800m water depth,
whilst ADCP data for the same space and time period were available to compute the
associated shear. Two distinct mechanisms of turbulent dissipation are revealed by these
observations, one close to the topography and one in the upper water column. Close to the
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topography, the magnitude of turbulence from the convective breaking of the internal tide is
directly associated with the magnitude of the barotropic forcing. In the upper water column,
turbulent dissipation has no apparent spring neap cycle and is predicted by shear and strain
observations, indicative of a broadband internal wave field. Analysis of the density field
through overturning length scales is used together with velocity information to analyse the
mixing processes on the same ridge (Levine and Boyd, 2006). They were able to show that
mixing events were preceded by a straining of the density field, reducing the buoyancy
frequency and leading to overturns.

Aucan et al. (2006) identify two types of deep ocean mixing event related to different phases
of the semidiurnal tide. Using 3 months of moored temperature and current data, they use
Thorpe overturns to infer vigorous mixing associated with the internal tide and its relationship
with shear and strain. Downslope flow mixing is associated with maximum downslope flows,
increasing temperature and low stratification. Low stratification is equivalent to maximum
strain and is also associated with high shear, leading to inverse Ri values highly correlated
with the inferred dissipation. Flow reversal mixing occurs as temperature is at a maximum as
the flow reverses and heads upslope. Such events are not found to coincide with elevated
shear or inverse Ri, indicating a very different route to similarly high levels of dissipation.

Martin and Rudnick (2007) approach the problem of quantifying and explaining dissipation
and mixing using a Sea Soar towed CTD system in conjunction with ADCP data. They use
the shear scaling technique of Gregg (1989) to infer dissipation rate of turbulent kinetic
energy and associate these with observations of large O (10m) density inversions. They find
enhanced internal wave shear associated with the occurrence of large mixing events, and that
most large mixing events are close to and in specific places along the ridge. Analysis of full
depth (3000m) AVP and CTD profiles allowed Lee et al. (2006) to compare the turbulent
kinetic energy dissipation rate directly measured by the microstructure probe with that
inferred from fine scale observations using the same internal wave based parameterisation
(Gregg, 1989). Agreement within a factor of two was found between the two methods.
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2.4.2 Faroese Channels
Studies involving the internal tide in the Faroese channels have focused primarily on the
northern section of the channel, the FSC itself, orientated towards the northeast/southwest. A
deep internal tide was observed and analysed in the FSC (Sherwin, 1991) and found to be
consistent with generation at the M2 frequency from the WTR. Later observations in the FSC
using a microstructure shear profiler revealed patchy elevated mixing levels in the permanent
thermocline resulting from breaking of high wavenumber internal waves (Hosegood et al.,
2005). Mean values of Kz >10-4.5 were found across the whole of the sampled pycnocline.

The section between the FSC and the FBC, sometimes considered part of the FSC in the
literature, is now referred to as the Wyville Thomson Basin. Relatively little attention has
been given to this region, but a comprehensive observational study was conducted in June
2000 (Mauritzen et al., 2005) that highlighted the modification of water masses associated
with their transit through the channel system. Internal wave observations made on the west
Shetland slope of the FSC (Hall et al., 2011) using moored thermistors, ADCPs and profiling
LADCP/CTD systems revealed a semidiurnal internal tide and nonlinear wave trains at the
sea bed. Associated modelling work suggests a very strong barotropic to baroclinic energy
flux (10 kW) from the northern slope of the WTR.

Quantifying turbulence in any environment is a challenge, primarily because of the
intermittency of phenomena that cause it. No single event is repeatable, so every single
independent measurement must be from a different position in space or time. This chapter has
introduced some of the many methods that have been used in an attempt to understand the
internal wave field, the parameters that describe it and their association with observed rates of
turbulent kinetic energy dissipation. From an observational perspective, the fact that the
oceanic internal wave field is essentially universal means that measurements at one end of a
given spectrum can be used to infer properties at the other. Scaling approaches allow the
estimation of small scale processes from the observation of large scale properties. A number
of options exist for the estimation of ε from CTD and LADCP data, which are far more
readily obtainable than microstructure data.
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3 Methodology: Application of Techniques to the Wyville
Thomson Basin
3.1 Introduction
To summarise what has been introduced so far, the WTB has a strong temperature driven
stratification, with a particularly strong gradient at the horizontal boundary between inflow
and outflow water. Oscillations of a predominantly semidiurnal frequency have been observed
in this thermocline indicating an influence of internal tide activity on processes within it.
Thermocline depth oscillates around approximately 500 +/- 100m on the southern boundary
of the basin (northern slope of WTR) where the temperature gradient is at its tightest.
Methods presented in this chapter refer specifically to those used to collect and process data
from part of a research cruise dedicated to capturing such oscillations and associated mixing.
Instruments used on the cruise included a CTD, a microstructure profiler (MSS), Minilog
temperature loggers, a vessel mounted ADCP (VMADCP) and a Lowered ADCP (LADCP)
attached to the CTD package. Each of the five instrument packages and its associated
deployment and processing details is presented in individual sections of this chapter following
the overview of the sampling strategy.

3.2 Sampling Strategy
Data were collected from the WTB in September 2007 during RRS Discovery cruise D321b.
In order to capture semidiurnal oscillations, 25-hour time series experiments were required.
Two sites along the 800m contour on the northern slope of the WTR were selected for both 25
hour microstructure and moored Minilog measurements. One site was located at each end of
the ridge (Fig. 3.1) in order to observe spatial variability in the dynamics along the ridge.
Such a depth made maximum use of the depth capability of the profiler and cable length,
sampling through the strongest part of the thermocline and capturing almost the full depth of
the water column near the WTR. Short term Minilog moorings were placed at the same sites
for the duration of MSS profiling so as to obtain a higher temporal resolution of vertical
temperature structure than repeat MSS profiles can capture. CTD/LADCP casts were made
before each mooring deployment, providing information used to select the optimum depth of
thermistors across the thermocline. It was not possible to deploy both the CTD package and
the MSS profiler at the same time. At M800E, an XBT had to be used instead of a CTD as
conditions were too poor to deploy the CTD. Vessel-mounted ADCP data were acquired
constantly throughout the survey period. Alternate stations of 4 hour MSS profiles and single
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CTD casts were conducted along the central axis of the basin to build a clearer picture of the
regional hydrography and provide information on the spatial distribution of mixing over the
basin. Finally, a transect across the ridge (PA transect) following a previous section (PA2003)
was repeated with CTD/LADCP stations, to extend the hydrographic measurement coverage
and at the same time provide a second snapshot of information to compare to the 2003 data.
Combined CTD/LADCP profiles were also used to provide independent estimations of
turbulent kinetic energy dissipation rate. Observations are summarised in Figure 3.1 and
Table 3.1. Aside from the dedicated data from D321b, moored ADCP data from 2001 and
2003 are available for tidal analysis and are therefore also marked on Figure 3.1.

M800W

54
M800E 56

55

59
60
61

“PA” Transect

Figure 3.1: Station locations plotted over Smith and Sandwell (2004) bathymetry. Filled light
blue circles represent CTD casts, darker blue crosses represent microstructure profile sites,
and red circles represent 25 hour mooring sites from September 2007. The single XBT cast is
marked in green. Yellow triangles represent historic ADCP mooring sites from 2001 and
2003. Names of the main stations are labelled in white and bathymetric depths and
topographic features in black. Main contour depths are also shown.
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Table 3.1: A summary of location in decimal degrees and type of all observations used in this
study.
Name

Type

Latitude (˚N)

Longitude (˚W)

Year

# Casts /
Duration

M800W
M800W
M800W
WT1
WT3
WT5
PA10
PA10D
PA9
PA9D
PA8
PA8D
PA7
PA6
PA6D
PA5
PA5D
PA4
PA4D
PA3
PA2
PA2D
PA1
M800E
M800W
M800E
WT2
WT4
WT6
M800W

CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
CTD
XBT
MSS
MSS
MSS
MSS
MSS
Mooring

60.5492
60.6035
60.5960
60.5700
60.3863
60.2627
60.1680
60.1672
60.1160
60.1172
60.0668
60.0685
60.0279
60.0183
60.0205
59.9685
59.9678
59.9181
59.9180
59.8684
59.8202
59.8202
59.7076
60.0292
60.5778
60.0250
60.4663
60.3220
60.2187
60.5492

8.1902
8.2888
8.2913
7.4983
7.2452
6.8432
6.1668
6.1645
6.2788
6.2785
6.3965
6.3853
6.4865
6.5087
6.5040
6.6186
6.6162
6.7241
6.7253
6.8335
6.9506
6.9478
7.1528
6.3790
8.2540
6.3875
7.4000
7.0548
6.6295
8.1902

2007
2007
2007
2007
2007
2007
2003
2007
2003
2007
2003
2007
2003
2003
2007
2003
2007
2003
2007
2003
2003
2007
2003
2007
2007
2007
2007
2007
2007
2007

1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
1
45
37
6
6
6
25 hours

M800E
WTR1
WTR2
WTR_Notch

Mooring
Mooring
Mooring
Mooring

60.0310
59.8974
60.2264
60.2490

6.4552
6.3291
5.5952
6.7740

2007
2001
2001
2003

25 hours
8 days
3 weeks
9 months
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3.3 CTD
3.3.1 Instrument Detail
CTD observations were made using the Seabird 911plus system, consisting of an SBE 9plus
underwater unit controlled by an SBE 11plus deck unit. Sensors for pressure, conductivity
and temperature, with a sampling frequency of 24 Hz were located at the base of the bottle
rosette (Figure 3.2) on the inside of the frame. Data from the sensors were returned live to an
on board PC display and recorded.

Figure 3.2: The CTD frame and rosette used on D321b

3.3.2 Deployment
The package was lowered and raised by winch from the starboard gantry of RRS Discovery.
A full profile of the water column was measured at each station, to within a few metres of the
sea floor. Descent speed was around 20m per minute and ascent speed reached a maximum of
around 60m per minute. Stops were made during the ascent to take water samples from a
range of depths in order to calibrate the salinity readings. Sample depths were chosen
according the live profile returned to the PC from the downcast. Data were returned and
recorded for both the downward and the upward casts, but only downcast data were used for
hydrographic analysis as sensors were mounted at the base of the frame and therefore subject
to the least disturbance as the package descended. Stops for water samples occurred during
the ascent so as to make the downcast data acquisition as smooth as possible.
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3.3.3 Processing
Raw data must undergo a series of processing steps in order to remove effects of both sensor
response time and ship movements. Casts from D321b were processed using the usual SAMS
protocol (Dumont and Sherwin, 2008) which is illustrated in Figure 3.3. Raw data were
returned in binary format at a sample rate of 24 Hz and converted to ASCII units using
SeaBird software, SEASOFT. This produced a readable file with the extension of „.cnv‟.
Standard SEASOFT routines were used to process the data in a series of stages; they were
filtered to reduce noise and then aligned so as to correct for the time response and the physical
location differences between the sensors. Unwanted vertical movements of the ship were then
removed using the loop edit routine to produce a smooth profile of data. Data resolution was
then selected using the bin averaging. For complete analysis of the water column structure,
high resolution data were used at the full 24 Hz sampling rate, otherwise, data with a bin
average of 2m were used. Finally, the „ascii out‟ function converted the data in the file into a
suitable format for further analysis. A record of all SEASOFT processing stages was
incorporated in the header at the top of the .cnv file. Conductivity data were processed using
SEASOFT to produce values for salinity, and these values were then calibrated.

3.3.4 Calibration and Accuracy
Water samples were tested for salinity using a Guildline AutoSal 8400B salinometer.
International Association for the Physical Sciences of the Ocean (IAPSO) standard seawater
samples were used to calibrate the machine, then the CTD bottle samples were run through
the salinometer. Once the difference between CTD readings and salinometer readings had
been calculated, a linear correction was applied to the CTD data. Approximate accuracy of the
results calculated using this method was 0.002 salinity units. Temperature accuracy of the Sea
Bird probe was rated at 0.001°C.

3.3.5 Calculations
Density is calculated from temperature, salinity and pressure via an equation of state of the
form ρ = ρ (s, T, p). The equation used is an empirical, internationally agreed solution, found
to fit with available density measurements over a range of temperature and salinity values
encountered in the ocean (UNESCO, 1983). Four main parts make up the full equation; the
specific volume, density at surface pressure, the secant (mean) bulk modulus and polynomials
containing coefficients for temperature. The full equation is not presented here but is
discussed in the literature (Fofonoff, 1985). Hydrographic parameters were calculated in
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Matlab using the routines found in the „seawater‟ toolbox available online, constructed to
solve the equation of state with inputs of temperature, salinity and pressure.

POST-CRUISE

Raw data
CTDXXX.dat

DatCnv
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WildEdit
AlignCTD
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Figure 3.3: SAMS procedure for CTD processing (Dumont and Sherwin, 2008).
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3.4 Vessel-Mounted ADCP
3.4.1 Instrument Detail and Deployment
A 75 kHz RDI „Ocean Surveyor‟ broadband ADCP built by RD Instruments was used. As
with any broadband ADCP system, current velocity is measured by sending acoustic „pings‟
through the water at a given frequency and measuring the Doppler shift in the frequency of
the returned signal that is re-emitted from particles of a similar wavelength in the water
column. Doppler shift is a change in frequency of a sound wave when its target is moving in
relation to it. Acoustic signals are Doppler shifted by the particle that receives them, then the
re-emitted signal returned to the ADCP transducer is shifted a second time. Four beams
allowed for the resolution of three dimensions of current velocity (Figure 3.4); east (u), north
(v) and upward (w) with two independent estimates of vertical velocity. Error velocity is the
difference between these estimates and its value gives some indication of the homogeneity of
horizontal flow. High error velocities indicate uncertainties in horizontal velocity estimation
as a result of either inhomogeneous flow or a malfunctioning beam, hence are a useful
indicator of data quality.

Figure 3.4: Schematic of 3D velocity measurement using 4 beams (Gordon, 1996).

The VMADCP was mounted on the hull of RRS Discovery and recorded oceanic velocity
data throughout cruise D321b. Data were acquired using RDI software VmDAS v1.43.19,
which for most of the cruise was configured to sample 60 bins each of 16m thickness. Upon
arrival at the Wyville Thomson Ridge, the instrument was reconfigured to sample over 100
bins of 8m thickness. Calibration of the instrument was carried out by using the bottom track
data in shallow water at the start of the previous cruise. For the duration of D321b, it was kept
in water tracking mode at all times. Gyro heading, GPS heading, latitude, longitude and time
data were fed in to the software from the shipboard navigation systems and saved as RDI ascii
files.
42

3.4.2 Processing
Output from the acquisition software was processed in „pstar‟ (conducted on board cruise
D321b by Stuart Painter, see D321b Cruise Report for further details) where they were first
corrected for differences between PC and GPS time. Data underwent quality control and were
corrected for magnetic east and north components and merged with GPS data. Matlab was
used for subsequent data handling, with some existing in-house routines used for reading the
file format output from the processing and others written to rotate u and v components and to
produce plots.

3.5 Lowered ADCP
3.5.1 Instrument Detail and Deployment
Two RDI „Workhorse‟ ADCPs were used for LADCP observations. In terms of current
measurement, they are based on exactly the same principle as the VMADCP but operate at a
frequency of 300 KHz giving a shorter vertical range of approximately 160m. Bin size was set
to 10m before deployment. Two identical instruments were deployed on the CTD frame; one
upward and one downward looking allowing for double the instantaneous range of a single
instrument. Data were returned to an on-board PC.

Figure 3.5: CTD and up-looking ADCP on D321b (left). Down-looking ADCP attached to
CTD frame (right).
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3.5.2 Processing
LADCP profiles were processed using a set of Matlab software routines written by Martin
Visbeck (Visbeck, 2002). Version IX.4 was the most up to date at the time of processing, with
a user interface developed by Andreas Thurnherr in 2004 and last updated in 2007. Processing
software is available to download from ftp://ftp.ldeo.columbia.edu/pub/ant/LADCP. Due to
the „black-box‟ nature of the processing algorithms, the Matlab routines and subroutines were
investigated in order to understand the methods used during processing and the meaning of
the outputs.

During processing, upward and downward looking sensors were checked independently for
bad data, ensuring that all beams were operational at the time of acquisition. Sensors were
then merged into simultaneous upward and downward looking snapshots of ocean velocity.
Depth at this stage was inferred by integrating the vertical velocity. Using the linear equations
deduced by Visbeck (2002), constraints from other information sources could be added either
during or after the initial processing. CTD data were used to constrain the depth of the
package. LADCPs were equipped with inclinometers to determine their pitch and roll and a
flux-gate compass for the heading, all of which were used to correct the raw data profile.
Standard deviation of instrument orientation was checked to ensure that the instrument was
not rotating faster than the response rate of the flux gate compass before converting from
beam to earth coordinates. Bottom tracking was used to constrain the velocity of the package
relative to the water column when it was sufficiently near the sea bed. Latitude and longitude
data from the ship‟s GPS system were used to provide accurate surface positions throughout
the profile.

Output from each cast is in the form of a *.mat file containing for structured arrays; dr, f, p
and ps. All profile information is in the „dr‟ directory, from both the CTD and the ADCP.
File-source information for all instruments and the ship‟s navigation data are documented in
the „f‟ directory. Pre-cast settings and processing summaries for each profile are located in the
„p‟ and „ps‟ directories.
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3.6 Microstructure Profiler
The MSS90 profiler is one of few specialist pieces of equipment developed for measuring the
dissipation rate of turbulent kinetic energy (ε) directly from the small O(1cm) scale horizontal
velocity shear field. Details of the instrument and the processing and calibration require far
more attention than the relatively straightforward and common CTD and ADCP procedures.
Furthermore, the MSS data are central to this thesis, hence this section is considerably longer
and more detailed than the others. Techniques outlined here refer specifically to the profiler
used on D321b (MSS90-034).

3.6.1 Instrument Detail: Profiler and Sensors
Based on a torpedo design, the profiler is designed to travel smoothly through the water
column. Buoyancy is adjusted by adding floats and steel rings to, or removing them from, the
outer casing of the profiler. The body of the profiler is as smooth as possible, with up to
eleven sensors mounted at the tip of the instrument (Figure 3.6) so as to detect water that is
unaffected by the profiler itself. A ring of brushes is attached to the trailing end of the profiler,
which acts not only to increase the vertical stability of the profiler and provide additional
drag, but also to prevent the generation of large eddies in the vortex shadow of the profiler
and contribute to a low vibration level.

Dedicated winch
Ring of brushes
Buoyancy
Ballast
Protective cage
Sensors

Figure 3.6: MSS90-034 ready for deployment on the stern of RRS Discovery
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Change in cross axial velocity is detected by the PNS01 shear sensor by measuring the
deflection of a small airfoil-shaped bead protruding from a conical shroud (Figure 3.7).
Profiler design ensures that the mean vertical, or axial, velocity created by the profiler falling
through the water column is aligned with the shear probe itself and therefore does not affect it.
Cross stream components of turbulent velocity, however, produce a lifting force at the airfoil
which is detected by the piezoceramic beam. Shear sensors of this type are not sensitive to a
permanent cross force, but any change in the cross force is transferred into a voltage and
recorded.
Holes

Electrical wires

Waterproof
isolation

Piezoceramic
beam

Cantilever

Metallic cap

Airfoil

u
U

Profiling
velocity

α

V

4mm

3mm

Figure 3.7: Construction and measurement geometry of the PNS01 shear probe developed by
Hartmut Prandke (adapted from Prandke, 2005).

For an axially symmetric airfoil in an inviscid flow of speed U and angle of the probe to the
vertical α, the cross force per unit length due to the potential flow FP is expressed as:
FP 

1
 A 
U 2   sin(2 )
2
 x 

(3.1)

A is the cross sectional area of the tip (m2), ∂A/∂x is the rate of change of cross sectional area
of the airfoil in the axial direction and ρ is the average water density (kgm-3). The total cross
force exerted on the probe (F) can be calculated by integrating the equation along the axis
from the tip to the position where ∂A/∂x is 0. Given that the output voltage E responds
linearly to the bending force F with some constant sensitivity (S), the equation can be
rewritten as:

E  U 2 S sin(2 )
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(3.2)

Shear probe sensitivity (S) is measured using the shear probe calibration system at ISW
Wassermesstechnik (Figure 3.8). The probe rotates about its axis of symmetry at 1Hz whilst a
water jet of known velocity U is directed at it. The rms. voltage output of the probe is
measured as the angle at which the water jet attacks the probe is adjusted, every 2° up to 10°
each side of vertical. Sensor output versus angle of attack is plotted and the sensitivity is the
slope of the best fit of a cubic approximation of this curve. An accuracy of +/-5% is achieved
from shear sensor calibration.

Figure 3.8: Shear probe calibration system at ISW Wassermesstechnik

Considering the total gain of sensor electronics (G) and using the double angle relation
sin(2α)= 2 sin α cos α, the last equation can be rewritten as:
E  2 2 GSVu , or u 

E
2 2 GSV

(3.3)

V is the axial component and u is the turbulent cross stream component of the constant flow
speed U. Sensor output must be differentiated to obtain shear, and the time derivative
converted to a space derivative (assuming Taylor‟s frozen fluid hypotheses):
u
1
E

2
z 2 2 GSV t

(3.4)

With known coefficients for gain and sensitivity specific to each device, the raw signal can
therefore be converted into a direct shear measurement. As well as two PNS01 shear sensors,
MSS 034 was equipped with sensors for pressure, fast response temperature, precision
temperature, conductivity and acceleration.
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All sensors have a DC output ranging from +3 to -3 volts (V). These are connected to a 16 bit
analogue/digital converter. 16 bit equates to a digital range of 216 = 65536, so the wider the
range of any given parameter that the sensor can detect, the lower the resolution in the digital
range. On D321b, the pressure sensor rated to 4000m was used. Dividing the available 16 bit
digital signal range over a depth of 4000m gives a resolution of 0.061m, or 6 cm.
Microstructure temperature was measured by an FP07 sensor, which uses a glass isolated
miniaturised thermistor in order to achieve fast temperature measurements at high spatial
resolution. Horizontal acceleration sensors allowed the calculation of a pseudo dissipation
rate, the apparent dissipation rate detected as an artefact of profiler motion. Calibrations were
performed on shear and acceleration sensors at ISW Wassermesstechnik in April 2007. CTD
sensors were calibrated by Sea & Sun Technology GmbH using standard calibration
equipment. Accuracy of the prescision temperature and conductivity sensors are 0.01°C and
0.005 mS cm-1 respectively, lower than the SeaBird CTD.

3.6.2 Deployment
Correct deployment of the profiler is very important in order to minimise risk of transmitting
vibrations to the profiler that may be misinterpreted as turbulence. Allowing sufficient loose
cable on the surface for the profiler to fall freely through the water column, whilst not letting
out so much that it might get tangled, is the most important part of the deployment procedure.
Cable speed is controlled via an electronic winch (SWM98) which, for D321b, was mounted
on the starboard stern quarter of RRS Discovery (Figure 3.6). A speed of 0.5 to 1 knot was
maintained as the cable was paid out. Real time data were transmitted via a cable from the
falling instrument to the shipboard acquisition PC and recorded as a voltage. Observation of
the pressure record from the instrument ascertained that the profiler would not come into
contact with the sea bed, and also that the data file would stop being saved when the profiler
started to ascend. Raw data were saved as *.mrd files using the SST Standard Data
Acquisition software developed by Sea and Sun Technology GmbH. Ballast and buoyancy
were adjusted prior to deployment by removing the orange buoyancy rings and adding steel
ballast rings until the profiler was just negatively buoyant and sank slowly under the water
surface when the cable was let slack. Further adjustments would have been made after the
first profile if the fall speed was not within the limits required; fast enough that the turbulence
is „frozen‟ with respect to the time taken for the sensor to travel through it and slow enough
that the probe does not resonate.
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3.6.3 Fall Speed Limits
Resonance frequency of the probe dictates the upper limit for profiling velocity (V).
Environmental structures with a wavenumber of k will appear to the probe at a frequency
f=Vk (where V = fall speed) and this frequency must fall within the frequency response of the
probe. Frequency response depends on the aerodynamic properties of the probe, and for the
PNS01 sensor, the resonance frequency is approximately 400 Hz. A wavenumber of 300cpm
is well beyond the Kolmogorov wavenumber cut off for turbulent motions and would be
detected from a fall speed of:
U = f/k = 400Hz/300cpm = 1.3ms-1

(3.5)

Smaller wavenumbers or larger frequency response of the probe would allow the upper limit
of profiling velocity to be increased, but in this instance it should not exceed 1.3ms -1. It is
recommended that profiling speed is kept below 1ms-1.

Evolution of turbulence places a lower limit on profiling speed. Eddies dissipate at a time
scale of (ν/ε)1/2 and the profiler must traverse over the largest scale of the microstructure
range, 70(ν3/ε)1/4 much faster than this time scale (Lueck et al, 2002).
U >> [70(ν3/ε)1/4] / [(ν/ε)1/2] = 70(νε)1/4

(3.6)

With a reasonably high dissipation rate O (10-9 m2s-3) and kinematic viscosity O (10-6m2s-1),
70(νε)1/4 equates to less than 0.02 ms-1. For the PNS01 probe, however, there is a further
restriction on the lower limit of the profiling speed; α must be less than 15˚ to avoid
underestimation of the forces (Prandke, 2008, personal communication). The ability of the
profiler to fall vertically is affected by horizontal currents and for this reason the profiler
should be allowed to fall at a minimum of 0.5ms-1. Throughout all profiles conducted on
D321b, fall speed was between 0.5ms-1 and 0.8ms-1. Density changes in the water column
prevented it being possible to keep within a smaller range than this.
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3.6.4 Epsilon Calculation
Epsilon is calculated from small scale shear fluctuations following Equation 2.4 via
 du 

 dz 

2

  7.5v 

where

 du 
 
 dz 

(3.7)

2

is the variance of the velocity shear and turbulence is assumed to be

isotropic. Shear sensors on the MSS90 profiler directly measure horizontal shear as described
above at a rate of 416.66 Hz. Computationally, the solution is found by integrating the shear
spectrum within the useful wavenumber range, between the low and high wavenumber cut off
values. Defining the lower bound in terms of frequency of turbulent motions is not simple as
there is no clear separation between the lowest frequency turbulent motions that must be
included in the integration and the high frequency non-turbulent motions that must not. The
instrument length itself, however, imposes an upper limit on lowest resolvable wavenumber
(approximately 1 / 0.5 x profiler length), hence with a profiler length of 1m, a cyclic
wavenumber of 2cpm is appropriate as a low cut off value. Turbulent velocity fluctuations are
damped out by molecular viscosity at the Kolmogorov wavenumber, defining an upper limit
of the wavenumber range. An iterative procedure is used to integrate the power spectrum in
order to determine the variance of the shear profile.

Initially, the upper wavenumber (ku) is first taken as the lower wavenumber plus 20cpm, so in
this case 22cpm. Epsilon is then calculated according to the above equation and from this
value of ε, the Kolmogorov wavenumber (in cpm) is determined via:
 1   
kk  
 3 
 2   

1/ 4

(3.8)

The upper wavenumber is then increased iteratively until | ku-kk | < 2cpm. The highest
frequency that can be resolved from a sampling interval of 0.0024 seconds (1/416.6 Hz) is the
Nyquist frequency (1/(2Δt) ≈ 208 Hz). The Nyquist wavenumber, calculated from
frequency/fall speed in this case is 260cpm, so well above the Kolmogorov wavenumber cut
off.
For calculating ε, three corrections must be applied. In each case, polynomial coefficients are
provided for the sensors, and the correction is applied to the common logarithm of the
measured dissipation rate (log ε) as follows:
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log ε

10 corr
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= a + a (log ε) + a (log ε) + a (log ε)
0
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10

2*

10

3*

10

(3.9)

The first correction is for the transfer function of the shear sensors. It is a correction for the
incomplete spatial resolution of the shear sensor depending on its size. Failure to correct the
transfer function of the shear probe will lead to an underestimation of the dissipation rate, the
degree to which will increase with increased rates of dissipation. The sensor used on MSS90
instrument 034 was a PNS01 shear probe. Laboratory experiments are conducted to measure
the spatial response function of each type of shear probe, in which turbulent velocity
fluctuation is measured simultaneously by both the shear probe and a laser doppler
anemometer.

Polynomial coefficients for the correction of measured dissipation rates for the PNS01 shear
probe are as follows:

ao) 1.621873

a1) 1.506306

a2) 0.05198044

a3) 0.00175014

Before calculating epsilon, the shear spectrum is analysed and compared to the “Nasmyth
Universal Spectrum” of ocean turbulence which was observed and presented graphically in a
thesis (Nasmyth, 1970). It is an empirical spectrum of shear measured in a tidal channel with
which subsequent observations of in natural waters have been found to fit well (e.g. Prandke
and Stips, 1998; Wesson and Gregg, 1994). Analytical formulations have been constructed to
fit with observed values (Oakey, 1982) and used to construct Figure 3.9. The dissipation rate
is calculated for the part of the range that fits best with the universal spectrum, by integration
between a selected low and high wavenumber cut off. Correction coefficients for different
wave number cut offs have been obtained through correlation of measured dissipation rates
and those corrected using the Nasmyth spectrum.

Polynomial coefficients for the correction of measured dissipation rates for the low wave
number cut off are given in Table 3.2.
Table 3.2: Correction coefficients for different low wavenumber cut offs
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Polynomial correction coefficients for the high wave number cut off are given in Table 3.3.
Each is calculated by the same comparison method used for the low wave number cut offs.

Table 3.3: Correction coefficients for different high wavenumber cut offs.

3.6.5 Processing
MSS Pro, the software package provided with the instrument, consists of a toolbox for data
processing. Raw data are visualized to check the pressure record against scan number to
ensure that the profile is smooth. Only data from the free falling part of the profile are used,
so data are cut before the pressure starts to decrease with scan number. Once the data have
been cut, they can be converted to physical values. Data manipulation is conducted by
combining individual modules which perform different operations and combining them into a
batch file. A batch file was created to run through the conversion of the raw data, remove
spikes and calculate shear. Despiking is one of the most important steps in the processing of
shear data, as it removes spikes resulting from collisions of the sensor with solid matter. For
this reason, particular care must be taken when converting the pressure record to a sinking
velocity. The pressure signal is affected by turbulent eddies and impulses from particles in the
water column but these errors are minimised through careful data processing.

Confidence in the processing methods was given by the fact that measured shear spectra
generally fitted very well with the universal Nasmyth spectrum of oceanic turbulence within
the detectable wavenumber range. Figure 3.9 gives 3 examples of spectra from high pass
filtered sections of shear profiles near the thermocline at M800W. Between 2 and 30cpm, the
slope of the measured spectrum fits well with the analytical form of the Nasmyth spectra
marked by black dashed lines for dissipation rates of between 10-9 and 10-6.
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Figure 3.9: Shear spectra from filtered sections of shear profile (blue) with Nasmyth curves
for dissipation rates between 10-6 and 10-9 Wkg-1 (dashed lines labelled in upper panel).
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3.7 Minilog Moorings
3.7.1 Instrument Detail and Mooring Design
A series of 41 Minilog-T temperature sensors was deployed as a short term mooring, initially
on the western (M800W) and then the eastern (M800E) end of the northern slope of the WTR.
Data were collected over a 25 hour period at each station in order to observe the change in
height of the thermocline over a semidiurnal tidal cycle. A CTD cast was conducted prior to
choosing the Minilog depths so as to confirm the depth of the thermocline at M800W. At
M800E an XBT was used for the same purpose as conditions were too bad to deploy the
CTD. XBT data, however, are not presented. Minilogs of various storage capacities were
distributed across the thermocline, with 20 instruments at 5m intervals over the 100m
covering the main thermocline. 5 instruments at 10m intervals covered the 50m sections
above and below this. The remaining instruments were spaced at 20m intervals as indicated in
Table 3.4, with higher storage capacities placed near the thermocline in order to obtain 15
second resolution data. 12 bit minilogs have an accuracy of +/-0.1˚C and a resolution of
0.015˚C whilst 8 bit minilogs have an accuracy of +/-0.2˚C and a resolution of 0.1˚C.

Moorings were designed as illustrated in Figure 3.10. The first mooring, deployed at M800W,
had a dahn buoy attached as a surface float, but due to knockdown by the strong currents, it
sank and had to be cut away to avoid fouling the ship. For the second deployment, at M800E,
subsurface buoyancy alone was used. A Microcat (SBE-37 MP) was placed at the top of the
marked rope so that pressure measurements could be used to measure the knockdown of the
mooring. Pressure recordings show that the mooring at M800W suffered significantly from
knockdown, and supposedly the resultant added drag from the sunken dahn buoy. Over the
deployment period a >400m variation in depth of the Microcat was observed. The pressure
readings from the Microcat at M800E, however, varied by only 3m, indicating that the
mooring was much less affected by current knockdown.

Each instrument has a unique identification number and each was allocated to a specific depth
on the mooring. The moorings were deployed top-first, beginning with the surface float and
then the buoyancy and Microcat. As the line was paid out behind the ship, Minilogs were
added to the line in a planned order so that the exact depth of each instrument was known.
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b)

a)

Figure 3.10: Mooring design for a) M800W and b) M800E.
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Table 3.4: Minilog ID, position on mooring and water depth for the two Minilog mooring
stations.

Station: M800W
Distance
from top of
marked
rope (m)
95
115
135
155
175
195
215
225
235
245
255
260
265
270
275
280
285
290
295
300
305
310
315
320
325
330
335
340
345
350
355
365
375
385
395
405
415
435
455
475
495

Station: M800E
Planned
water
depth
(m)
300
320
340
360
380
400
420
430
440
450
460
465
470
475
480
485
490
495
500
505
510
515
520
525
530
535
540
545
550
555
560
570
580
590
600
610
620
640
660
680
700

Minilog
ID

2188E
2195E
2196E
2194E
2186E
2189E
2191E
2197E
2108
2425
2408
2427
2104
2105
2423
2107
2111
2106
6178E
6177E
6176E
7334E
6175E
2424
2420
2426
4482
2112
4476
2110
5591E
5592E
5593E
2187E
0144E
2193E
0148E
2185E
0147E
4791A
4789A

Size
(bit/k)

12/16
12/16
12/16
12/16
12/16
12/16
12/16
12/16
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/64
12/64
12/64
12/64
12/64
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/32
12/16
12/16
12/16
12/16
12/16
12/16
8/8
8/8
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Sample
Interval
(s)
30
30
30
30
30
30
30
30
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
15
30
30
30
30
30
30
30
30

Distance
from top of
marked
rope (m)
135
155
175
195
215
235
245
255
265
275
285
290
295
300
305
310
315
320
325
330
335
340
345
350
355
360
365
370
375
380
385
395
405
415
425
435
455
475
495
515
535

Planned
water
depth
(m)
340
360
380
400
420
440
450
460
470
480
490
495
500
505
510
515
520
525
530
535
540
545
550
555
560
565
570
575
580
585
590
600
610
620
630
640
660
680
700
720
740

3.7.2 Processing
Initially, the Microcat record was uploaded to a PC and checked. In the first instance this
revealed a knockdown so great and in a potentially non-linear fashion that the depths of the
Minilogs were unknown and the data subsequently disregarded. Minilogs were retrieved and
uploaded individually using a Vemco Minilog reader and Vemco software. Data were read
into Matlab for further analysis. Each time series was checked and a calibration offset applied
specific to each instrument (see below). Identification numbers were used to assign a depth to
each instrument and place data in a grid allowing the analysis of time series information from
the entire profile.

3.7.3 Calibration
Post-cruise calibration was conducted on the minilogs. There was no opportunity beforehand
because of the limited time available between receiving the instruments and departing for the
cruise. Instruments were attached to an SBE37-SM CTD, with all the sensors aligned with the
CTD temperature sensor as illustrated in Figure 3.11.

Figure 3.11: Calibration set-up for Minilogs; CTD in frame over water bath (left), sensors
from below (centre) and sensors from above (right).

The frame was then placed in a large container of water and brought down to a stable,
homogeneous 0˚C (tested using a handheld TS probe). After 10 minutes, hot water was added
to the water bath, stirred and left to stabilise. Once the temperature was homogeneous
according to the handheld probe and the water had been left to settle, the process was
repeated. Data were uploaded and results taken from areas of stable CTD temperature and
corresponding Minilog temperatures. 14 points between 0˚C and 14˚C were obtained.
Calibration curves are included in the Appendix.
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3.8 Discussion: Errors and Limitations
The methods of data collection were designed primarily in order to capture internal tide
oscillations and associated mixing as well as to build up background hydrography of the WTB
region. The 25 hour microstructure time series data at M800E and M800W captured internal
tides particularly well, though they only covered the upper 600m of the water column.
Minilog deployments at the same stations were less successful overall, despite the better
temporal resolution and depth coverage they might have provided. Fourteen CTD casts helped
to provide a full-depth insight into the hydrography across the eastern end of the WTR and
along the central axis of the WTB. Shallower MSS casts also added integrity to this
information. VMADCP data are most valuable when analysed in conjunction with MSS data,
showing the larger scale water movements in conjunction with the micro scale shear.
Snapshots of current profiles from LADCP data helped to highlight the deep water flow
reversal that was at the limit of the penetration depth of the VMADCP.

3.8.1 CTD
A total of 14 CTD profiles provided a good core data set for analysis of basin hydrography.
Fine scale analysis, however, might have been affected by the way in which the precision
sensors were attached to the CTD frame during D321b. Their positioning meant that the
instruments were not necessarily in contact with undisturbed water at all times, even during
the downcast. Although they were mounted at the base of the rosette, the size and nature of
the package seemed to result in water becoming trapped briefly in the core of the rosette,
meaning that the sensors did not always appear to encounter a smooth flow. Such „surges‟ in
the down cast were notable by short periods of abnormally warm observations, equivalent to
vertical depths of 2-3m at most. Temperatures were corrected for this bias by smoothing over
a four second window, but in terms of Thorpe scale mixing calculations, for example, the
error places a lower limit on the size of overturn that might be resolved. Data from the
profiles nonetheless had a reliable vertical resolution of <5m, sufficient for most hydrographic
analyses

3.8.2 ADCP
VMADCP data are very useful for analysing the current patterns associated with directly
observed shear and dissipation values. 16m bins however, are rather large compared to the
scale of motion generally associated with internal wave activity. Bin size was adjusted to 8m
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upon arrival at the WTR for exactly this reason, but this resulted in very noisy data because of
the resultant increase in standard deviation. With a greater vertical range, more returns are
available to average over and noise is generally reduced.
Velocity error (ev) associated with the ADCP set-up at 16m bins is approximately 0.8cms-1.
Halving the bin size approximately doubles this error to 1.7cms-1. Shear error (es) is related to
ev via es 

ev
2z

where Δz is the bin spacing (e.g. Mack and Schoeberlein, 2004). For 8m

bins, the error, or noise level associated with ADCP velocity-derived shear squared
calculations is 2.2 x 10-6 s-2. This value is reduced to1.2 x 10-7 s-2 for 16m bins.

With hindsight, it might have been better to keep the acquisition software set to 16m bins,
particularly in an environment where the vertical scale of motion is so large anyway, though
re-averaging to 16m bins solved this problem (see Chapter 4). Another issue with the
VMADCP was that the acoustic pings seemed to struggle to penetrate the deep thermocline.
Whether this was a result of the abruptness of the density change or turbidity across the
thermocline, it means that very limited current velocity data are available from below the
thermocline.

3.8.3 LADCP
Unlike the VMADCP, LADCP data provide a full depth profile of water column velocities,
right through the thermocline, in even the deepest parts of the WTB. This information cannot
be obtained in conjunction with microstructure profiles, however, which would be useful for
comparing microstructure shear and current comparisons or fine and micro-scale mixing
estimates. Error velocities of processed data are less than 0.5cms-1

3.8.4 Microstructure Profiler
Alone, the MSS profiler provides a direct measurement of dissipation rate of turbulent kinetic
energy; an extremely valuable tool when assessing the extent of vertical mixing at a given
point. Furthermore, the ability to conduct many profiles in relatively quick succession
provides good temporal coverage as well. The primary limitation of MSS observations is that
isotropic turbulence is assumed (shear is detected in one direction only) and there is no record
of current velocity in conjunction with the detected shear. It is nonetheless a reliable tool for
making direct estimates of epsilon, particularly in such energetic environments.
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3.8.5 Minilog Moorings
Severe knockdown affected the mooring at M800W so greatly that the Minilog depths were
unknown and consequently all data were disregarded. With the revised mooring arrangement
at M800E, the mooring was stable and the Minilog depths were therefore known to a high
degree of accuracy. Unfortunately, the Minilogs themselves were somewhat unreliable, with
offsets of almost 2°C being determined from the calibrations in some cases. Although
calibrated, the offsets were large enough to suggest that the reliability of the instruments
should be treated with caution. Time series from individual instruments are useful alone as a
tool for interpreting mode one internal wave signals, but analysis of spatial structures requires
more than a single point observation.

3.8.6 Spatial and Temporal Variability
Analysing and interpreting observations in such a spatially and temporally variable dynamic
environment presents a challenge. True estimates of spatial variability require simultaneous
observations over different regions; otherwise they are affected by temporal variability as
well. The variety of observations made during the D321b occupation of the WTR and WTB,
however, make it possible to analyse individual processes on a semidiurnal timescale whilst
also gathering some idea of spatial variability. Time series observations in the form of
moorings or repeated profiles have been used successfully to provide information on the
repeatability or intermittency of mixing events, whilst CTD transects reveal some of the
regional hydrography. Physical data from the cruise are presented in the following chapter.
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4 Results from Cruise D321b
4.1 Introduction
Data obtained for this thesis during research cruise D321b are presented in this chapter.
Potential temperature (θ) and salinity (S) data are presented in section 4.2, along with derived
potential density (σθ), Turner angle (Tu) and Buoyancy frequency (N). These are used to
define the spatial distribution and stability of water masses within the domain of the WTB and
WTR. Time series are then used to display short term temporal variability within the general
structure. VMADCP data are used in 4.3 to show profiles of current magnitude and direction
at mooring stations. Shear variance is presented from calculations over different vertical
scales, derived from both VMADCP velocity data and MSS shear data. Turbulent kinetic
energy dissipation rate is calculated by both direct and indirect means and shown in 4.4.
Relationships between descriptive parameters used to define the dynamics of the water
column are presented in 4.5. Results are discussed in section 4.6. Figure 4.1 is a copy of 3.1,
for reference within this chapter.

M800W

54
M800E
60

59

55

56
57
58

61

Figure 4.1: A copy of D321b station locations, as presented in section 3.1. Filled light blue
circles represent CTD casts (XBT in green), darker blue crosses represent microstructure
profile sites, and red circles represent 25 hour mooring sites.
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4.2 Stratification and Water Masses
4.2.1 Spatial Distribution of Temperature, Salinity and Density
Potential temperature profiles north of the ridge display a strong thermocline between warm
surface and cold deep waters. Figure 4.2a highlights the difference between profiles to the
north and to the south of the ridge. In both cases, θ and S tend to decrease with depth, yet the
vertical gradients north of the ridge are far stronger. Surface properties are similar in both
profiles, with θ of ~12ºC and S of 35.33. S increases in both cases for the first 150m, reaching
35.43 north of the ridge but only 35.38 to the south. θ decreases over the same depth range to
10.5ºC in both cases. Below this is a steady decrease in both properties to the south of the
ridge to values of 35.26 and 8ºC at 1000m. A much steeper gradient to the north results in
values of 34.91 and 0ºC at 700m, below which S remains constant and temperature decreases
more gradually to -1ºC at a depth of 1000m. North of the ridge, deep water below the level of
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Figure 4.2: a) Temperature (solid) and salinity (dotted) and b) N2 from CTD profiles 56 (north of
the ridge, black) and 61 (south of the ridge, red).

62

the ridge (>500m) is cooler by 8ºC and fresher by >0.3 than water at the same depth to the
south. Consequently, mid-depth stratification north of the ridge is higher than to the south, as
indicated by the N2 profiles for the same CTD casts (Figure 4.2b). Surface N2 is very similar
in the two profiles, low at the surface, peaking to 1.3 x 10-4 s-2 at 100m and returning to low
background values between 200 and 450m. At 600m, N2 in the northern profile peaks again to
1.5 x 10-4 s-2 whilst values at the same depth in the southern profile remain orders of
magnitude lower, O (10-6) s-2. The south ridge profile exhibits a minor N2 peak to a value of 5
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Figure 4.3: Turner angle profiles from CTD 56 (black) and 61 (grey).

Density ratio (Rρ) and Turner angle (Tu) are defined in Chapter 2. Figure 4.3 shows that in the
majority of both profiles, between 180m and 800m water depth, Tu is within the 45º-90º
region, indicating that although the water column is gravitationally stable, it is unstable in
terms of S (Ruddick, 1983). Maintenance of a stable density gradient is provided by a strong θ
gradient, hence the density ratio associated with this Tu regime is at all times >1 (see section
2.1.1), demonstrating that temperature stratification dominates over salinity stratification.
These findings show that below the seasonal thermocline the majority of the water column,
particularly to the north of the WTR, is likely to be prone to salt fingering. Whether or not it
is a significant process, however, is dependent on the presence of other factors such as
turbulent mixing in the region.
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Spatial variation in density perpendicular to the ridge is presented in Figure 4.4a. Weakening
of the pycnocline occurs with increasing distance north of the ridge. Isopycnals are more
tightly pinched together on the northern slope of the ridge, centred on a depth of 550m, than
they are in any of the profiles further away. Close to the ridge, the vertical distance between
the 27.4 and the 28 isopycnals is <150m, between 500m and 650m depth, this distance
increases in each successive profile away from the ridge to 400m, between 400m and 800m
depth. Mean N2 between 500m and 600m is 6.45 x 10-5 s-2 in profile 57 and 2.59 x 10-5 s-2 in
profile 54.
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Figure 4.4: Potential density a) with distance to the north east from the crest of the WTR and
b) from northwest to southeast along the thalweg of the basin. Bold vertical lines mark
CTD/MSS casts (labelled above) and isopycnals are labelled.
Spatial variation in the thermocline along the central axis of the WTB is also observed. Figure
4.4b is a contour plot drawn from a combination of seven CTD and MSS stations and shows θ
profiles along the central axis of the WTB (WT1-6 and CTD54). It is evident from this figure
that the deep thermocline slopes downwards from the northwest (FBC) to the southeast (FSC)
end of the basin. At WT1, the most rapid change in θ with depth is between 300m and 500m
where it drops from 7ºC to 1ºC, whist at CTD54, the easternmost end of the line, the same
temperature range occurs 130m deeper, between depths of 430m and 630m.
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4.2.2 Water Mass Analysis
All θ and S data obtained by MSS and CTD during D321b are presented in θS space in Figure
4.5. Warmest and most saline water is found at the surface in the eastern CTD stations (PA
section) and the MSS profiles from M800E, plotted in cyan. Salinity peaks at almost 35.45,
which represents the upper salinity limit of the water mass classified as NAW (Hansen and
Østerhus, 2000). Surface water west of this has a salinity value lower by 0.1, yet the same σ θ
is maintained by cooler temperatures. Variability between stations reduces with depth and is
at a minimum where potential density is approximately 27.4, close to the characteristics of
MNAW. Deeper than this there appears to be a divide between the warmer and more saline
water at the mid-basin stations, closer to MEIW characteristics, and the colder, less saline
ridge stations more influenced by NSAIW. At σθ = 28.0, salinity properties converge tightly
on the value of 34.91 which, when θ<-0.5°C, defines NSDW.

CTD
M800W
WT2
WT4
WT6
M800E

Figure 4.5: TS plot of all CTD (black) and MSS (coloured by station) profile data from the
study region on D321b. The ring marks the shift in WTR water properties discussed in the
text. Boxes mark water masses according to Hansen and Østerhus (2000).
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Figure 4.6: θ-S variation across the ridge from CTD data. Coloured lines correspond to
coloured CTD cast numbers and are divided into a) surface and b) deep sections for clarity.
Coloured dots on each profile correspond to depths labelled in the same colour. Dotted lines
indicate σθ.
Figure 4.6 shows more detail of the variation between CTD casts along the section
perpendicular to the ridge. Dots marks every 100m of water depth. Surface (0m-500m) θS
properties (Figure 4.6a) indicate an obvious difference between CTD54 (north of the central
axis of the WTB) and all other profiles in the section. It has a maximum salinity of ~35.35 at
the surface and at a water depth of 150m. Between these depths it passes through a low
salinity region of <35.33. Below 150m, the general trend is for salinity to decrease gradually
with depth, whilst θ decreases with depth throughout the entire profile. Profiles at CTD55,
CTD56 and M800E on the other hand display a different surface trend, salinity increasing and
temperature decreasing with depth for the first 150m-200m to a peak of ~34.4 at a
temperature of approximately 10ºC. Below the peak there is a rapid decrease in both
properties with depth. Fluctuations in salinity of up to 0.01 are evident on a scale of tens of
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metres between 100m and 400m depth in all profiles, though temperature tends to decrease all
the time. At 450m, all profiles occupy a similar area in θS space.

Figure 4.6b shows the deep (500m-1000m) part of the same profiles. Water mass properties
diverge once more below 500m, with the M800E profile (closest to the ridge) closest to a
direct mixing line with NSDW properties and significantly colder and fresher at 600m than
the other three profiles. CTDs 54 and 55 are closest to the central axis of the basin and their
θS profiles appear to be strongly influenced by the warmer limit of MEIW (θ=3˚C), staying
warmer and fresher to a depth of 800m than M800E before dropping in temperature towards
NSDW characteristics. At around 680m, CTD55 exhibits an isolated peak in salinity to 34.96
whilst CTD54 maintains a direct mixing line towards NSAIW. CTD56 displays fluctuations
in salinity between 600 and 700m, also with a minimum at a similar depth to CTD55 but
occupying the gap in TS space between adjacent profiles. Mid depth (~500m) and deep
(~900m) water properties occupy very similar TS space for all four profiles, with profiles
closest to the ridge turning cooler more rapidly and fresher less rapidly with depth than those
further north.

4.2.3 Temporal Variability at M800E
Temporal variation in the vertical temperature structure from the Minilog mooring at M800E,
focused on the deep thermocline, is presented in Figure 4.7a. Depth resolution in this section
ranges from 5m to 20m, as indicated by the horizontal bars on the figure, with a sampling
frequency of 1/15 Hz. Rapid change in temperature from 7˚C to 2˚C occurs over a depth range
as small as 10m and the depth at which this occurs oscillates between depths of ~580m and
~520m, resulting in an amplitude of 60m. The most striking feature is the semidiurnal
oscillation in the thermocline, highlighted also in the single point record from the thermocline
(Figure 4.7b). Periodicity of just over 12 hours is quite apparent, though the oscillation is not
smooth and temperature profiles are not exactly repeated between cycles. Between 0000 GMT
and 0700 GMT on September 6th (labelled section 1), there is a 60m decrease in the depth of
the 5˚C isotherm, but this is not gradual. There is a small peak half way through this time
period (circled) at mid-depth between the deepest and shallowest point of the thermocline. A
similar peak is evident in sections 2 and 3 (labelled), each peak is shifted by approximately 3
hours from the semidiurnal peaks. It most likely a manifestation of a quarter diurnal tide with
a lower amplitude than the mode one wave. High frequency oscillations with a time scale of
<1 hour are superimposed onto the semidiurnal background frequency. They are apparent
during both the ascent and the descent of the thermocline, though the descent lacks the circled
mid depth peaks discussed above that dominate the ascent. Isotherms remain closer together
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on the descent than on the ascent, where the thermocline becomes most diffuse at its mid
depth. The Microcat pressure record is not shown, but was used to ascertain the stability of
the mooring by a variability in depth of <3m. Lack of pressure fluctuations indicates that the
mooring was upright. However, there is some uncertainty as to the exact depth of each
instrument, as discussed in Chapter
3.
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Figure 4.7: Temperature record from thermocline region of Minilog mooring at M800E.
Yellow bars mark the extent of the MSS sampling period and white regions mark sections
described in the text. Dotted lines mark locations of minilogs used (uncalibrated instruments
were omitted.

Temperature and buoyancy frequency from MSS profiles covering the same time period and
depth range at M800E are displayed in Figure 4.8. Profiling was within 6km of the mooring
site at all times. Oscillations over a 50m depth range are evident over the same period as
observed through the Minilog chain, yet the thermocline is ~25m deeper. Phase-shifted
semidiurnal oscillations during isopycnal uplift, as seen in the mooring record, are also
evident, though the combination of temporal resolution of the MSS time series and the timing
of the bad casts (white spaces) makes them less well defined. A 50m thick band of N2 in the
order of 10-4 s-1 marks the buoyancy frequency maximum across the thermocline at M800E.
Semidiurnal oscillations are apparent here too, with the base of the region varying between
600m and 650m. Similar levels of N2 occur patchily in the shallow pycnocline at a depth of
between 80m and 100m.
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Figure 4.8: Buoyancy frequency from MSS time series in the vicinity of M800E and enlarged
temperature section from the thermocline. Dashed lines in the temperature plot indicate
profile locations.

4.2.4 Temporal Variability at M800W
Minilog data from M800W are not shown. Due to a flooded buoy, knockdown of the mooring
was severe (Microcat depth varied by over 400m) and as a result, the depths of the Minilog
records are completely unknown. Microstructure time series from the vicinity of M800W are
presented in Figure 4.9, focused on the region between 350m and 650m. Semidiurnal
oscillation of isopycnals in the thermocline with amplitudes of approximately 150m is
evident, with the largest drop in the 5˚C isotherm between 425m at 10:00 and 610m at 17:00.
Between 10:00 and 13:00, the 7˚C isotherm falls from 390m to 540m. Time between adjacent
peaks can be seen to be approximately 12 hours. Isotherms are clearly much tighter together
as they fall, particularly for the first 3-4 hours, than during their rise. During their descent
(between 10:00 and 13:00), the vertical distance between the 6˚C and 5˚C isotherms is ~10m.
Between 13:00 and 17:00, the 5˚C isotherm continues to fall while the 6˚C isotherm begins to
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rise, leading to a homogeneous patch between the two at 17:00, with a height of 100m
(between 500m and 600m). Such a separation is not repeated in the next, or the previous
cycle, though the isotherms are generally much more widely spaced during their uplift.
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Figure 4.9: Temperature time series from MSS profiles in the vicinity of M800W. Dashed
lines mark profile locations.
Vertical separation of isopycnals is demonstrated in the N2 time series (Figure 4.10a) from
13:00 to 18:00. At 13:00, a 100m thick band of high N2 lies between 500m and 600m depth,
which splits after this time into two thinner bands. The lower band stays deep and its base
drops from 600m to 630m before it disappears at 18:00. Above this, the base of the upper
band rises from 550m to 450m at 20:00 before thickening and then starting to descend at
21:00. Having descended, it appears that a similar phenomenon might occur on the following
cycle, but the time series is too short to establish this. Stratification appears to be stronger and
less patchy on the descent of the band, between 09:00 and 14:00 and between 21:00 and
02:00, than on the ascent. Marginally lower stratification is observed in the top 20m-120m,
yet a distinct stratified layer is present at all times during the profiling in that region.
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Figure 4.10: a) N2 (s-2) and b) displacement (m) of isopycnals relative to σθ = 27.8 from MSS
time series profiles at M800W.

Figure 4.10b illustrates the change in vertical distance between isopycnals by plotting their
displacement with reference to σθ = 27.8, suggested as marking the boundary between
overflow water and Atlantic water (Hansen and Østerhus, 2000). The vertical separation of
isopycnals in the thermocline oscillates at the same semidiurnal frequency with which the
isopycnals are displaced during the 25 hour MSS time series. Maximum separation between
adjacent isopycnals occurs at 19:00 between σθ = 27.8 and σθ = 27.9 where the magnitude of
the displacement is 140m. Separation between σθ = 27.7 and σθ = 27.8 is almost as large at
16:30, where the displacement magnitude is 135m. Such a phenomenon is typical of a mode 2
wave; modal analyses are presented in Chapter 7.
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4.3 Currents and Shear
Time series current observations long enough to capture semidiurnal periodicity without
spatial variability during D321b are limited to the vessel mounted ADCP records during the
two 25 hour stations at M800W and M800E. LADCP casts provided snapshots of the current
velocity profile and are used in chapter 7. VMADCP time series do not reach the full depth of
the water column, but penetrate only the top 500m thus rarely detecting velocities below the
deep thermocline.

4.3.1 Currents at M800E
Figure 4.11 shows the current velocity at M800E decomposed into along- and across-slope
flow. Slope aspect is 10° according to bathymetry. The 27.65 isopycnal marks the centre of
the thermocline and the 27.35 isopycnal the top of the thermocline which seems to coincide
with the approximate limit of acoustic detection. Strongest currents occur at the surface,
between depths of 10m and 80m, where a semidiurnal periodicity in flow reversal is apparent.
A similar flow pattern is observed throughout most of the observed depth, with the exception
of a layer at 100m where current directions are out of phase for up to 50m depth.
a)

b)

Figure 4.11: a) Across slope velocity and b) along slope velocity at M800E. Black lines mark
selected isopycnals (labelled).
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On the two occasions when data are available below 500m there is some evidence of
directional change with depth across the thermocline in the along slope velocity (change to
positive along slope velocity between 08:00 and 12:00), but not in the across-slope record.
VMADCP penetration is insufficient from which to be able to verify any depth reversal across
the deep thermocline at M800E.

4.3.2 Currents at M800W
At M800W, VMADCP observations are sufficiently deep to penetrate the pycnocline at its
crest. Figure 4.12 shows the along- and across-slope flow at M800E, where the slope aspect is
14° clockwise from north. Unlike M800E, the upper 400m of the water column has a
relatively uniform flow, with the whole section reversing with a semidiurnal frequency and no
opposing flows at 100m depth. Below 400m, a distinct flow reversal is apparent at times in
both the along-and across-slope directions. The extent to which the flow is centred on the
27.65 isotherm is discussed further in Chapter 7.

a)

b)

Figure 4.12: a) Across slope velocity and b) along slope velocity at M800W. Black line
marks the 27.65 isopycnal.
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4.3.3 Horizontal Velocity Shear
Shear (S), the vertical gradient of horizontal velocity introduced in Chapter 2 (Equation 2.3),
has units of s-1 and is generally applied and discussed in terms of shear squared. Due to the
nature of turbulent flows, shear is highly dependent on the vertical scale across which it is
measured. During the acquisition stage of VMADCP data at M800W, the bin depth was
changed from 16m to 8m in order to get better resolution at the microstructure site. This
resulted in very noisy data with high shear values due to the reduced standard deviation
throughout the entire penetration depth.

Figure 4.13 shows the record with 8m binned section (up until midday) averaged back to 16m
means. Background (100m - 350m) values are O (10-6) s-2. Highest shear is found as the
pycnocline reaches its minimum depth, between times of 19:00 and 23:00 and depths of 400m
and 500m. Prior to this, between times of 15:00 and 19:00, shear is high between 500m and
600m depth, resulting in a high shear period lasting 9 hours between the 27.4 and 27.8
isopycnals.
Log10 S2 (s-2)

Figure 4.13: Log10 S2 (s-2) derived from VMADCP measurements during MSS profiling
period at M800W a) showing change from 16 to 8m acquisition bins at 12:00 and b)
recalculated into continuous 16m bins. Isopycnals are overlain.
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4.4 Dissipation Rate of Turbulent Kinetic Energy (ε)
4.4.1 Calculations from Direct Microstructure Measurements
Highest values of ε were measured at M800W within the high shear patch described in the
previous section. Figure 4.14 is a contour plot of log10 ε from profiles at M800W with
isotherms overlain. Values >10-6 Wkg-1 occur throughout the region of widened isopycnals
between 16:00 and 18:00 from 500m to 600m. By 20:00 this elevated dissipation region
extends higher, to a depth of 400m. Dissipation is suppressed as isopycnals fall and
stratification increases. Patches of elevated turbulence are evident after 02:00, once the
thermocline begins to rise again. Between 100m and 400m, ε is generally two orders of
magnitude lower than this at 10-8 Wkg-1. Patchy regions of elevated dissipation (10-6 Wkg-1)
also occur at approximately 100m depth, in the surface thermocline.
epsilon time series from m800w
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Figure 4.14: Log10 epsilon time series from MSS profiles at M800W. Isotherms are overlain
in white and profile locations in black. Red lines mark locations of profiles 27 and 30, shown
in Figure 4.17.
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epsilon time series from m800e
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Figure 4.15: Log10 epsilon time series from MSS profiles at M800E. Isotherms are overlain
in white and profile locations in black.
The structure of ε at M800E is quite different to M800W in the deep thermocline; much lower
values of ε are seen (Figure 4.15). Between 500 m and 600m, on the uplift of isotherms, a
maximum value of 10-6 Wkg-1 is measured, occurring at 00:00, 02:00 and 13:00. This is again
some indication of a semidiurnal periodicity. Mid-depth values are similar to M800W at 10-8
Wkg-1 between 100m and 500m. Profiles tend to reach a greater depth at M800E which is
another indicator of a less energetic water column. Basin stations WT2, WT4 and WT6 are
presented in the same fashion in Figure 4.16. Progression from the western to the eastern end
of the basin axis appears to correspond with decreasing levels of dissipation.

During three hours of profiling at WT2, Isotherms tend to descend by between 100m and
150m in the depth range 100m to 500m, though casts are notably short and there is little
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information below this. Epsilon is elevated between the same range of 300m and 450m from
mid water values of <10-8 Wkg-1 to values >10-7 Wkg-1. Similar values are reached in the top
100m, above the seasonal pycnocline. At WT4, there is no elevated surface dissipation but
patches as high as 10-7 Wkg-1 occur throughout the 100m to 400m depth range. Between
400m and 600m, isotherms are uplifted by up to 50m in 4 hours and elevated dissipation is
more extensive in this region, particularly when isopycnals are at their shallowest. WT6 is
remarkably quiescent from the surface to 430m. Deep and surface thermoclines are better
defined than in previous stations, and the deep thermocline is deeper, from 400m to the
maximum profiling depth of 600m. Epsilon of 10-7 W kg-1 is concentrated between the 6˚C
and 6.5˚C isotherms, whilst the rest of the water column remains an order of magnitude lower.
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Figure 4.16: Log10 epsilon time series from MSS profiles at a) WT2, b) WT4 and c) WT6.
Isotherms are overlain in white and profile locations in black.

4.4.2 Estimates from Thorpe Scale
Figure 4.17 gives an example of Thorpe displacements from MSS density profiles at M800W.
Thorpe displacements at a depth of around 500m in Figure 4.17a correspond to the profile
taken through the elevated mixing region at 1700 GMT and are in excess of 60m. Figure
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4.17b corresponds to the profile through the area of equally high epsilon at 2100 GMT.
Despite similar values of epsilon, the displacements in this patch are generally less than 20m.
Both locations are marked in red on Figure 4.14.
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Figure 4.17: Thorpe displacements from MSS profiles at M800W (marked in red in Figure
4.16) at a) 17:00 (profile 27) and b) 19:00 (profile 30)

As discussed in section 2.3.2, epsilon can be calculated from Thorpe scale (LT) and buoyancy
frequency via   0.64LT N 3 . LT is the root-mean-square (RMS) of displacements across an
2

overturn and N is the mean buoyancy frequency over the same region. MSS data allow for
independent estimates of epsilon both from LT and from microstructure shear. Between 480m
and 600m depth in Fig. 4.17a, LT derived epsilon equates to 1.3 x 10-6 W kg-1. Direct
measurements from the MSS profiler result in a mean epsilon value for the same patch of 2.3
x 10-6 W kg-1. At 19:00 (Fig. 4.19b), epsilon derived from LT between 400m and 450m is 2.1
x 10-6 W kg-1, whilst that from MSS is 3.7 x 10-6 W kg-1. These are two very specific
examples of patches of relatively high epsilon values that show order-of-magnitude agreement
between the two methods. Direct comparisons between the Ozmidov and Thorpe length scales
(rather than between quantities derived from them) are made in the following section.
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4.5 Parameter Relations
4.5.1 Length Scales: Thorpe-Ozmidov Comparisons
Thorpe scale provides a measure of the observed vertical size of an overturning patch or eddy
and the estimation of ε from it in the previous section relies upon its proportionality to the
Ozmidov length scale, LO   1 / 2 N 3 / 2 . This defines the theoretical length scale of the largest
eddy that may exist in stably stratified water, provided the scale of motion is large enough for
viscosity to be negligible. A linear relationship was found by Dillon(1982) where LO = 0.8 LT.
Such a relationship can be verified using MSS results given that N, ε and LT are measured
independently. Figure 4.18 displays the relationship between Thorpe length scales derived
from density overturns and Ozmidov length scales derived from the directly observed
dissipation rate and stratification. In agreement with other findings (e.g. Wesson and Gregg,
1994), most observations lie between LT =LO and LT =1/4LO.
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Figure 4.18: A comparison between the observed Ozmidov length scale and the Thorpe
length scale from a single MSS profile (27) during D321B. Diagonal lines mark LT =4 LO, LT
=LO, and LT =1/4 LO.

4.5.2 Dependence of Epsilon on Stratification and Shear
Some of the results presented so far indicate a visual relationship between shear, stratification
and the dissipation rate of turbulent kinetic energy. Indeed, dissipation tends to follow
79

dynamic instabilities or overturning events; events which have long been diagnosed according
to the Richardson number (Ri=N2/S2) of the associated flow. Low Richardson number
(Ri<0.25) has been found to define a high mixing environment (see Chapter 2).
Figure 4.19 shows Ri calculated from 16m averages of N2 from M800W MSS profiles and S2
from VMADCP velocity data recalculated into 16m bins. These data indicate a very unstable
flow (Ri<0.25) not only in the patches already associated with high shear and dissipation, but
in the seemingly quiescent depth range between 150 and 300m. Furthermore, the values in
this region increase in the period after the ADCP was switched from 16m to 8m acquisition
bins (12:00 on 3rd September). Shear values in the region decrease when velocity is
recalculated over 16m bins, but Ri values are low in this region (more unstable) compared to
the time at which velocities were acquired directly from 16m bins. The decrease in shear upon
recalculation does, however, make shear values more similar to those calculated from
horizontal velocities acquired over 8m bins, which are still associated with the predominantly
stable Ri evident in Figure 4.21.
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Figure 4.19: Richardson number from 16m ADCP velocity differences and corresponding
16m average N2 from MSS profiles at M800W. Black represents Ri<0.25, yellow Ri<1 and
light blue Ri>1.

Despite strong visual similarities between Ri at M800W and the dissipation data, no obvious
relationships were found from direct comparisons between Ri and epsilon in any of the MSS
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data. Comparing ε to Ri, however, did not provide any quantitative information on its relative
dependence on the individual components of stratification and shear that the MSS data set
allows. The entire MSS data set was used to produce Figure 4.20. It is a representation of
epsilon values from all microstructure profiles conducted in the WTB, plotted in terms of N2
and S2 with a solid line marking Ri=0.25 and a dashed line marking Ri=1.
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Figure 4.20: Dissipation rate of turbulent kinetic energy from all MSS profiles plotted against
1m binned N2 and S2. The solid line marks Ri = 0.25 and the dashed line marks Ri = 1.
At shear squared values of less than 2 x 10-4s-2, N2 does not appear to have much of an effect
on epsilon, with the exception of some isolated turbulent patches where N2>1x10-4s-2.
Between S2=2 and 4.5x10-4, epsilon also becomes dependent to some degree on the N2 value,
with high stratification suppressing the higher dissipation rates. In this region of S2, the
Ri=0.25 line approximately indicates a region where ε = 6x10-6Wkg-1, with much greater
epsilon values below it and higher above it. When S2 exceeds 5x10-4s-2, associated N2 values
tend to be < 0.6x10-4 s-2, and dissipation is high, indicating that such high shear environments
tend to overpower the ability of the water column to maintain strong stratification. The range
of values across which the relationship can be seen is small, however. Data appear to be
unsuitable for plots comparable to Palmer et al. (2008) or MacKinnon and Gregg (2003) so
are not shown.
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4.6 Discussion
Results presented in this section can be divided into two distinct categories; one containing
the physical observations and one exploring the relationships between them. The physical
observations confirm that the southern edge of the WTB is a strongly stratified region with
motions influenced primarily by semidiurnal tidal motions. Vertical scales of observation are
found to influence the relationship between shear and dissipation rate of turbulent kinetic
energy. Using MSS data, a visual relationship between N2, S2 and ε is apparent. This section
discusses the observations presented so far and how they can best be used to answer the
questions that this thesis aims to investigate; What drives vertical mixing in the WTB ad what
is its impact.

4.6.1 Spatial distribution of θ, S and σθ
Comparison between θ-S properties north and south of the ridge (Figure 4.2) demonstrates the
role that the WTR plays in terms of preventing deep outflow water to the north of the
observed section of ridge from crossing the ridge and mixing at depth with Atlantic water to
the south. Surface waters are similar in both profiles as their properties are both influenced by
Atlantic water, marked by an increase in S and decrease in θ with depth. This results in a
gravitationally stable water column in the upper 200m. Below 200m, both profiles are
predominantly stable (-90<Tu<90), yet the stability is mostly maintained by the strongly
negative θ gradient compensating for a negative S gradient (45<Tu<90) indicating a doublediffusive regime prone to salt fingering (Figure 4.3). South of the ridge, this situation applies
down to a depth of 1000m whilst north of the ridge the maximum depth is reduced to 750m,
where the continuous decrease in θ and S with depth ceases. North of the ridge the presence
of a constant salinity water mass below 750m in conjunction with a stable temperature
gradient results in the water column being stable (-45<Tu<45). South of the ridge at the same
depth range, a continued decrease in salinity maintains a stable water mass that is classified
by the salt fingering regime. Layering of Atlantic and deep water to the north of the ridge
results in a strong thermocline that would not be maintained if the WTR were not present.
Discussion from this point will be focused upon the WTB and not on conditions south of the
ridge.

Pinching of isopycnals towards the southwest of the basin (Figure 4.4a) is a typical
observation that frequently emerges with proximity to the FBC (Borenas et al., 2001; Hansen
and Østerhus, 2000) and that was also observed on the same cross-ridge section in 2003
(Chapter 1). A number of theories exist that might explain the wedge shaped density field,
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including three layer hydraulic flow where an intermediate water mass is added to two layer
theory (Hogg, 1983) and secondary cross-channel circulation forced by bottom and interfacial
Ekman layers (Johnson and Sanford, 1992). Ezer (2006) uses a modelling approach and
attributes the spreading from south to north to the combined effect of upwelling across
isotherms in the middle of the channel and bottom mixing along the northern slope, yet the
dynamics that govern the observed structure are still not completely understood. These
explanations are specific to the FBC overflow, the westernmost limit of the WTB, yet the
entrainment of a water mass could be given as an explanation of D321b results further east.
θS properties across the basin (Figure 4.5) indicate that differences between stations close to
the ridge and stations close to the WTB axis are associated with the presence of three water
masses (MNAW, MEIW and NSDW). Profiles closer to the ridge occupy the mixing line
directly between MNAW and NSAIW, whilst those further from the ridge (CTD54 and
CTD55) occupy the mixing line between MNAW and MEIW to a depth of 650m. Borenas et
al. (2001) describe a pronounced bimodal character that is related to the presence or absence
of MEIW. Depth variation in θS characteristics between profiles is unlikely to be due to
temporal variations in thermocline depth over the sampling period as this should not affect
presence or absence of water masses on such a scale. Differences might, however, be
explained by a thickening of the thermocline with distance away from the ridge and an
influence of MEIW. Hydraulic control and isopycnal positioning is discussed in more detail in
Chapter 7.

4.6.2 Temporal Variability
Time series observations made on board D321b were designed to identify semidiurnal (~12
hour) periodicity through 25 hour occupations at both M800W and M800E, and indeed a
strong semidiurnal signature is present in all observations from both. Clearly the basin is
strongly influenced by an internal tide forced primarily by the M2 harmonic, but
superimposed on this is the combined effect of dynamic processes that require more complex
explanations, given in Chapter 5. Minilog data from M800E provide the best temporal
resolution at 15 seconds with minimal spatial variability given that they are from a fixed
mooring. Vertical resolution between sensors, however, is at best 5m. Besides the strong
semidiurnal signal present in Figure 4.7, a lower amplitude oscillation of the same frequency
but out of phase by between 3 and 6 hours is also apparent. These characteristics suggest that
it is a quarter diurnal harmonic. At these points, mid-way between the trough and the peak of
its semidiurnal oscillation, the main thermocline is at its most diffuse, suggesting that elevated
vertical mixing might have occurred in conjunction with the superimposed secondary tidal
peak. Conversely, a sharper thermocline is maintained on its descent and there does not
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appear to be a similar indication of mixing. On an even shorter time scale, high frequency
oscillations are present along the thermocline throughout the entire record which could be
attributed to turbulent motions generated by the vertical movement of the main thermocline.
Temperature change within oscillations is sufficiently greater than the accuracy of the sensors
for them not to be regarded simply as instrument noise. Processes which might lead to such
observations, such as the mechanisms of generation and breaking of the M2 internal tide, are
investigated in Chapter 5.

4.6.3 Currents
Currents are complex within the WTB and the data available from D321b are sparse.
Mauritzen et al. (2005) highlight the central region of the WTB as being an area where there
is a sloshing or meandering back and forth of dense waters as opposed to a unidirectional flow
through the system. As a result, core velocities were found to be five times greater than that
required to maintain dense water transport. At M800W, where the ADCP penetration is
deepest, oscillations are evident over a semidiurnal period, driving strong (0.5ms-1) currents.
The location of M800W, however, is not where one would expect to find unidirectional flow;
it is located in the corner of a semi-enclosed submerged bay created by a 90˚ curve in the
ridge bathymetry where currents are likely to be complex.

In places where continuous dense water flow towards the FBC is to be expected, the
VMADCP range was not large enough to detect it. It is hypothesised in this thesis that dense
water preconditioning is an important process within the basin, hence understanding the limits
of dense water flow in terms of depth and velocity is of fundamental importance. Such
questions are investigated further in Chapter 7. Whilst the isolated current measurements from
D321b do not provide a significant amount of information on the basin-scale circulation of the
WTB, they are useful from a dynamical point of view as tool by which to explain the nature
of instantaneous stages of circulation and mixing and their association with hydrographic
parameters. Unfortunately, the ADCP penetration depth appeared to be limited by the depth of
the thermocline. It is possible that the density gradient was so strong that it reflected the
ADCP signal, or that it defined a layer of particularly turbid water that the acoustic beams
could not penetrate, or that the water was devoid of scatterers to return the signal.

4.6.4 Length Scale Comparisons
One of the most important length scale parameters in terms of mixing in a turbulent overturn
is the Ozmidov length scale LO. Validating the relationship between this and the Thorpe scale
(LT) adds confidence to the use of LT mixing parameterisations as introduced in Chapter 2.
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Relationships between LO and LT presented in Section 4.5.1 are in agreement with extensive
observations made in the Strait of Gibraltar (Wesson and Gregg, 1994) with most of the data
lying between LT =LO and LT =1/4LO. When first investigated, the fit was found to be LO
=0.8LT (Dillon, 1982) providing that the Richardson number was constant but subsequent
investigators have found values closer to unity (e.g. Ferron et al., 1998). Quantitative
comparison of these length scales requires the selection of further overturn patches from the
data set for LT and corresponding LO calculations.
Correlation between Ozmidov and overturning scales would suggest that overturns are
generally limited by stratification but the ratio ROT =LT / LO changes as turbulence evolves.
Whilst it has been suggested (Gibson, 1980) that newly formed billows are strongly turbulent
and should therefore have large ROT compared to the “fossilized” overturns that are no longer
actively mixing, results suggest that the ROT evolution is in fact from small to large
(Wijesekera and Dillon, 1997). Considering overturns are the early phase of any instability
and microstructure the aftermath (Alford and Pinkel, 2000), it could be expected that finescale instability and small scale dissipation might correlate better when compared between
successive MSS profiles.

4.6.5 Dependence of Epsilon on Stratification and Shear
Relationships between fine-scale N2, S2 and ε are extremely valuable as N2 and S2, being far
simpler to observe, are measured much more commonly than ε. Fine-scale hydrographic
observations from CTD casts and ADCP data are much more widespread than the
microstructure data required for direct calculation of ε. Running the VMADCP whilst the
microstructure profiler was being deployed allowed for an opportunity to compare
calculations from fine-scale velocity measurements with the directly measured dissipation rate
of TKE and temperature. Figure 4.20 does suggest that has ε a dependence on both shear and
stratification but the distribution is very different to that shown in Palmer (2008) and
McKinnon and Gregg (2003). When plotted according to their figures introduced in Chapter
2, no such pattern emerges. Relationships are greatly dependent on the nature of turbulence
observed. Some are apparent in the data presented here, but an extensive study of
interdependence between stratification, shear and mixing parameters in different cases would
be very valuable.
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4.6.6 Summary
A large volume of data obtained during an intensive five-day observational programme has
been presented in this section. The variety of instruments used allows an overview of
hydrographic signatures at a number of different scales from mode one waves with amplitudes
as large as 100m to high values of epsilon derived from the centimetre-scale shear. Arguably
the most striking feature captured is the large overturn detected in the microstructure time
series at M800W (Fig. 4.16). The physical processes associated with the large vertical
overturning scale and high rates of turbulent kinetic energy dissipation are likely to result in
very strong, albeit intermittent, vertical mixing.

Analysis of these data will help to tackle two fundamental questions that remain the priority
of this work; what drives the mixing in the WTB and what is its effect. Chapter 5 tackles the
first question by investigating the potential of the WTR as an internal tide generator. Chapter
6 is an extension of this, using a two-dimensional model to examine the fate of baroclinic
energy within the WTB. Vertical mixing, buoyancy fluxes and associated water mass
modification estimated from the information gathered about the WTB are the focus of Chapter
7.
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5 Internal Tide Generation in the Wyville Thomson Basin
5.1 Stratified Flow and Topography
Oscillations in the thermocline reveal a strong internal tide signature in the WTB. Such
internal tides can be forced by the periodic advection of stratified fluid across topographic
features. Realisation that flow-topography interactions might play a significant role in terms
of diapycnal mixing in the internal open ocean (e.g. Munk and Wunsch, 1998) sparked a large
amount of recent research on the subject (St. Laurent and Garrett, 2002). Two primary foci of
this research are the mechanism of generation of internal tides and the processes by which
their energy is eventually dissipated, the former of which is investigated in this chapter.
D321b results, moored ADCP data, model results and bathymetric data are used alongside
theoretical techniques as a tool to examine the potential for internal tide generation in the
vicinity of the WTB.

5.1.1 Forcing
In theory, analysis of bathymetry, stratification and barotropic tide should allow quantification
of the internal tide generation potential of an area. The problem of predicting barotropic to
baroclinic energy conversion via interaction with a stratified flow has been approached with a
number of analytical models based on linear dynamics. For very weakly sloping topography,
the model of Bell (1975) is often applied (Khatiwala, 2003; St. Laurent and Garrett, 2002).
Baines (1982) combines models based on ray tracing (Baines, 1973) and mode theory to
present a composite model in which internal waves may be generated both on an interface and
in continuous stratification. A fundamental consideration is that internal wave motion is
driven by a body force F, defined via the perturbation due to barotropic motion of a
background density field. Given that the barotropic tide is hydrostatic, barotropic motion can
be described as a volume flux. Although this concept is based on shallow, generally seasonal,
thermoclines, it is applicable also to a deep thermocline such as is present on the WTB or
indeed any thermocline defined by an increase in stratification relative to the N 2 profile.
Further analyses are based on that of Baines (1982) model.
Baines (1982) proposed a „forcing function‟ or measure of internal tide generation potential
dependent primarily on bathymetric slope, stratification and barotropic tide amplitude and
frequency. He showed that the restoring force that responds to displacement of isopycnals
when an oscillating barotropic current moves over a topographic feature has amplitude (F).
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F 

QN 2 dh dx 
sin 

h2

(5.1)

where Q is the depth integrated barotropic flow, h is the total water depth, x is a coordinate
perpendicular to isobaths and ω is the frequency of the M2 tide.

5.1.2 Parameter Space
Fundamental factors influencing internal tide generation by a ridge can be summarised using a
number of dimensionless parameters derived from the physical parameters that will be
quantified in this chapter. Key quantities include the amplitude and frequency of the
barotropic tide (U, ω), the Coriolis and buoyancy frequencies (f, N2), the total water depth (h)
and the height (H) and length (L) scales of topography (Figure 5.11). Assuming a sinusoidal
seafloor shape, horizontal scale of the bathymetry is also referred to by its wavenumber (k =
1/L). Similarly, topographic amplitude, or vertical bathymetric scale can be treated as a
wavenumber (m = 1/H).

U(t)
L
H

h

Figure 5.1: Notation used to define properties of a 2-D Ridge slice.

St. Laurent and Garrett (2002) explore the influence of finite depth, stratification and tidal
forcing on internal wave energy in a 2D model. They present a classification of internal wave
response in terms of a tidal excursion and a steepness parameter.

Relative magnitude of horizontal distance travelled by tidal flow versus the horizontal length
scale of the topography (k-1) is defined by the tidal excursion parameter kU/ω or U/ωL. Two
basic regimes exist for the generation of internal waves, depending on the relative magnitudes
of the tidal excursion and the horizontal topographic length scale. Where the tidal excursion is
less than the scale of the topography, internal tides are generated mainly at the frequency of
the tidal forcing. Where U > L, „quasi steady lee waves‟ are produced that propagate only
upstream. In terms of the WTR, the topographic length scale (L), taken to be the width of the
ridge crest is in the order of 20km. Tidal excursion is calculated via U/ω where U is the
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magnitude of the flow speed and ω is the tidal frequency. For the WTR, U across the ridge
crest is O(10-1 ms-1). Tidal frequency taken as M2 for the dominant forcing is 0.0805 cph
giving a tidal excursion of approximately 4.5km. U/ωL in this case equates to 0.23 and is
therefore < 1 so internal tide generation at the frequency of tidal forcing in either direction is
to be expected if stratification allows.

Tall & Wide

Tall & Narrow

Hawaiian Ridge,
Wyville
Thomson Ridge

Knight Inlet

Low & Narrow
Low & Wide

Small scale
roughness of
Mid Atlantic
Ridge

Mid Atlantic
Ridge

Figure 5.2: Classification of internal tide generation regimes according to non-dimensional
topographic steepness and tidal excursion parameters (St. Laurent and Garrett, 2002) with
added familiar descriptions in red and global examples in blue.

The relative steepness of the topography when compared to the internal wave slope as
described in section 5.6 is commonly used as a dimensionless parameter in terms of the
response to tidal flow over topography. It is referred to as the topographic steepness parameter
and whether it is subcritical or supercritical will affect predictions of internal tide generation.
Barotropic to baroclinic energy conversion is enhanced by a factor of two for steep slopes and
deep fluid compared to subcritical slopes (Klymak and Legg, 2010; St. Laurent et al., 2003).
Furthermore, as discussed in section 5.6.3, the topographic steepness parameter can be used to
assess the likely fate of baroclinic energy impinging on a topographic feature.

Quantification of tidal excursion and topographic steepness parameters enables a given
oceanic situation to be placed into a representative regime. Figure 5.2, taken from St. Laurent
and Garrett (2002), illustrates the four slope categories quantifiable from these two
parameters. Supercritical topography with a tidal excursion parameter < 1 describes the
situation applicable to the WTR. Energy arriving at the basin perimeter, at least that bounded
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by the WTR, tends to be reflected back into the basin. Also, internal wave generation occurs
steadily in both the upstream and downstream directions, primarily with the same frequency
as the dominant tidal constituent. This classification suggests that observations and analyses
made about the Hawaiian ridge are applicable to the WTR region.

5.2 Bathymetry
The bathymetry used in this study is a combination of the Smith and Sandwell (1997) two
minute longitude resolution global dataset and the General Bathymetric Chart of the Oceans
(GEBCO). The composite data set (Smith and Sandwell, 2004) was derived initially from
satellite-measured gravity anomaly in order to determine the ocean depth (Smith and
Sandwell, 1997). It was subsequently augmented with ship sounding data from the GEBCO
one minute resolution database, particularly in shallower and coastal regions where satellite
readings are less effective. Resultant one minute longitude resolution (Figure 5.3a) equates to
approximately 900m grid spacing at 60°N. Data were analysed using Matlab® for visualisation
and calculation of relevant parameters.

5.2.1 Topographic Length Scales
The WTR is around 160km long and 15-20km wide and varies in depth between 350m and
620m with the deepest point 60km from the western end (Figure 5.3b). End points were
selected on the bathymetric grid for the red line shown on the upper panel. A simple linear
interpolation was used to extract a smooth profile of the sea floor shown in the lower panel.
Complex topography complicates current flow patterns in the vicinity of the ridge. Accurate
modelling of physical process therefore requires detailed knowledge of bathymetric features.
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Figure 5.3: a) Contour plot of regional bathymetry from the one minute resolution database
(Smith and Sandwell, 2004) with depths marked in black. Red line shows location of ridge
section. b) Bathymetric section of ridge illustrating the scale of the feature. Location of
ADCP used for validation of tidal model is marked by the yellow dot.

5.2.2 Slope Angle and Aspect
Figure 5.4 is a representative cross ridge section based on the PA section (CTD61 to CTD54),
taken from the bathymetric grid using the same technique as described for Figure 5.3b.
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Figure 5.4: Two-dimensional cross section of WTB based on the PA Section (CTD 61-54).

Figure 5.5a presents the slope aspect in degrees clockwise from north derived from
bathymetry with the top of the WTR highlighted. The southern slopes of the WTR vary
between south, southeast and southwest, whilst the northern slopes are predominantly north
facing. Even at this resolution, it is clear that the WTR and surrounding region is spatially
complex and variable.
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Figure 5.5: Slope aspect in degrees clockwise from north (a) and slope angle in degrees from
horizontal (b) according to Smith and Sandwell (2004) bathymetry. The yellow highlight
marks the approximate position of the crest of the WTR.

Figure 5.5b illustrates the steepness of the slope regardless of direction and illustrates that the
eastern end of the ridge (highlighted as for Figure 5.3) has steeper banks than the western end.
Seafloor angle and aspect information is particularly valuable for internal tide calculations.
Figures 5.3 and 5.4 illustrate important steps towards analysis of tide-topography interaction
by gridding the required variables for further calculations.
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5.3 Mean Stratification
5.3.1 Method: Finding a Realistic Mean
Stratification within the basin is strong and yet spatially and temporally variable. Strongest
stratification is present in the deep thermocline where it approaches the WTR. The process of
deriving a theoretical mean N2 value from such a highly variable region is not trivial. For the
purpose of this analysis, a constant stratification profile is assumed within the WTB,
disregarding any spatial variability. Consequences of such an assumption are discussed later,
but this approach leaves only temporal variability to deal with. Temporal variability over the
semidiurnal tidal period is the major issue in the Faroese channels, particularly close to the
WTR, as it alters the thermocline depth by over 100m in places. All CTD casts are, therefore,
snapshots of a constantly changing density field, hence selecting one at random could lead to
a misrepresentation of pycnocline depth by at least tens of metres. Furthermore, taking a
simple mean of all profiles at one site where the pycnocline depth is constantly changing
would result in an unrealistically diffuse pycnocline. To overcome this uncertainty,
microstructure time series were used to ascertain the mean depth of the thermocline during a
tidal cycle. The time at which the pycnocline was at its mean depth was deemed to be a
realistic example of background stratification and a corresponding single profile was used.
As discussed in Chapter 4, the pycnocline becomes more diffuse with distance north of the
WTR. Stratification weakens and the thickness of the pycnocline increases. Internal wave
calculations made using the M800W profile would show an energy propagation angle closer
to horizontal at the thermocline than those based on that at CTD54, but over a smaller depth
range. It would also imply a greater forcing potential in areas other than the northern slopes of
the WTR than would be realistic. For the sake of assessing the lower bound of potential for
internal tide generation and the fate of baroclinic energy, CTD54 was taken to be
representative of the basin. Timing of this CTD cast was less of an issue than those further
inshore as the time series at WT6, the nearest microstructure station to CTD54, showed very
little variation in thermocline depth (<10m) over four hours of sampling. CTD54 was the
deepest cast taken and also it was centrally located between the WTR and the Faroe shelf.

5.3.2 Smoothed Profiles
The CTD casts chosen to be representative of a region were used to construct simplified
profiles, ignoring small scale variations that might be the signatures of dynamic motions as
opposed to the background conditions relevant to this work. Profiles of N2 were created at a
resolution of 50m, interpolated on to a 1m resolution and subsequently smoothed with a 50m
moving average window.
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Figure 5.6: N2 profiles representing conditions north (dotted) and south (solid) of the WTR.
Figure 5.6 shows two profiles, one for the region to the north (dotted) and one for the region
to the south (solid) of the WTR. The northern profile displays two major peaks in
stratification, one being the seasonal thermocline at a depth of >100m and one being the
permanent thermocline between 500m and 600m depth, representing the boundary between
Atlantic and Nordic Sea waters. The southern profile displays only the seasonal thermocline.
Profiles were created from smoothed data from CTD casts at CTD61 south of the ridge and
CTD54 north of the ridge. CTD 61 was selected as it was the deepest profile available from
the „PA‟ section south of the ridge.

5.4 Barotropic tide
This section focuses on deducing the dominant amplitude and direction of tidal currents in the
vicinity of the WTR. Cruise data presented so far are of an insufficiently long time period to
allow resolution of tidal frequencies. Two separate data sets have been used in order to
resolve the barotropic tidal signal in the region; in situ mooring data from a nine month
ADCP deployment on the WTR and data from a high resolution model run for the cruise time
period. Analyses of model and in situ current datasets using T-Tide for Matlab (Pawlowicz et
al., 2002) are presented here.

5.4.1 Harmonic Analysis of Tides
Astronomical tidal constituents (e.g. M2 and S2, see Table 5.1) are identified by specific
frequencies, resolvable by the least-squares harmonic analysis method. In classical harmonic
analysis, tidal forcing is modelled as the sum of a finite number of sine and cosine waves at
certain frequencies. Frequencies are known and specified, allowing for the demodulation of
the main signal being analysed. Gravitational forces on the ocean vary as a result of the
94

relative positions of the Earth, Moon and Sun over days, months, years and more. Consequent
motions contain the fundamental frequencies of such forcing, associated primarily with the
rotation of Earth (diurnal and semidiurnal) and the orbit of the Moon around the Earth
(monthly and fortnightly). Earth‟s orbit around the Sun produces semi-annual and annual
variability and longer period astronomical motions are also imposed on the tidal forcing.
Shallow water constituents might also be present, associated with the effects of bottom
friction and nonlinear motions, along with those that originate from atmospheric forcing.
Frequencies can be resolved by calculating current spectra, but this method tends to gives
broad peaks in the frequency domain whilst classical harmonic analysis is better for
distinguishing distinct frequencies.

T-tide (Pawlowicz et al., 2002) is a set of codes written for Matlab based on least squares
harmonic analysis algorithms, which aims to estimate phase and amplitude of harmonic
constituents in order to allow longer term tidal predictions. Vector time series are represented
as complex numbers in 1 hour intervals. The degree to which similar frequencies can be
separately resolved depends on the Rayleigh criterion. Two adjacent frequency components
are just resolved when the peaks of the spectra are separated by frequency difference ∆f =
1/N∆t where N number of samples and ∆t the time step between them. Essentially the longer
the time series at a given sampling rate, the better the resolution of frequencies, but given two
frequencies, their difference multiplied by the record length should be less than unity. T-Tide
was used primarily in order to ascertain that M2 (0.0805 cph) was the dominant frequency in
the region and to be able to extract information about the magnitude and orientation of the
tidal ellipse for use as an input for theoretical tide generation models. S2 (0.0833 cph) is the
next most significant constituent. The sample length (T) required to resolve these frequencies
must be greater than 1/|f(M2)-f(S2)| = 355 hours or 14.7 days (Blumberg and Mellor, 1987).

5.4.2 Moored ADCP
Mooring time series from historic ADCP deployment data were acquired from SAMS
records. The „WTR Notch‟ ADCP was a 75 kHz upward looking instrument deployed as
marked on Fig. 3.1 for nine months in 2003, from 01/08/03 to 26/05/04. The data have not
previously been analysed. T-tide was used to analyse which tidal constituents were present
and their relative influence the region. Initially, the entire nine month record was analysed as
one, but this produced only a 38% „variance explained‟ from T-Tide constituent signals.
Variance explained is the variance in the signal that is explained by the model, so a low
variance explained means that a large proportion of the signal is seen as unexplained
randomness, perhaps from smearing of the velocity spectrum as a result of internal tide
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activity. Location of the ADCP is likely to have influenced the ability to capture purely tidal
signals. Currents at that location, at a deeper section of the ridge than its surroundings, might
be susceptible to being channelled, interfering with the tidal flow ellipse.
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Figure 5.7: a) east and b) north components of barotropic flow from the notch ADCP
mooring (blue) and the corresponding tidal fit from T-Tide (cyan).
Selection of a four month time period (August to December 2003) from the data set produced
a variance explained of ~70% (Figure 5.7). Errors are calculated within the programme and a
standard statistical method is used to produce 95% confidence intervals. Another measure of
the reliability of the data is the signal to noise ratio (SNR) shown in the final column of Table
5.1. It is based on the square of the ratio of major amplitude to error and the higher the SNR
the more significant the constituents. Table 5.1 shows the output from the shorter run. It lists
the constituents apparent in the time series and lists the parameters that describe the ellipse for
each (major axis, minor axis, inclination and phase). M2 is clearly the dominant signal, with a
major axis amplitude of 0.203ms-1 and an SNR of 320. S2 has the next highest amplitude of
0.073ms-1 with an SNR of 43.
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Table 5.1 Output of T-Tide analysis for four month ADCP data section. M2, the dominant
constituent, is highlighted in yellow. Constituents with a SNR <2 have been removed for
clarity.

Constituent

Frequency
(cph)

Major
-1
(ms )

Q1
O1
K1
N2
M2
S2
M4
SN4
MS4
2MS6

0.037219
0.038731
0.041781
0.078999
0.080511
0.083333
0.161023
0.162333
0.163845
0.244356

0.005
0.009
0.009
0.04
0.203
0.073
0.01
0.005
0.006
0.003

Major
error
0.002
0.002
0.003
0.012
0.011
0.01
0.003
0.003
0.003
0.002

Minor
-1
(ms )

Inclination
(°)

Inclination
error

-0.01
-0.01
-0
-0.02
-0.1
-0.03
0.003
0.003
0.004
-0

122.21
4.58
5.68
37.92
34.01
38.7
129.75
168.95
112.85
156.57

119.44
31.03
17.09
23.5
5.03
13.16
23.81
82.44
48.59
39.46

Phase

230.52
12.22
216.78
206.87
224.42
259.42
173.1
244.92
251.81
206.53

SNR

5.2
14
9.7
11
320
48
9.7
3
4.7
2.9
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Figure 5.8: Spectrum of barotropic velocity from „notch‟ ADCP with lunar (blue) and solar
(red) semidiurnal (dotted) and quarter diurnal (dashed) frequencies marked. The black dotted
line marks the inertial frequency at 60˚N.

A simple power spectrum of horizontal currents confirms that the dominant frequencies are
semidiurnal. Figure 5.8 shows the spectrum of eastward barotropic current velocity taken
from a section of the same ADCP velocity record. The dotted blue and red lines indicate M2
and S2 frequencies, both coinciding with very clear peaks in the spectrum. A minor quarter
diurnal peak is also apparent (dashed lines) but there is no peak associated with the inertial
frequency (black dotted line)
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5.4.3 Atlantic Margin Model
Observations of currents in the WTB region are too sparse to give a representation of
variation in barotropic tide along the ridge. For this purpose data from a high resolution model
run have been acquired. The Atlantic Margin Model (AMM) is nested within the Proudman
Oceanographic Laboratory Coastal Ocean Modelling System (POLCOMS) model which
covers the North East Atlantic shelf. It is run daily with no assimilation, providing depthmean u and v data on an hourly basis at a resolution of 12km. Data from 15/08/2007 to
01/10/2007, which covered the D321b cruise period, were kindly provided by Sarah Wakelin
from POL. T-Tide harmonic analysis was conducted on the model data in order to extract
information on the constituent ellipses. This differed from the ADCP analysis in that the
model had initially been forced with certain frequencies; Q1, O1, P1, S1, K1, 2N2, MU2, N2,
NU2, M2, L2, T2, S2, K2 and M4, so T-Tide was programmed to search only for these in this
analysis. Tidal analysis was run for the full length of the time series at each geographical
location in the model and M2 was ascertained as the dominant constituent. Figure 5.9
summarises the model output in the form of M2 tidal ellipses plotted over the bathymetry of
the WTR. Ellipses run essentially perpendicular to the ridge, with the mean angle of
inclination of the M2 ellipse being 12.5° anticlockwise from horizontal and the ridge being
115°. As indicated by Equation 5.1, internal tide generation is most effective when the flow is
across the steepest seafloor slope as is indicated here.
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Figure 5.9: M2 tidal ellipses from analysis of AMM barotropic currents. The ridge crest is
highlighted in yellow
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5.4.4 AMM-ADCP Comparison
Given the spatial limitation of the ADCP data, its primary use in this study was to check the
integrity of the AMM data. Figure 5.10 displays the M2 and S2 ellipses from both the ADCP
analysis and the model data location closest to the ADCP location. They are clearly in very
good agreement in terms of both amplitude and angle from horizontal. Inclination in both
cases is ~38˚ but there is more variation in current magnitudes. M2 is overestimated in the
model, by a greater extent in the NW/SE component of flow (minor axis) than along the major
axis. On the contrary, the major axis of the S2 component is slightly overestimated whilst the
minor axis magnitudes differ by less than 1 cms-1. This study is not designed to provide a
detailed analysis of the barotropic tide in the region, but shows a strong M 2 dominance over
the region and justifies the use of the AMM output for further theoretical work on the
generation of internal tides.
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Figure 5.10: M2 (outer) and S2 (inner) ellipses from ADCP data (dotted) and nearest AMM
reference point (solid).

5.4.5 Across Slope Flow
With knowledge of both the aspect of the seafloor and magnitude of tidal flow in any
direction, the two factors can be combined to determine the M2 tidal flow in the direction of
the maximum slope (Figure 5.11). For this purpose, at every bathymetric data point, the M2
current magnitude in that direction was found from the nearest M2 current ellipse rather than
interpolating the ellipse components onto the bathymetric grid. This still allowed the
resolution of the bathymetric grid to be maintained for the resultant along-slope current grid.
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Figure 5.11: M2 current magnitude in the up/downslope direction.
Current magnitude parallel to the seafloor slope surrounding the WTR reaches 25cms -1, a
substantial amount considering that this is from M2 forcing alone, and does not include the
mean north-eastward flow near the surface which reaches 40cms-1 in its core further upstream
(Mauritzen et al., 2005). Shelf current magnitudes are even higher than this due to the shallow
water depth and less eccentric ellipses with greater magnitudes in the direction of the semi
minor axis.

5.5 Internal Tide Generation
5.5.1 2D Ridge Slice
This analysis is based on the Baines (1982) model introduced in section 5.1. Dimensionless
body force amplitude (F) for a 2D ridge slice based on the PA observational CTD section
across the ridge is shown in Figure 5.12. Amplitude is calculated according to Baines (1982)
and Huthnance and Baines (2001);
 N
F  
 N max

2

 dh hb z

 10 3
2
 dx h

(5.2)

where hb (shelf break depth) is taken as the ridge crest at a depth of 330m, h is the water
depth, x is horizontal distance and z = -h(x,y). Maximum forcing occurs in the seasonal
thermocline above the northern slope of the WTR, yet the model suggests that forcing of
comparable magnitude is acting upon the deep thermocline in the highly stratified WTB.
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Regions of strong forcing are small in comparison to the domain. Tidal current magnitude and
forcing frequency are not accounted for in the model presented above; it shows purely the
response to an assumed input of barotropic energy. Elevated forcing function near the surface
is likely to result in the generation of isolated internal waves known as solitons, which would
propagate away from the ridge in both directions. Synthetic aperture radar imagery (Apel,
1987) shows evidence of the surface signature of such waveforms, yet it would appear that no
work has been conducted to date on these features in this region. A vast literature exists for
other regions (e.g. for the Bay of Biscay see Azevedo et al., 2006) which is beyond the scope
of discussion in this thesis but could be pursued in future work.

WTR

WTB

Figure 5.12: A 2D slice across the WTR showing the dimensionless amplitude of internal
tide forcing.

5.5.3 Spatial Variability
In order to investigate the spatial variability of internal tide forcing, Equation 5.1 was applied.
Bathymetry and AMM current output were combined across the domain of the WTB and
WTR. For every single bathymetric point, the slope aspect was calculated along with the
corresponding M2 current magnitude as described in sections 5.2.2 and 5.4.5. Stratification at
the sea bed was estimated by taking the N2 value from the generic profile for the region at the
same depth as the sea bed. In this case a further region was inserted for the Faroe slope with a
more diffuse thermocline (lower thermocline N2 value) than that applied to the northern slopes
of the WTR based on extrapolating the trend in the PA section and the „Br‟ section in
Mauritzen et al. (2005) .
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CTD54

CTD61

Figure 5.13: An estimation of forcing function at the sea bed in the vicinity of the WTR
based on Baines (1982). White lines mark boundaries of different stratification profiles used.
CTD profiles upon which stratification was based are marked with white stars.
Although the scale in Figure 5.13 is somewhat arbitrary, it represents a vertical force per unit
mass and illustrates a distinct band of high forcing potential between 400m and 600m water
depth extending along the northern slope of the WTR and an order of magnitude lower all the
way around the WTB. The magnitude of the internal tide generated is proportional to F.

5.6 Critical Angles
5.6.1 Characteristics
Critical angles are defined by two properties; the slope of the sea floor and the angle of
propagation of internal wave energy (internal wave characteristic). Given knowledge of the
stratification, tidal frequency and bathymetry, it is possible to compare the seafloor slope with
the characteristic slope of an internal wave, allowing the fate of baroclinic energy in different
circumstances to be predicted. The angle of propagation of internal wave energy (β) is defined
as

  sin

1

2  f 2
N 2  2
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(5.3)

where ω is the forcing frequency, in this case that of the M2 tide, f is the Coriolis frequency
and N is the buoyancy frequency. Figure 5.14a shows the angle to the horizontal as a function
of realistic stratification for the M2 tidal frequency. The stronger the stratification (or lower
the tidal frequency as ω → f) the closer the angle to the horizontal, as the situation tends to
that of an interfacial wave.
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Figure 5.14: a) Variation in M2 internal tide characteristic angle as a function of stratification.
b) Path of a characteristic generated where the pycnocline meets topography.

Figure 5.14b shows the path of an M2 internal tide characteristic assuming generation where
the pycnocline meets the sea bed. The stratification is based upon conditions in the WTB, as
described in section 5.3.2, assuming generation where the pycnocline meets the WTR.
Reflection from the seafloor occurs deeper than 1000m hence the gap between 130 and
140km away from the ridge crest.

5.6.2 Reflection
When an internal tide characteristic is reflected, it always maintains a constant angle to the
horizontal or vertical and not the angle of the medium by which it was reflected, as illustrated
in Figure 5.15. The slope of the seafloor to the vertical is defined as α and shown as the bold
line whilst arrows represent the propagation of internal wave energy. An incoming
characteristic with a shallower angle to the horizontal than that of the seabed (α>β) will be
reflected offshore whilst when α<β it will continue onshore. Such characteristics represent
subcritical and supercritical waves respectively with respect to the seafloor (e.g. Gerkema et
al., 2006). Critical reflection occurs when α=β and results in dissipation of the energy
contained in the beam. Critical slopes are, therefore, the regions where intense mixing is to be
expected, driven by the energy lost from internal wave beams.
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Figure 5.15: A schematic to show the response of characteristics at an angle β to the
horizontal to reflection from a sea floor slope at an angle α to the horizontal.

Care must be taken to ensure whether the criticality of the wave or the topography is defined.
The situation of subcritical wave characteristics (α>β) may also be defined as a supercritical
topography. Topography is referred to as subcritical when the seafloor slope is less than that
of a tidal beam (St. Laurent and Garrett, 2002). The latter convention is adopted here, with the
criticality relating to the seafloor.

5.6.3 Regional Classification
Stratification and bathymetry from the vicinity of the WTB were combined in order to assess
the criticality of the slopes with respect to the M2 tide. The method used involved taking the
mean stratification profile for the basin (see section 5.3.2), calculating the characteristic angle
of an internal wave beam at every depth location on the bathymetric grid, and comparing it to
the slope of the seafloor at that point. Figure 5.16 illustrates the distribution of subcritical,
supercritical and critical topographic slopes in the region at the same resolution as the
bathymetric grid. Critical topographic slopes were taken as those within ±0.5˚ of the
characteristic slope. The 400 to 800m depth band marks an intense critical region, causing any
internal wave energy that reaches it to be dissipated in the vicinity of it. Subcritical slopes at
depths of <400m will allow energy to propagate out of the basin, either over the ridge or onto
the shelves. Deeper subcritical slopes will allow the energy to continue to propagate in its
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direction of travel. Supercritical slopes, marked in grey, will reflect any energy that is not
dissipated near the critical slopes back into the basin. Figure 5.16 suggests that the majority of
internal wave energy will be trapped inside the WTB until it is dissipated. Dissipation will not
only occur through topographic interactions but also through interaction with other waves
propagating within the basin.
Subcritical (white), critical (grey) and supercritical (black) regions using an N 2 profile from PA9
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Figure 5.16: Regions of subcritical (white), supercritical (grey) and critical (black)
topographic slopes with respect to the M2 internal tide and the stratification of the WTB.

5.7 Discussion
5.7.1 Stratification
Generation of internal tides by the WTR is not a new discovery (e.g. Sherwin, 1991).
Analysis of available data, however, suggests that the entire perimeter of the WTB rather than
just the WTB is likely to be an effective generator of internal tides, particularly around the
depth of the main pycnocline. Hall et al. (2011) find a very similar pattern of internal tide
generation to this study by investigating energy conversion using the hydrostatic threedimensional Princeton Ocean Model, yet this finding is constrained by using a generic profile
from the north-eastern end of the WTB. So as not to overestimate generation potential in this
study, a generic profile with a more diffuse pycnocline was generated and used over the Faroe
shelf, based on the review of the region by Hansen and Østerhus (2000). Despite the reduced
stratification in the Faroe Shelf, the generation potential was only an order of magnitude less
than on the WTR, highlighting the potential importance of both slopes in terms of internal
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wave generation. Conversely, the generation implied on the WTR itself could be an under
estimation of potential, as the stratification is strongest where the pycnocline meets the ridge
(See chapter 4). Ridge depth varies by over 300m and is at some points deeper than the
pycnocline as it is represented by the generic profile. More observations are required in order
to understand the behaviour of the water masses at this point. ADCP data suggest evidence of
overflow events in February and May, at which time the pycnocline might be raised from its
usual position where it is constrained by the north slope of the WTR. Spatial variability in
thermocline depth is a major factor in the region and without a more sophisticated
understanding of its behaviour it is difficult to improve internal tide generation estimations.

5.7.2 Bathymetry
Quality of bathymetric data will also affect the outcome of the generation potential. A survey
in 2005 revealed a gully leading towards the WTR that was previously undiscovered (Sherwin
et al., 2008), highlighting the fact that available data of the regional bathymetry might be
inaccurate at high resolution. Bathymetry is an important factor when considering energy
dissipation and mixing in a region, as its interaction with flows can lead to enhanced mixing
associated with internal wave generation. The latest version of the Smith and Sandwell one
minute bathymetry was used for internal tide calculations, yet this might still contain some
artefacts relating to the satellite altimetry method used to estimate depth. This issue is
discussed further in chapter eight, though for the purpose of estimating larger scale seafloor
slopes to estimate generation potential, it seems adequate. Greater concern is required
regarding its use for the analysis of smaller scale flow-topography interaction processes
involving boundary layer flows, for example.

5.7.3 Tides
A noteworthy constraint of this investigation is the fact that only the M2 signal is used. Flows
in the vicinity of the WTB are far more complicated in reality than those indicated by the
simple M2 ellipse that has been extracted. However, it is by far the most influential tidal
signal in the region and provides a conservative estimate of generation potential given that
actual currents are most likely to be stronger than those described by the M 2 component. Data
from the POLCOMS AMM model provide a useful tool for investigating tide topography
interactions on a basin wide scale. Forced with 15 constituents, it does seem to provide a good
realistic agreement with in situ data and T-Tide extracts the M2 signal with good confidence
intervals. The „Notch‟ ADCP is possibly a poor choice for extraction of a tidal signal because
of its location, in a channel on the ridge crest where currents might behave differently to the
rest of the ridge. Tidal data were analysed as vectors in their complex form (u=ui+uj) which is
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based on a physical model of a rotating current vector. Such a model is only valid for linear or
almost linear waves (Pawlowicz et al., 2002). For the ADCP data in particular, within a
region of such great topographic influence, it may be wise to look at individual scalar time
series of along and across channel flow rather than assuming a linear model. It might also be
necessary to analyse individual bin depths to separate mean flow and tidal components more
accurately given the opposing flows that are likely to lead to unrealistic depth-averaged data.
This was not attempted however, with the single data set available from the ridge that did not
penetrate far enough for accurate depth averages.

5.7.4 Conclusions
Despite the constraints discussed above, this chapter clearly highlights the potential of the
entire perimeter of the WTB rather than just the WTR as a generator of internal tides. It
provides a first step in understanding the origin of the large semidiurnal oscillations of the
pycnocline observed in the basin in D321b and before and surface manifestations of internal
tides detected in satellite images. The fundamental outcome of this analysis is that not only is
the WTR likely to be a very effective generator of internal waves, specifically the M 2 internal
tide (Figures 5.12 and 5.13), but the perimeter of the WTB is most likely to trap this energy
within the basin until it dissipates (Figure 5.16), thus driving high levels of vertical mixing.
Work still needs to be done to quantify this potential in terms of the baroclinic energy input to
the basin and the consequences of using a generic stratification profile in such a dynamic and
spatially variable region.
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6 Modelling Tide-Topography Interaction
6.1 Introduction
6.1.1 Motivation
Observations have been made throughout the WTB revealing that it is an area of high
baroclinic energy strongly influenced by the internal tide. Spatial and temporal limitation of
data, however, leads to difficulty in determining the extent and frequency of energetic events
and therefore in quantifying their overall contribution to total diapycnal mixing.
Understanding of observed physical processes and their driving mechanisms can be greatly
aided by the ability to simulate them numerically, particularly in a situation such as the WTB
where it seems possible to simplify the problem in terms of tidal flow, stratification and
topography. Chapter 5 introduced simplified tidal current magnitude, buoyancy frequency and
bathymetric information and assessed the potential for barotropic to baroclinic energy
conversion and its fate using a simple, linear, analytical internal tide generation model. This
chapter presents the use of further modelling techniques using an oceanic General Circulation
Model (GCM) to investigate the response to tidal forcing of stratified fluid over a simplified
ridge and a simplified basin in two-dimensional space and the insight that this has given
towards understanding processes in the WTB. The key ambition is to see whether observed
dissipation values are seen within the model and to investigate further the importance of the
WTB being a basin as opposed to a ridge to the onset of mixing within the basin.

6.1.2 Chapter Outline
Section 6.2 introduces some of the theory behind various circulation models and their
application to ocean mixing, whilst the model used in this study is presented in finer detail in
Section 6.3. Two model runs are presented; a simplified ridge cross section in section 6.4 and
a simplified basin cross section in Section 6.5. Results are discussed and compared to
observational data in Section 6.6.

6.2 General Circulation Models
6.2.1 Theoretical Background
A number of both atmospheric and oceanic GCMs, mathematical models of planetary
atmospheres and oceans on a rotating sphere, have been developed during the last three
decades. Such large scale models have more recently been used to approach the problem of
internal waves produced by stratified tidal flow over topography and their role in the
production of turbulence and mixing. Three-dimensional distribution of currents, potential
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temperature, salinity, pressure and density characterises the physical state of the ocean at any
time. Such information is obtained by solving the equations of motion, continuity, heat, salt
and state, referred to collectively as the Navier Stokes equations (Chapter 2), to give the
future state based on knowledge of the present. The Boussinesq approximation, where such
small density variations (<2%) in the ocean allow it to be described as a mean value, is
applied to the theoretical description of internal waves and stratified shear flows as well as in
the denominator of the buoyancy frequency equation in most models. Knowledge of density
variations is, however, essential when determining physical processes due to gravity or
buoyancy forcing and the Boussinesq approximation is not applied in these cases. The
incompressible Navier Stokes equations are solved in fully non-hydrostatic ocean models,
whilst in quasi hydrostatic models the precise balance between gravity and pressure gradient
forces is relaxed. Hydrostatic models employ further approximations by use of hydrostatic
primitive equations (HPEs) where the vertical momentum equation is replaced with a
statement of hydrostatic balance (Marshall et al., 1997b). Such an approximation assumes that
pressure is simply related to the weight of the water column and is valid providing that
vertical scales of motion are much less than the horizontal scales. Ocean models used in
climate research and large scale numerical models of the ocean circulation tend to be
hydrostatic, which in general is an acceptable approximation when applied to horizontal
scales of motion greater than 10km. It is, however, incapable of resolving motions on small
length scales associated with the steepening and breaking of internal waves that lead to the
highly non-linear dynamic processes of interest within this thesis.

6.2.2 Application to Mixing Studies
A number of studies, based in the vicinity of the Hawaiian Ridge in particular (Holloway,
2001; Merrifield and Holloway, 2002; Merrifield et al., 2001), have used the fully threedimensional Princeton Ocean Model (Blumberg and Mellor, 1987) with realistic forcing and
bathymetry to simulate internal tides and calculate barotropic to baroclinic energy conversion.
Although three-dimensional models are more realistic than two-dimensional models, the CPU
requirement is much greater. CPU demand is minimised in the Princeton model by employing
the hydrostatic approximation described above. Such studies have provided great insight in
terms of barotropic to baroclinic energy conversion but, owing to the approximation, cannot
help us to understand the oceanic structure at small scales or show where and when baroclinic
energy is eventually dissipated. Hall et al. (2011) applied the Princeton model to the WTR
and its surroundings and was able to show that the generation potential is large in areas where
the slope is critical. Simplified analysis of the region presented in Chapter 5 agrees with these
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findings and goes on to suggest that the entire perimeter of the WTB has a strong generation
potential even when a weaker stratification profile is used on the Faroese shelf. Bulk energy
dissipation rates can be inferred if the net energy flux into a given finite region is known, but
comprehensive mixing studies require models that solve the non-hydrostatic equations.
Khatiwala (2003) was the first to attempt a comparison study between theoretical studies and
non-hydrostatic numerical model analysis in relation to internal tide generation. He used the
MIT General Circulation Model (MITgcm) in two-dimensional non-hydrostatic mode to
investigate generation in a range of parameter space.

The MITgcm has a non-hydrostatic capability and is therefore able to resolve both large
(global) and small (turbulent) scales through calculation of the full vertical momentum
equations (Marshall et al., 1997a). Given the increased CPU requirement for this calculation,
it is common to implement the model in its two-dimensional mode despite its threedimensional capability, particularly when applied to the problem of barotropic to baroclinic
energy conversion by interaction between tidal flow and topography. Clearly this is a
disadvantage when attempting to investigate processes with a strongly three-dimensional
nature, particularly with respect to turbulence and mixing. Such an approximation can be
justified to some extent when barotropic flow is constrained to cross a topographic ridge in a
direction perpendicular to it, thus uniformity in the along-slope flow direction is assumed,
such as is the case at the Hawaiian Ridge and the WTR. This is meant purely in the sense that
flow is constrained to be perpendicular to the ridge all along it, not discounting that
significant difference in response to the slope angle and sill height might arise in different
parts of it.

A range of two-dimensional continental shelf slopes has successfully been investigated using
the MITgcm (Legg and Adcroft, 2003), consistently revealing shear-induced mixing
associated with upslope solibore propagation and strong down slope flows. It is not possible
to model turbulent diffusivity with this approach as the scale measured in the ocean O (10-5
ms-2) is lower than the fixed background diffusivity required in the model to suppress sub-grid
scale noise. Legg (2004), for example, sets vertical diffusivity and viscosity to 10-2 m2s-1
whilst horizontal diffusivity and viscosity are set to 10-1 m2s-1. Model-based Richardson
numbers were calculated and their potential as a proxy for mixing examined, concentrating on
the production of small scale shear that is a prerequisite for mixing.

Mixing analysis of the MITgcm two-dimensional output is carried out by Gerkema et al.
(2006) through the consideration of available potential energy. The potential energy of a
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parcel of water can be changed either by a simple oscillation which is reversible or by a
mixing process which is irreversible. If potential energy is calculated before and after sorting
the mixed density profile, values are obtained both for the mixed water and for a theoretically
un-mixed profile. The difference between the two values determines the available potential
energy used to overcome stratification and mix the water column vertically.

6.2.3 Model Dissipation
Direct calculations of dissipation rate can be made from the velocity field of a model output
by considering the turbulent kinetic energy (TKE) per unit mass of a fluctuating motion. Legg
and Huijts (2006) describe the use of two dimensional numerical simulations using the
MITgcm to examine internal tide generation and TKE dissipation by tidal flow over
topography. They concentrate on the effect of changing a finite barotropic forcing on the
response of baroclinic motions. Epsilon can be calculated according to a TKE production
term. The true rate of dissipation of TKE can be defined from a fluctuating kinetic energy
equation as:

  2 sij sij

(6.1)

where sij is the strain-rate fluctuation tensor with products taken over repeated suffixes from i,
j =1-3.
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Taking only the components of the dissipation rate equation that cannot be written as the
divergence of a flux (Tennekes and Lumley, 1972), dissipation from the model output (Legg
and Huijts, 2006; Legg and Klymak, 2008, Nikurashin and Legg, 2011) is calculated from:
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Given that the model is only run in two dimensions where i and j = 1-2, Eq. 6.3 can be written
as
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(6.4)

where u and v are horizontal and vertical components of model velocity output and νx and νz
represent the horizontal and vertical model background viscosities respectively.

Dissipation can also be estimated from the Thorpe scales calculated from the model output
assuming a constant relationship between Ozmidov and density overturning length scales as
introduced in Chapter 2. Klymak and Legg (2010) propose the use of this method in
conjunction with two-dimensional model output from the MITgcm, assuming equivalence
between the two length scales and show it to compare well to better resolved mixing schemes.
Epsilon is calculated via   LT N S where LT is the size of the density overturns calculated
2

3

from the difference between sorted and unsorted temperature profiles (Thorpe, 1977) and NS
is calculated from the sorted temperature profile.

Assessment of how representative of the WTB the D321b observations are is an important
aspect of this study, particularly in terms of dissipation of turbulent kinetic energy and vertical
mixing. The MITgcm, therefore, with its non-hydrostatic capability and recent applications in
the field appears to be the best candidate to use for modelling processes in the WTB.
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6.3 MITgcm Configuration
6.3.1 Experimental Design
Primarily, the aim of this model study was to set up realistic conditions for the surroundings
of the WTR and WTB and to simulate barotropic to baroclinic energy conversion and
subsequent interactions. Observations at microstructure time series stations could be better
explained with knowledge of velocity and stratification evolution over a tidal cycle from a
modelled two-dimensional slice across the ridge at a representative location. Two scenarios
were investigated; Run A (ridge) and Run B (basin). Both were based on simplified yet
realistic topography surrounding the M800E microstructure station (Figure 6.1) and used the
stratification profiles for north and south of the ridge presented in Chapter 5. The choice of
runs allows for an insight as to the significance of the WTB being an enclosed basin from
which relatively little baroclinic energy can escape.
Real bathymetry (solid line) and Gaussian model bathymetry (dotted line)
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Figure 6.1: Comparisons between bathymetry (solid line) along transect (marked on inset
map) and a Gaussian fit to the curve (dashed line) for the ridge run (A) and the basin run (B).
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6.3.2 Model Setup
Analysis of small scale non-linear wave behaviour in this study required the use of the
MITgcm (Marshall et al., 1997a) with its non-hydrostatic capability. The MITgcm assumes
incompressibility, and solves the non-linear Navier Stokes equations assuming a linear
equation of state (stratification is set by the temperature field alone, assuming a constant
salinity). Buoyancy frequency profiles are set to be realistic but the temperature profiles will
not be entirely representative of basin conditions. The processing capability required for this
meant that the model could only be run in two dimensions and rotation was turned off. Setting
the Coriolis force to zero clearly alters the nature of the internal wave field, but for a
simplified two-dimensional comparison between the two scenarios it was justified as the main
aim was to examine the effect of having a basin (i.e. a slope on the opposite side) rather than
just a ridge. The model was compiled and run on a parallel cluster at SAMS, with a domain
size for both runs of 1000 grid points in the horizontal direction and 300 grid points in the
vertical direction. Memory storage constraints dictated an output storage frequency of every
150th time step, equating to every 300 seconds (∆t = 2 seconds). Model topography is
represented by lopped cells, in that cell faces are not angular. Without this feature, the internal
wave generation process could not be resolved, as interactions between barotropic tide and
topography would be inaccurately represented. Topographic ridge shape was represented by a
Gaussian curve of the form
  x  x0 2 

h( x)   H  h(max) exp 

2 L2



(6.5)

according to the parameters defined in section 5.7.1 and taking H as positive for the ridge and
negative for the basin. This was done in order to avoid any discontinuities in the Smith and
Sandwell (1997) topography that might lead to spurious mixing or model instability.

Vertical boundaries of the model domain were set up with Orlanski boundary conditions to
allow baroclinic energy to escape whilst maintaining continuity. Reflections from solid
boundaries would otherwise contaminate the internal wave signal within the model domain.
At the free surface and at the topography, temperature flux was not permitted and stress free
velocity boundary conditions were applied. Effectively, this is a „free-slip‟ condition (e.g.
Adcroft, 1995) where there is no friction between the fixed seabed or surface boundary and
tangential water velocity.
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Barotropic tidal flow in the x direction was imposed uniformly throughout the domain at a
semidiurnal frequency by applying a body forcing term (Khatiwala, 2003). For this work, a
single M2 forcing frequency was used, having ascertained its dominant strength from previous
observations and modelling

Variable parameter settings for the two runs are summarised in Table 6.1. For run A, the
vertical domain height (H) was 1000m, giving a resolution of 1000/300 = 3.33m. Horizontal
model length was 250km, with a resultant resolution of 250000/1000 = 250m. The Gaussian
topography was set up according to (6.1) with h(max) = 0.670 x H. In the case of run B, the
vertical domain height (H) was 1200m, giving a resolution of 1200/300 = 4m. Horizontal
model length was 50km, with a resultant resolution of 50000/1000 = 50m.

Table 6.1: Parameter settings for MITgcm model runs A and B.
Variable

Symbol

Run A value

Run B value

Vertical domain height
Horizontal domain width
Gaussian fit property
Horizontal resolution
Vertical resolution
Horizontal viscosity and diffusivity
Vertical viscosity and diffusivity
Time step
Number of time steps
Rotation

H
x
h(max)
dx
dz
νx
νz
∆t
Nt
f

1000m
250km
0.670 x H
250m
3.33m
10-2 m2s-1
10-3 m2s-1
2s
90000
0

1200m
50km
0.950 x -H
50m
4m
10-2 m2s-1
10-3 m2s-1
2s
90000
0
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6.4 Results from run A: A Simplified Ridge
6.4.1 Simulated Mooring Time Series
Model results corresponding to station M800E, from a 25 hour time series profile in 800m
water depth, were extracted for comparison with the microstructure results. Figure 6.2
presents the full water column profiles of temperature, cross slope velocity and Richardson
number. For clarity, the thermocline region in Figure 6.2 is expanded and presented separately
in Figure 6.3. The full temperature profile time series shows very little change in the surface
200m. Oscillations in the strongly stratified layer at approximately 3°C reveal a semidiurnal
mode one wave propagating along the interface. Direction of flow in the entire water column
reverses with a semidiurnal regularity. Maximum magnitude of the flow in both directions
increases from a value of 0.15ms-1 in the upper 500m to almost twice that value in the region
below 500m. Richardson number (Ri) is far greater than unity in the majority of the water
column, most probably a result of very low shear values. Only in the lowest 80m or so, close
to the sea bed, is it seen to fall below that. Values of <0.25, indicating mixing due to
instabilities, appear to occur in patches with quarter diurnal regularity. As the focus of this
work is on the thermocline, the extent to which this is an artefact of the model has not been
investigated further.

Figure 6.2: a) Temperature and b) cross ridge velocity from a time series profile through the
2D slice MITgcm ridge model output at 800m water depth.

Ri >1

Ri <1
Ri <0.25

Figure 6.3: Richardson number with isotherms overlain from the same data as Figure 6.2.
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White patches indicate areas of unstable N2, hence no value for Ri has been calculated, and
appear to be associated with the topographic influence at the boundary layer at the base of the
water column. Oscillations in the thermocline reach a magnitude of O(50m). Peaks and
troughs of the mode-1 wave are associated with a period of zero velocity. As the thermocline
falls, cross-ridge velocity is positive and reaches >0.2ms-1, whilst a rising thermocline is
associated with a negative velocity of a similar magnitude. There is no evidence of a two layer
flow in the velocity time series, but there is a distinct increase in magnitude (10-20 cm s-1)
across the thermocline from above to below and the flow changes direction faster at depth
(over approximately one hour as opposed to two). The period of time that magnitude of the
flow is <0.05 is much shorter at depth (<30 minutes) than above the thermocline (2 hours).

Figure 6.4: Log10 epsilon (Wkg-1) according to Ozmidov overturn relation, with isotherms
overlain, from the same time series profile through the 2D slice MITgcm ridge model output.

Figure 6.4 illustrates dissipation rate calculated from overturns according to Klymak and Legg
(2010). High dissipation rate (10-6 Wkg-1) in the water column above the 800m depth contour
is restricted to within 60m of the sea bed, corresponding with the region of low Richardson
numbers. Maximum dissipation is associated with the lowest point of the thermocline during
the semidiurnal tidal cycle. Whilst the 1°C isotherm is at its highest point, enhanced
dissipation is restricted to only the deepest 20m.

6.4.2 Spatial Variability
Mean current speed (|u|) across the model domain is presented in Figure 6.5. It is a temporal
mean over the same 25 hour period used above. Regions of high and low mean current
magnitude are clearly defined, displaying a distinct structure in which high mean current
magnitude should represent regions of high baroclinic energy. Low patches (nodes) and high
mean current magnitude patches (antinodes) can be seen to alternate most clearly in the
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surface hundred metres, particularly to the left of the ridge. A similar structure is apparent on
the right hand slope of the ridge itself, following the topography between 400m and 700m.
High velocity patches have a vertical length scale in the order of 100m and a horizontal length
scale of 10-20 km. On a larger scale, a modal structure is apparent throughout the entire water
column to the right of the ridge where the water is strongly stratified. Four horizontal layers
and five vertical sections can be defined in this region, across which high and low patches of
mean velocity magnitude alternate.

Distance across ridge (km)

|u|2 (m2s-2)

Figure 6.5: Mean cross-ridge current magnitude over a 25 hour tidal cycle (cms-1). The red
dashed line marks the theoretical location of the time series results.

Regions of high mean cross-ridge current magnitude represent more energetic regions. A
distinct beam emanating from the stratified side of the ridge at approximately 400m represents
the M2 internal tide characteristic (compare to Figure 5.12b), and hence the propagation of
energy away from the generation region.

Distance across ridge (km)

Log10 ε (Wkg-1)

Figure 6.6: Mean dissipation rate calculated from Ozmidov scaling over a 25 hour tidal cycle.
The red dashed line marks the theoretical location of the time series results.
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Dissipation rate averaged over the same 25 hour period highlights a region of very high
dissipation rate (10-6 Wkg-1) close to the topography on the stratified side of the ridge,
extending up to 5km away from the ridge horizontally. Two bands of slightly lower
dissipation rate (10-7 Wkg-1) protrude vertically from the ridge crest to 300m depth.
Background dissipation in most of the domain is <10-6 Wkg-1, but patches 1-2 orders of
magnitude larger are evident at the base of the ridge on both sides where the slope is concave,
protruding higher into the water column (150m depth) from the beam to the right of the ridge
crest, and in a tiny surface patch above this. The characteristic beam evident in Figure 6.5 is
not present here, indicating that elevated dissipation does not occur along the beam, perhaps
due to the lack of a background internal wave field (and lack of rotation) to interact with and
cause breaking as would be the case in the ocean. In this case, energy is allowed to propagate
out of the domain.

The figure highlights that maximum dissipation is associated with the region where the
strongest stratification intercepts the slope during a semidiurnal period. The weakly stratified
side has a maximum mean dissipation at least two orders of magnitude larger than that
representing the WTB side.
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6.5 Results from run B: A Simplified Basin
6.5.1 Simulated Mooring Time Series
Attention is now turned to Run B, where energy can no longer escape out of the edge of the
domain as the walls of the basin contain it. Results from the mooring location time series
show a somewhat different picture to those from run A. Isotherms below 300m depth (Figure
6.7) oscillate with the same frequency as in the ridge run but with displacements reaching
200m in height. Stratification is eroded at the base of the trough along the 1.5°C contour, but
returns as the isotherm ascends. A discontinuity in the surface 100m is also apparent at around
35-36 hours, visible in the temperature contours and coinciding with the peak of the deep
thermocline wave and a flow reversal. The 4.5°C isotherm drops by >50m in the space of 30
minutes (circled) and then rises gradually up to its starting depth of 50m over the course of the
following 11 hours.

Figure 6.7: Temperature (upper) and cross basin velocity (lower) time series from a single
profile within the basin model run at a location corresponding to M800E.

Coinciding with the drop in the 4.5°C isotherm level is a reversal in surface flow from + 0.1
ms-1 to -0.2 ms-1. A reversal occurs approximately every 6 hours and each time the magnitude
of the velocity increases. Very little cross slope motion is apparent in the water column
between depths of 150m and 450m. Velocity displays the greatest variability between 500m
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and 800m depth. A strong (0.4ms-1) positive flow persists in the lowest hundred metres
between 22 hours and 27 hours. At 27 hours this flow reverses and halves in strength at first
then decreases gradually until it swings at 34 hours back to the original direction and the
sequence is repeated. Between 500m and 700m, a similar oscillation in flow is observed, out
of phase with the deep flow by around 3 hours, with shorter sections of strong positive flow (3
hours as opposed to 5 hours) and longer sections of reverse flow (3 hours as opposed to 1-2
hours).

Ri >1

Ri <1

Vertical

Ri <0.25

Figure 6.8: Richardson number with isotherms overlain (upper) and vertical velocity (lower)
time series from a single profile within the basin model run at a location corresponding to
M800E. White areas indicate instabilities where N2<0.

The majority of the region between 500m and the seabed is represented by an Ri value of one
or less, with a significant proportion of that below 0.25 where mixing is likely to occur
(Figure 6.8). Blank areas within this region represent unstable density profiles (N2<0) within
which overturns are active and Ri cannot realistically be calculated. Most of the unstable
patches correspond with times at which the isotherms within the deep thermocline (1.5-2°C)
are widely strained, by 100m at least. Following unstable periods, the isotherms become
tightly pinched together as the thermocline lifts, starting to separate at its highest point and
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then gradually separating further as it falls. This is opposite to the separation presented in Fig
4.9 where the vertical separation increases on the uplift and decreases during the descent.
Regions of large isotherm separation are associated with strong downward vertical velocities
O (0.1 ms-1) and are immediately preceded by upward velocities exceeding 0.05 ms -1. Such
signatures suggest the occurrence of overturning behaviour.

Figure 6.9: Log10 epsilon (Wkg-1) according to Ozmidov overturn relation, with isotherms
overlain, from the same time series profile through the 2D slice MITgcm basin model output.

Dissipation rates in the 800m profile time series are higher for Run B than the Run A (Figure
6.9). Peak dissipation rates exceed 10-4 Wkg-1 at some points, starting each time the deeper
isotherms meet the sea bed and continuing in the regions surrounding the widely stretched
isotherms that follow in each semidiurnal cycle. Elevated dissipation occurs much further
away from the topography than in the ridge run, with values of 10-6 Wkg-1 reaching as shallow
as 400m occasionally. Most of the activity is within 200m of the sea bed and appears to be
closely linked to the state of the thermocline. Periods of larger than average isopycnal
separation tend to coincide with the higher dissipation rates. Only during the hour or two
when the deepest isopycnals are falling is there very little dissipation near the topography.
Elevated dissipation occurs during the period of upslope flow at the sea bed (Figure 6.8) and
between the sheared horizontal flows as the deeper isopycnals rise from their lowest point.
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6.5.2 Spatial Variability
A temporal mean of cross basin velocity magnitude over the 25 hour period shown in the time
series figures is presented in Figure 6.10. A modal structure is apparent, with alternate regions
of high and low mean flow magnitude. The strongest flow (2ms-1) is at the critical part of the
slope surrounding the thermocline. Surface velocities are stronger towards the theoretical
FBC (right) side of the basin than they are to the left. A distinct line of very low mean flow
(<0.1ms-1) occupies the right hand side of the figure at 100 m depth, joining with a surface
low flow region at a distance across the basin of 20km. In the centre of the domain (20-30km
across the basin) and between 100m and 500m depth lies the largest area of very low flow.
Mid-high flow patches (1ms-1) are essentially symmetric across the basin, occurring patchily
above the shallow topography, in a line mirroring the most convex part of the slope, in a
distinct line 200m thick protruding from the highest flow regions and between 1050m and the
sea bed. Boundaries between these regions are marked by long thin nodes. In terms of ray
characteristics, regions of high current magnitude appear to emanate from the internal tide
generation region, indicating beams of energy propagation.

2

2 -2

|u| (m s )

Figure 6.10: Mean cross-basin current magnitude (cms-1) over a 25 hour tidal cycle. The red
dashed line marks the theoretical location of the time series results.
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Figure 6.11: Hourly snapshots of cross-basin current magnitude where H is a time step 18
hours into Run B.

Beam structure and evolution can be seen more clearly in the series of snapshots presented in
Figure 6.11. On the left hand slope, a beam emerges from the 600m slope contour at H+3 and
remains established until H+7, by which time its point of contact with the slope has become
shallower by 150m. During this period, there are very strong currents at a similar depth in
immediate contact with the opposite slope. Between H+8 and H+11, the roles are reversed.
Before a beam begins to grow on either slope, a region of high current is present at the base of
the slope on that side. As currents within the beam get stronger, this patch moves away from
the slope towards the centre of the basin and reforms on the other side. Two beams are
apparent at the same time in some cases, each emanating from a different contour on opposite
slopes. This could be a result of the local stratification field being raised and lowered by the
mode 1 internal tide, or more likely the upward phase propagation of the M2 characteristic. At
the surface, patches of elevated current magnitude occur above the top of the right hand slope
between H+4 and H+7, and then above the beam on the left hand slope between H+9 and
H+11. When the beam is emanating from the left hand slope, this doesn‟t occur. Given that it
doesn‟t occur at time H either, this is probably because, due to computing constraints, the
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model has not run for long enough for the situation that drives this to become established; in a
symmetrical model the asymmetric behaviour is otherwise surprising.
Model dissipation calculated from Equation 6.3 (Figure 6.12a) shows that the largest elevated
regions, where ε >10-6 Wkg-1, are near the slope between 400 and 800m on both sides.
Patches 2-3 orders of magnitude lower extend into the mid water column at 600-800m depth
and up to the surface above the top of the right hand slope. Dissipation calculated from
density overturns (Figure 6.12b) displays a similar pattern, with the majority of activity taking
place within 5 km of the topography very little detected in the open water. Strongest
dissipation is found surrounding the base of the 800m profile marked in red, following the
topography between 400m and 900m. The trend is mirrored on the opposite bank. A second
elevated dissipation layer occurs parallel to the first and separated from it by a low dissipation
band. Dissipation is remarkably low between 900m and 1050m depth near but not in contact
with the topography, corresponding with a region of very low flow in the current magnitude,
hence very little shear. Much higher dissipation is apparent in the surface 100m above the
ridge on the left hand side of the basin than on the right, whilst the hundred metres directly
above the topography is quiescent on both sides at the shallowest points.
a)

Log10 ε (Wkg-1)

b)
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Figure 6.12: Mean dissipation rate calculated from (a) equation 6.4 and (b) overturns
averaged over two semidiurnal tidal cycles (25 hours). The red dashed line marks the
theoretical location of the time series results.

6.6 Discussion
6.6.1 Model Results
Comparison of these two model runs suggests that an internal tide is generated by barotropic
flow across the WTR, but it is unlikely that the resultant baroclinic motions would lead to the
observed levels of local mixing without the influence of the Faroe shelf boundary on the
opposite side of the WTB. Internal waves generated at the ridge in Run A propagate away
from the ridge and do not appear to dissipate their energy once they have escaped the
generation region. High Richardson numbers indicate a stable water column, which is
predominantly the case, except for at close proximity to the sea bed where turbulent mixing is
to be expected. Stability in the thermocline is maintained at all times despite its 100m vertical
oscillation.

Richardson numbers less than unity are widespread in the results from Run B, however,
indicating instability which is likely to lead to turbulent motion, dissipation of baroclinic
energy and vertical mixing. Implications of Richardson number results are confirmed by the
dissipation value. They both indicate mixing near the topographic boundary, but also rise up
to 400m above the sea bed in the simulated basin mooring time series. Quarter diurnal
dissipation is apparent near the seabed, resulting from positive and negative flow at the
boundary associated with each semidiurnal cycle. Beams emanating from both the WTB and
the Faroe shelf in accordance with Baines (1982) are apparent in the cross basin velocity field
from Run B, implying that the trapping of baroclinic energy within the basin is an important
factor involved in driving the high dissipation levels observed within the basin.

6.6.2 Comparison with Observational Data
Model scenarios were based on conditions at M800E, which was the less energetic of the two
800m microstructure time series stations. It was most likely less energetic because of the less
complex, more two dimensional topography that also made it more suitable for comparison
with a 2D model. Figure 6.13 shows the dissipation rate and temperature time series
(presented in Chapter 4) for direct comparison with the dissipation rate and temperature time
series from the model runs shown in Figures 6.4 and 6.9. Oscillations observed within the
thermocline at M800E revealed an internal tide amplitude of 50m-100m. Run A produced
oscillations with an amplitude of 50m and run B this was increased to 200m. Dissipation rate
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from the output of run A does not show any dissipation rates exceeding 10-9 Wkg-1 above a
depth of 740m. Below 740m, dissipation rates exceed 10-6 Wkg-1 in some cases. Of the six
occasions during the time series that the profiler reached 740m or more, only on one of them
was a dissipation rate higher than 10-9 Wkg-1 detected. It does not coincide with the deepest
point of the thermocline, as would be expected from the model data.

Elevated dissipation rates in Run B rise much higher into the water column than it does in
Run A, yet the majority of the elevated dissipation is deeper than that reached by the profiler.
Dissipation rates exceeding 10-6 Wkg-1 are present between 550 and 700m for approximately
one hour as the isotherms begin to rise (Figure 6.9). This does correspond with similar
dissipation values at similar depths in the observations, shown for comparison in Figure 6.13
and suggests that the profiler might have encountered a continued region of elevated
dissipation had it been possible to lower it further. The fact that the same isotherms are not
present at the same depths in the model and the observations is somewhat arbitrary, as the
underlying Buoyancy frequency was set to the right value, and Temperature will not be
modelled absolutely realistically given the linear equation of state (constant salinity)
employed in the model.
Temperature time series from m800e
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Figure 6.13: Epsilon time series from M800E microstructure profiles. Isotherms are overlain.

6.6.3 Limitations
Both model runs simulate two-dimensional interactions in a non-rotating system. Turbulent
motions, however, are fully three-dimensional processes affected to some degree by inertial
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forces. It is logical to take a two-dimensional model as a starting point for analysis,
particularly in a region where barotropic flow is constrained to flow in a direction
perpendicular to a ridge for analysis of internal tide generation. Without rotation (f = 0), there
will be no barotropic motions generated by the model at the inertial frequency, and the
wavelength of the M2 internal tide will not be extended. When the inertial frequency is similar
to the tidal forcing frequency, the two might interact and build larger signals. At a latitude of
60˚, the inertial frequency is approximately 0.073 cph and it can be seen from the current
velocity spectra in Chapter 5 that its influence is small compared to the dominant tidal
frequencies. Further analyses using the model should include rotation but the scenario
presented here without rotation serves a purpose in highlighting the effect of the WTB as a
whole rather than the WTR alone.

Topography is highly simplified in this model. Smith and Sandwell (1997) bathymetry is less
complex than the actual bathymetry, owing to its initial one-minute resolution and subsequent
interpolation and smoothing. Gaussian bathymetry is smoother still and does not provide a
perfect fit with the Smith and Sandwell model (Figure 6.1). The major and probably most
influential difference is that in both Run A and Run B, the slope imitating the WTR is slightly
concave at the thermocline as opposed to slightly convex. Analytical studies have suggested
that enhanced shear and mixing from internal wave reflection at a concave slope will be less
than at a convex or planar equivalent thanks to destructive interference from above and below
(Gilbert and Garrett, 1989; Müller and Liu, 2000). Importantly, the critical angle remains
unchanged and there is no transition between subcritical and supercritical reflections
anywhere near the region of generation. Numerical simulations have since found that no
reduction in mixing is found on a concave slope as compared with convex and planar slopes
(Legg and Adcroft, 2003). Topography surrounding the basin is highly complex and the
Eastern and Western mooring and microstructure stations in particular are very different. This
modelling work is tailored towards a comparison with M800E.

As discussed in Chapter 5, the representation of stratification is also a limitation within this
model set up. It is not ideal to assume a uniform stratification over such a widely varying
basin, but as a first step, it provides a useful insight. Also neglected in the model at this stage
is the mean flow. Shear across the thermocline between the northward flowing Atlantic water
and the westward flowing deep water might explain the observed dissipation values higher in
the water column that do not appear to be linked to topographic influences. It is also likely to
play a dominant role in the maintenance of the strong stratification despite vertical mixing.
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The algorithm used to calculate dissipation (Klymak and Legg, 2010) is dependent purely on
the buoyancy frequency and the overturning at each grid cell. As a consequence, this does not
resolve any overturns less than 4m in height and potentially underestimates shear-induced
dissipation. Conversely, large convective overturns may lead to an overestimation of actual
dissipation, which will occur on smaller scales than some of the overturns detected.

Turbulence and mixing is a three-dimensional process, which cannot be accurately resolved in
a two dimensional model. Its use is justified for two reasons; one is that the flow is
constrained by the Scottish and Faroese shelves to cross perpendicular to the ridge. Secondly,
accurate dissipation rate or mixing estimates are not the goal of the modelling work. Instead,
the aim is to obtain an understanding of how representative the D321b results might be of the
basin as a whole in order to propose a good estimate of vertical diffusivity for consideration in
larger scale models.

6.6.4 Conclusions
The primary conclusion of this work is that without the presence of the Faroe shelf on the
opposite side of the basin, it is unlikely that the generation of internal waves by the WTR
itself would lead to the observed levels of dissipation. Distribution of dissipation in these
results suggests that the observations made at stations M800E and M800W are likely to
provide an overestimation of dissipation and vertical mixing compared to deeper sites but an
underestimation compared to those in the thermocline nearer the slope itself. Dissipation 4
orders of magnitude higher than the rest of the basin is captured by the profiling at the 800m
contour (Figure 6.12). Such considerations are discussed in Chapter 7 where the problem of
quantifying a representative value for vertical mixing across the basin, particularly across the
deep thermocline, is revisited.

Clearly it is impossible to attempt to recreate the D321b observations without taking into
account all the limitations discussed, but as a first step, the MITgcm shows promising results
under the conditions presented; in terms of generation it recreates O 50 m oscillations in the
thermocline and it highlights the importance of the basin for trapping of energy and
promoting subsequent dissipation within. A true explanation of the structure of observed flow
dynamics cannot be found using simplistic 2D scenarios. Modelling the three-dimensional
response of the entire basin topography would be of tremendous value to understanding of
physical processes in the region.
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7 Turbulence to Vertical Mixing: Implications for Water
Mass Modification and Ocean Circulation
7.1 Introduction
Having established that the Wyville Thomson Basin is an energetic region where turbulent
kinetic energy dissipation rates in the deep thermocline are high, this chapter aims to quantify
any associated water mass modification through vertical mixing and assess its potential
impact on the Atlantic Meridional Overturning Circulation (AMOC). It is hypothesised that
the greatest effect is likely to be through changes in the nature of the dense water supply to
the Atlantic Ocean, but effects on northward heat transport are also worthy of investigation.
Assuming that vertical mixing preconditions the overflow water to a degree during its passage
through the WTB, its density and therefore its pathway beyond the FBC will be affected.
Much of the relevant literature is concerned with mixing at the Faroe Bank sill and further
downstream, where Atlantic water is entrained into the dense overflow plume exiting the
FBC. Heat budget calculations by Saunders (1990) arrived at an estimated mean diapycnal
mixing coefficient (kρ) of 100 x 10-4 m2s-1 over the region from the sill to 75km downstream,
three orders of magnitude greater than open ocean values. Duncan et al. (2003) estimated that
kρ reached as high as 500 x 10-4 m2s-1 in the same region. Direct microstructure measurements
from cross-channel sections of the FBC led to section-averaged kρ values of 2-10 x 10-4 m2s-1
in the interfacial layer (Fer et al., 2010). This study hypothesises that mixing upstream of the
sill should not be neglected and requires investigation. Quantification of mixing and its effect
in such a dynamic environment is not a straightforward problem; temporal and spatial
patchiness in occurrence as well as observation of mixing events leads to uncertainty, as does
the combined effect of mean flow and rotation on circulation in the WTB. Steps can be taken
to reduce this uncertainty, beginning with a clear understanding of the problem itself.

7.1.1 Problem 1: Water Mass Modification
Water mass modification and associated change in density is calculated from a known heat
and salt flux into a known volume of water with a known temperature and salinity. It is
important to understand from the outset where the water mass modification in question is
assumed to occur and hence where vertical diffusivities calculated from observations within
the basin are to be applied. Five distinct water masses are present in the WTB but the major
horizontal boundary is between warm Atlantic (upper layer) and cold Norwegian (lower
layer) waters. It is this boundary that manifests itself as the deep thermocline presented in
preceding chapters and that is the logical point across which to investigate heat and buoyancy
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fluxes due to vertical mixing. Figure 7.1 displays a schematic of the two-layer concept
associated with the region of the WTB, illustrating the boundary that is defined in terms of
hydrographic properties in section 7.2. Volumes and mean densities of the two layers that it
divides are estimated from a combination of literature, bathymetry and D321b hydrographic
data. For the purpose of estimating the effect of modification on the outflow, a representative
vertical buoyancy flux estimate from the upper to the lower layer within the WTB is required.
Buoyancy fluxes are calculated from kρ values derived from the microstructure dissipation
rates and buoyancy frequencies.
60km

1200m

N

?

Figure 7.1: A schematic to introduce the concept of a well-defined two layer flow in the
WTB with a horizontal boundary. Red represents upper and blue lower layer mean flow. Grey
areas are non-scaled topographic features representative of the Faroe Islands (upper left) and
the FBC sill (lower left) Curved arrows represent turbulent diapycnal mixing, the effect of
which is marked by a question mark in a double ended arrow. This arrow represents
downward (upward) heat (density) transfer which will affect both upper and lower layer water
properties to some degree.

7.1.2 Problem 2: Effect on the Overflow
Numerical calculations are required to assess the potential control of the FBC overflow into
the northeast Atlantic by the upstream vertical density structure. Strait and sill mixing and
topographic control of flows are recognised as playing an important role in basin scale
dynamics, but this has not yet been applied specifically to the effect of the FBC on the
Atlantic Ocean. Girton et al. (2006) put forward a strong argument that the dense water
overflow at the FBC is hydraulically controlled. Furthermore, constraint of the dense water by
the topography upstream of the FBC aids estimation of volume flux through and residence
time within the basin, hence also the application of vertical fluxes derived from observations.
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Hydraulic theory is considered in this chapter as a starting point from which to assess the
implications of changing upstream density. Secondly, existing theory is explored and used to
investigate the relationship between vertical diffusivity across a given isopycnal and the
nature of the outflow from the FBC.

7.1.3 Chapter Outline
Section 7.2 defines conditions that are representative of the WTB for use in theoretical
applications. It presents a water mass analysis of the WTB by further interpretation of the
hydrographic results presented in Chapter 4 and discusses the choice of isopycnal for
separating upper and lower layer waters. Volumes and residence times are estimated from
bathymetry and from transport estimates stated in the literature for upper and lower layers.
Issues concerning the validity of vertical diffusivity (kρ) estimations from different buoyancy
frequency and dissipation rate based models are discussed in Section 7.3 and quantitative
assessments of the vertical diffusivity across the thermocline are made. Buoyancy fluxes are
calculated from kρ for all five microstructure stations in 7.4. Relevant theoretical calculations
are applied to the basin in section 7.5 to assess the effects of vertical diffusivity on the deep
water overflows that exit the WTB. Outcomes are discussed in section 7.6.
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7.2 Representative Conditions
7.2.1 Water Mass Distribution
The goal of this section is to analyse hydrographic data presented in Chapter 4 in order to
define and justify the simplification of the system into a two layer flow. Figure 7.2 illustrates
the presence of water masses along the central axis of the WTB according to temperature
alone (Turrell et al., 1999). Data are from cruise D321b and include a combination of
alternate CTD and microstructure casts. Water masses are well constrained by isopycnals
despite the use of temperature for classification, reinforcing that the density structure is
strongly temperature dependent.
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Figure 7.2: Potential density transect along the WTB from west to east. Vertical lines mark
the locations of alternate CTD (deep) and microstructure (shallow) casts. Black contours mark
isopycnals as indicated and colours mark water masses according to temperature.

White areas above and below the green AI/NIW indicate areas that are not classed as specific
water masses according to temperature classification by Turrell et al. (1999). AI/NIW, with a
layer depth of 100m, appears to act as a buffer between the Norwegian and the Atlantic water
masses. The scale of separation would suggest that a simple model of Atlantic water heating
Norwegian water directly across a thermocline might not be a realistic approach. It might be
more informative to investigate the heat transfer from the Atlantic layers to the AI/NIW and
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from the AI/NIW to the Norwegian layers as separate entities. However, the investigation of
mixing across the right choice of single isopycnal can still be justified.

7.2.2 Dense Water Boundary Definition
Deep overflow water at the FBC overflow has routinely been defined as that with a potential
density greater than 27.8 (θ<3°C), following the convention introduced by Crease (1965),
representing the core of the AI/NIW density range. FSCBW alone is defined by θ<0.3°C,
whilst deep waters comprising NSAIW and FSCBW (<0.5°C) appear to be well constrained
by the 28 isopycnal (Figure 7.2). Recently, the definition of dense water has been refined to
σθ<27.65, specifically for assessment of dense water buoyancy fluxes (Mauritzen et al., 2005)
and hydraulic control of the dense overflow (Girton et al., 2006). The boundary is in the
transition region between AI/NAW and MNAW (Figure 7.2), but crucially, all water flowing
from east to west in the WTB is below it. Above σθ<27.65 is the Atlantic inflow with a
primarily north-easterly component, hence it has been argued (Mauritzen et al., 2005) that
diapycnal mixing at this point is the most informative and useful to quantify.

LADCP data from D321B were analysed to investigate the validity of using the depth of
σθ=27.65 as an indicator for the depth at which flow reversal occurred at during that cruise.
Three CTD profiles included in Figure 7.2 are shown in Figure 7.3, providing a comparison
between the depth of σθ=27.65 and the depth at which flow along and across the slope
changes direction. At WT1 the reversal in both components occurs around 50m deeper than
where σθ=27.65, closer to where σθ=27.7. Along stream velocity at WT3, reverses at
approximately 390m depth, <100m shallower than where σθ=27.65. Reversal of the both
components is at the same depth as σθ=27.65 in the profile at WT5, indicating excellent
agreement between the two. On average, σθ=27.65 lies at the centre of the depth range across
which the directional shift occurs indicating that it is a good representation of flow reversal
depth.

Mean shear from the background flow is not the only cause of flow reversal at the
thermocline. Mode 1 baroclinic flow, centred on the strongest stratification, will superimpose
a signal on the mean flow, masking or enhancing the depth of flow reversal. Modes were
calculated according to Equation 2.9 using in-house Matlab routines to calculate eigenvalues.
Maximum vertical velocity from the first three modes indicates that the mode 1 interfacial
wave is centred near the 27.65 isopycnal (Figure 7.4).
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Figure 7.3: CTD/LADCP profiles from three casts in the central axis of the WTB of σθ, along
stream (red) and across stream (blue) velocity. Red dashed line marks σθ=27.65 and
horizontal black line gives a visual reference for corresponding depth in the velocity profiles.
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Figure 7.4: Vertical velocity in mode 1 (blue) baroclinic waves calculated from the sorted
CTD N2 profile at the central basin stations. Modes 2 (red) and 3 (green) are also shown.
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Variability in the depth of the thermocline is high, as has been presented in earlier chapters,
thus a single profile captures only an instantaneous view of a temporally changing
environment; the uncertainty in thermocline depth could be up to 150m. Temporal variability
at M800W, where the VMADCP penetrated deep enough to observe the main thermocline,
was illustrated in Figure 4.12. Patchiness in the flow reversal and its depth is highlighted here;
a constant line of sheared flow is not apparent, but flow reversal with depth is usually present,
often coinciding with the 27.65 isopycnal. When the surface flow either the along or the
across slope velocity is predominantly positive, the deep flow is predominantly negative and
vice versa. This is most obvious between 19:00 and 22:00 in the across-slope velocity and
between 09:00 and 12:00 in the along-slope velocity. The switch from one direction to the
other in those instances occurs within a depth range of 20m and it does so right across the
27.65 isopycnal. For a quarter of the semidiurnal cycle, the ADCP doesn‟t penetrate deep
enough to cover the 27.65 isopycnal. Data quality is dependent on scatterers within the water
column. Echo intensity may simply be reduced in these patches due to lack of scatterers. No
flow reversal occurs in the detectable range above it, however, so the possibility of the
reversal occurring at σθ=27.65 is not ruled out. Eddies are also likely to periodically shift the
depth of the zero crossing.

At no point in the D321b data is there a velocity time series of the full water depth from
which the mean currents could be deduced. The combination of microstructure and ADCP
data from M800W and the CTD/LADCP profiles from the basin do provide some evidence
that following the convention of using the 27.65 isopycnal as the marker for the surface of the
dense water flow (Fer et al., 2010; Girton et al., 2006; Mauritzen et al., 2005) could be a
suitable approach for this analysis. D321b data alone do not highlight a striking correlation
between the two, but they do provide some evidence to support a formerly established
observation.

7.2.3. Volume Estimates
The mean depth of the 27.65 isopycnal for all MSS casts in the WTB is 481m. From Smith
and Sandwell bathymetry the approximate length of the basin is 150km with an average width
of 60km. The mean depth below 480m is 860m, giving a mean total dense water depth of
380m. The volume of dense water in half the depth of a rectangular basin equates to the same
volume of dense water in a triangular profile basin so this should be a realistic estimation.
Using these approximations, a dense volume estimate of 3420km3 is reached. Atlantic water is
not constrained by topography, but the volume sitting on top of the dense water within the
study region would be 0.48km x 60km x 150km = 4320km3.
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7.2.4 Transport Estimates
Transport estimates cannot be derived from D321b data. Regular monitoring in the FBC and
FSC, however, has allowed many estimates to be made in the literature. In their
comprehensive review, Hansen and Østerhus (2000) state a mean overflow from the FBC of
1.9 Sv for θ<3°C (1.4 for θ<0.5°C). It is a highly variable region (Hansen et al., 2001) and an
approximate value of 2 Sv is adopted here (Østerhus et al., 2001). Transport within the basin
itself is much harder to constrain due to its area but, with knowledge of the inflows and
outflows, the dense water transport budget can be closed. Apart from the FBC, dense water is
known to escape over the WTR. It has been estimated that WTR overflows account for 1015% of cold water leaving the southern edge of the FBC, though this is based on water with
θ<0°C. Clearly this would increase or decrease if a higher (such as the 27.65 isopycnal) or
lower demarcation of the dense water surface had been used. Quantification of the magnitudes
of such differences would require analysis of long term mooring data that is beyond the topic
of this thesis.

7.2.5 Residence Times
The residence time of dense water in a basin can be estimated from volume (m3) and overflow
transport rate (m3s-1) via Δt = VolWTB/Qout. In this case, Δt ≈ 3.42 x 1011 m3 / 2 x 106 m3s-1 =
1.7 x 106 s, thus a residence time of 20 days is implied. Calculations associated with Atlantic
waters are less trivial as the transport is not well constrained or defined.
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7.3 Vertical Diffusivity
Vertical eddy diffusivity is used to quantify the irreversible vertical flux of properties between
parcels of water. Direct methods of measuring vertical diffusivity include tracer release
experiments and eddy correlation methods, but in this study, as is most common, it is
calculated from the rate of dissipation of turbulent kinetic energy (epsilon).

7.3.1 Parameterisation
Osborn (1980) presents a model that enables the estimation of vertical eddy diffusivity (kρ)
from the buoyancy frequency (N) and the dissipation rate of turbulent kinetic energy (ε) where
k  


N2

.

(7.1)

The use of this formulation, assuming a mixing efficiency (Г) of 0.2, has become a
widespread standard practice. Shih et al. (2005), however, suggest that the algorithm used to
estimate kρ from ε should depend on the regime of I   /N 2 (turbulence intensity parameter,
see section 2.1.3.), that the data lie within. Over an extended range of I in direct numerical
simulation (DNS) experiments, dependence of kρ on both the mean and turbulent properties of
the flow varies such that the Osborn formulation is only valid in certain parts of the regime.
Algorithms that emerged from DNS results for estimating kρ within given limits of I and
corresponding Re/Ri range are reproduced in Table 7.1.

Table 7.1: Mixing in continuously stratified fluids, from Shih et al. (2005)

Regime

I = ε/vN2 range

Re/Ri range

kρ

Molecular

I<7

Re/Ri < 150

κ (molecular diffusivity)

Transitional

7<I<100

150 < Re/Ri <1000

  
0.2v 2 
 vN 

Energetic

I>100

Re/Ri >1000

  
2  2 
 N 

1/ 2

Direct comparisons in the field (Fer and Widell, 2007) between heat flux measurements using
kρ derived from microstructure dissipation rate data and those calculated using the direct eddy
correlation method agree within 10%. Results were obtained from a region where the
turbulence intensity regime was classified as energetic. In a later study of the FBC outflow,
differences between Shih and Osborne parameterisation results reached two orders of
magnitude.
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7.3.2 Turbulence Intensity: Classification of the WTB
Results from simulations and observations prove that it is important to know the nature of the
turbulence before deciding which algorithm to use to calculate kρ. Visual representations of
the turbulence intensity parameter at all microstructure stations are presented in Figure 7.5.
Strong stratification at the ridge stations causes the value to drop below the threshold of 100
that marks the lower boundary of the energetic regime. M800E has the highest percentage of
data points where I<100. Although this value (8.5%) is very low, it is predominantly in the
vicinity of the critical isopycnal of 27.65 across which diffusivity is to be measured. At
M800W, occurrence of I<100 is only 6% and it is more patchy in time. It coincides, however
with pinching of isopycnals, particularly that of 27.65. Yellow regions are within the
energetic regime but are below the threshold (I=200) where turbulence is locally isotropic
(Yamazaki and Osborn, 1990).
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Figure 7.5: Distribution of turbulence intensity parameter (I) for all D321b microstructure
data. Potential density contours are overlain.
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There is no evidence of I falling below 100 at any of the central basin stations, hence it would
seem appropriate to apply the Shih et al. (2005) algorithm for energetic regions throughout.
Furthermore, the 27.65 isotherm does not tend to be found where I>200, adding validity to
data which are based on the assumption that turbulence is isotropic. Similar assumptions at
the ridge stations, particularly M800E, are less well justified. This information will be used
when interpreting vertical diffusivity results.

7.3.3 D321b Results
Vertical diffusivity results from M800W according to Shih and Osborn algorithms are
displayed in Figure 7.6 along with the residual error between the two estimates. This station
exhibits the greatest temporal variation and lies within the most complex topographical
condition, hence is a useful example to use to investigate the errors associated with the nature
of the turbulence and stratification and the choice of algorithm.

Figure 7.6: A comparison between Osborn and Shih estimates of vertical diffusivity at
M800W. Upper: Osborn-derived log10 kρ (m2s-1). Middle: Shih-derived log10 kρ (m2s-1).
Lower: Log10 Osborne-Shih difference (m2s-1). Potential density contours overlain.
141

It was anticipated that the Osborn algorithm would greatly overestimate in highly energetic
regions. Indeed, when epsilon is at its highest, the Osborn estimate is 10-100 times higher
than that of Shih. Conversely, however, diffusivity in the lowest energy environments is
underestimated by a very small amount. In the regions where the choice of algorithm is
questionable (purple in Figure 7.5), the discrepancy between the two values appears to be
remarkably small. Vertical diffusivity along the 27.65 isopycnal varies between 10-5 m2s-1 and
10-2 m2s-1 according to Osborn estimates and between 5 x 10-5 m2s-1 and 10-3 m2s-1 according
to the Shih parameterisation. Mean kρ across the 27.65 isopycnal is 2.42 x 10-4 m2s-1 using the
Shih approach and 2.42 x 10-3 m2s-1 using the Osborn approach, one order of magnitude
difference. At M800E, the estimates are very similar; 2.95 x 10-5 m2s-1 for Shih and 3.49x10-5
m2s-1 for Osborn. Figure 7.7 illustrates the much lower differences between algorithms at
M800E, particularly in the thermocline.

Figure 7.7: A comparison between Osborn and Shih estimates of vertical diffusivity at
M800E. Upper: Osborn-derived log10 kρ (m2s-1). Middle: Shih-derived log10 kρ (m2s-1). Lower:
Log10 Osborne-Shih difference (m2s-1). Potential density contours overlain.
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Similar plots from the basin stations (Figure 7.8) highlight some interesting trends. Generally,
the Osborne derived eddy diffusivity over the whole depth range decreases between WT2 and
WT6; mean values at WT2, 4 and 6 are 8.8 x 10-4, 4.0 x 10-4 and 3.1 x 10-4 respectively.
Given that the Shih estimation appears to be more spatially uniform (1.6 x 10-4, 1.1 x 10-4 and
1 x 10-4 respectively), it follows that the discrepancy between the two values is greatest at
WT2 and least at WT6. However, high diffusivities (and discrepancies) at WT4 and WT6 are
concentrated on the 27.65 isotherm. At WT2, σθ=27.65 tends to lie on the boundary between
particularly high and particularly low Osborn diffusivity estimates.
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Figure 7.8: A comparison between Osborn and Shih estimates of vertical diffusivity at central
basin stations. Upper: Osborn-derived log10 kρ (m2s-1). Middle: Shih-derived log10 kρ (m2s-1).
Lower: Log10 Osborne-Shih difference (m2s-1). Potential density contours overlain.

Mean diffusivities across σθ=27.65 (Table 7.1) indicate a reverse trend; kρ values increase
considerably between WT2 and WT6. Furthermore, mean kρ at M800E is exceptionally low
compared to other stations (even when calculated across a wider region), most likely due to
the constantly strong stable stratification there. M800E and M800W are very much on the
perimeter of the basin, where the thermocline is pinched and the topographic influence is at its
highest. Considering the need to find a value representative of the basin, it seems appropriate
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to focus on the central basin values but not to dismiss the processes occurring at the edges,
where water mass modification will also occur, most likely more efficiently due to the
stronger stratification. The mean kρ value a according to the Shih parameterisation from WT2,
WT4 and WT6 combined is 2.51 x 10-4 m2s-1. Including M800E and M800W, this falls to 1.8
x 10-4 m2s-1. Given that the Shih estimation is the most conservative estimate, the latter could
be used as the lower bound of mean kρ with the upper bound being taken according to the
Osborn mean for all stations, 16.3 x 10-4 m2s-1.
Table 7.2: A summary of maximum, minimum and mean kρ values (x 10-4 m2s-1) across
σθ=27.65 (27.64<σθ<27.66) according to both Shih and Osborn algorithms for all profiles at
each microstructure station.

M800W

WT2

WT4

WT6

M800E

Shih (max)

82

16

39

43

2.7

Shih (min)

0.1

0.2

0.2

0.2

0.1

Shih (mean)

1.1

1.0

2.4

4.1

0.3

Osborn (max)

22000

800

4800

6100

25

Osborn (min)

0.026

0.080

0.16

0.16

0.02

3.7

3.5

19

55

0.4

Osborn (mean)

Vertical eddy diffusivity across the deep thermocline is highly variable throughout the WTB,
particularly when estimated from the Osborn (1980) algorithm. M800W has the greatest
variability, spanning seven orders of magnitude ranging from 2.2 m2s-1 to 2.6 x 10-6 m2s-1.
Occurrence of these extremes is not at the same frequency as the oscillations in the
background density field (Figure 7.6). Minimum values are associated with the peak of the
interfacial wave in the first cycle, but in the second peak, thermocline values are high. This
reiterates the difficulty of generalising such a dynamic and variable environment and
reinforces the need to understand the processes being observed and which algorithm is most
appropriate. Generalising kρ at this point would be an over simplification of the problem.
Rather than allocating a single vertical diffusivity value to the basin, fluxes across the
interface are calculated according to local conditions.
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7.4 Fluxes across the Thermocline
Two important fluxes in relation to this work are those of heat and buoyancy (or more
correctly, density). Heat transfer across the interface at the WTB thermocline will decrease
northward heat transport to the Nordic Seas and increase southward heat transport within the
waters that feed the AMOC. Buoyancy increases with input of heat as the density of a water
body is reduced, changing the depth at which it is stable in the water column. Clearly,
buoyancy will also be affected by vertical salt flux, but the density structure of the region is so
strongly temperature governed that heat flux is likely to have a far greater impact on density
surrounding the interface. The salinity profile is weak and unstable, compensated for by the
strength of the stable temperature gradient.

7.4.1 Heat Flux
The vertical flux of a property can be obtained from knowledge of its vertical gradient and the
vertical diffusivity acting upon it. Heat transfer across a surface can be defined in terms of
Wm-2 (energy per second per square metre). Such units can be arrived at via

FH   C p k 

T
z

(7.2)

where Cp is heat capacity (3.99 x 103 Jkg-1°C -1),  average density (kgm-3), kρ vertical
diffusivity (m2s-1) and T z the vertical density gradient (°Cm-1). Mean heat fluxes
measured across the thermocline are summarised in Table 7.3.
Table 7.3: Heat flux (Wm-2) across σθ=27.65 (27.64<σθ<27.66) according to mean Shih and
Osborn kρ for all profiles at each microstructure station.

M800W

WT2

WT4

WT6

M800E

FH (Shih)

-15.57

-13.68

-13.82

-34.74

-13.83

FH (Osborn)

-54.71

-45.99

-110.0

-467.4

-15.74

According to Shih diffusivity values, heat fluxes at most stations are very similar (13-16 Wm2

), implying that spatial variability is low. The only anomaly is WT6 at around double the

value of the other four stations (34.74 Wm-2). Osborne values, however, cover a greater range
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(~400Wm-2) indicating a much more significant spatial variability. As a comparison to other
studies, nonlinear internal waves in the thermocline of the New Jersey shelf have been shown
to drive mean heat fluxes of 790Wm-2, with background values averaging 80 Wm-2 (Shroyer
et al., 2010).

7.4.2 Buoyancy Flux
Buoyancy flux is commonly calculated according to FB  k  N 2 (e.g. Sarmiento et al., 1976;
Wuest et al., 2000). It is expressed in terms of Wkg-1 (potential energy imparted into a
kilogram of water every second) and provides the link between turbulent kinetic energy and
mixing by expressing the rate of change of potential energy due to vertical diffusion. Flux is
essentially the product of vertical diffusivity and a property gradient, normalised by some

g
  
constant. In the case of buoyancy flux, it is the flux of density  k 
 multiplied by ,

 z 
equating to k  N 2 . Buoyancy flux estimates, calculated from the vertical diffusivity estimates
presented in 7.2 have been made for each of the five microstructure profiling stations (Table
7.4).
Table 7.4: Buoyancy flux (x 10-9 Wkg-1) across σθ=27.65 (27.64<σθ<27.66) according to
mean Shih and Osborn kρ for all profiles at each microstructure station.

M800W

WT2

WT4

WT6

M800E

FB (Shih)

3.37

2.82

2.64

5.61

2.79

FB (Osborn)

11.8

9.50

21.0

75.5

3.18

As with the heat flux, buoyancy flux is relatively constant across the basin when the Shih
diffusivity formula is applied. WT6 again displays the highest value; roughly double that of
M800W, WT2 and WT4. Whichever formula is used, the pattern is similar between stations
but differences are accentuated when that of Osborn is applied. It seems appropriate to use
Shih diffusivity values as a lower bound and Osborne diffusivity values as an upper bound for
further analysis.
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7.5 Effect of Mixing on Overflow
This section aims to investigate the relationship between upstream mixing across the
thermocline and properties and volume of the FBC overflow. The hydraulic control concept is
introduced first and the way in which it might be affected by vertical diffusivity is considered.
Realistic values for the WTB are then applied and discussed and the questions of whether
mixing can and should be parameterised in the region revisited.

7.5.1 Parameters
Characteristics of the FBC and WTB make it a good candidate for application of simplified
theory. Its strong density gradient allows it to be treated as a two layer flow, the dense water
is topographically constrained and the sill overflow is most likely hydraulically controlled
(Girton et al., 2006). The system is illustrated in simple terms in Figure 7.9. Orange circles
highlight the link that is investigated numerically in this section. All variables can be
calculated or estimated from D321b data, model results and literature.

ρ1
Δρ
500m

Qout

Δz
ρ2

1000m

L2

Qin

100km

Figure 7.9: A simplified view of a two layer flow across a sill in the context of the WTB.
Water depth is given on the left hand side and a horizontal scale of approximately 100km.
Grey shading marks the approximate bathymetry along the central axis of the basin. Surface
waters are defined as having density ρ1 and the red arrow indicates the motion of this layer
upstream. The lower layer ρ2 flows downstream towards the sill crest and has a thickness L2.
∆z is the difference between the upstream height of the interface and the sill depth. The ∆ρ
arrow marks an upwards transfer of density.

147

7.5.2 Hydraulic Control
Hydraulically controlled outflow over a sill from a rotating basin can be calculated from
upstream conditions (Whitehead et al., 1974) via

Qout  g '

z 2
2f

(7.3)

where ∆z is the height difference between the sill and the interface in the quiescent upstream
basin, f is the Coriolis parameter and g‟ is reduced gravity in the lower layer (Figure 7.9).

g'  g

 2  1
2

(7.4)

Given the options of the terms in 7.1 (g‟, ∆z and f), any calculable influence of upstream
vertical buoyancy flux on volume outflow over time is most likely to occur through change in
reduced gravity of the lower layer. ∆z is the other candidate (f being constant with latitude)
but the problem of relating local diffusivity to a significant change in the depth of the main
pycnocline is more complex and less intuitive. The effect of vertical diffusivity can be applied
through its influence on the density of the lower layer (i.e. ρ2=fn(kρ). Following dimensional
reasoning, change in ρ2 with time must be some function of vertical diffusivity acting upon a
density gradient over some length scale and can be expressed as

 2
 1
 k

t
z L2

(7.5)

where L2 is the thickness of the lower layer (Figure 7.9) and ∆t is the time over which kρ acts
on the density gradient. The central term describes a flux across an interface but the third term
is required in order to deduce the density change within a finite volume. Substituting into 7.1,

Qout

z 2
 g '
2f

and g '   2  k 

(7.6)

where ∆g‟ is the difference between g‟ derived according to ρ2 subject to measured kρ and
kρ=0 (no mixing) in 7.3. Hence, kρ ultimately affects Qout. Taking WT4 as an example given
its central location and mid-range kρ estimate, Table 7.3 summarises the main variables.
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Table 7.5: Measured variables at WT4; means from microstructure profiles.

Variable
ρ1
ρ2
δρ/δz (interface)
L2
Δt
Kρ (lower)
Kρ (upper)

Value at WT4
1027.35 kgm-3
1027.84 kgm-3
0.0015
380 m
1.7 x 106 s ~ 20 days
1.8 x 10-4 Wkg-1
16.3 x 10-4 Wkg-1

Whitehead (1998) used Δz = 400m in equation 7.3 to obtain a transport over the FBC sill of
3.0 Sv. Using g‟ based on measured mean density for each layer in the D321b data, Qout =
2.95 Sv. Adjusting g‟ by applying a new ρ2 subject to diffusion of density over the residence
time of dense water according to Shih (lower bound; ∆ρ2 - 0.0012 kgm-3) and Osborn (upper
bound; ∆ρ2 - 0.0111 kgm-3) results in a Qout of 2.94 Sv or 2.89 Sv respectively. This is a
decrease in the overflow transport of between 0.01 to 0.06 Sv, 0.3 to 2.0 % of the total.

It would appear that the effect of buoyancy flux into the lower layer on the transport of the
overflow is small compared to the change of 24% that would result from a permanent
adjustment in thermocline height of 50m (as opposed to the observed 50m oscillations about
the mean. Regardless of how small the effect, this work demonstrates a clear link between
mixing strength at the basin interface and overflow density and volume transport downstream.
Furthermore, the hydrographic properties of the overflow might be more significant than the
volume in this case, as these determine its depth upon entering the Atlantic Ocean. Sufficient
warming, for example, would prevent it from becoming an Atlantic deep water mass
regardless of its volume. The next section returns to hydrographic property analysis to
examine the spatial variation of temperature and salinity at the interface.
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7.5.2 Spatial Changes in θ-S
Another insight into the effect of mixing on the larger scale is made by examining
hydrographic properties. Figure 7.10 provides a reminder of relevant CTD profile locations.
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Figure 7.10: A reminder of CTD profile locations.

One way of considering the change in properties across an interface is to examine the water
on the given isopycnal that marks the boundary and see how θ and S change with it. Figure
7.11a shows the variation along the basin axis of the properties at σθ=27.65, and indicates that
there is not a gradual change in temperature or salinity of the dense water layer during its
transit through the basin from east to west. One might expect that the dense water would
increase in temperature and salinity during its transit by mixing with the properties of the
overlying water. On the contrary, the westernmost profile encounters the coldest and least
saline properties of all at the 27.65 isopycnal. It is most likely that this is because it is the
furthest north, towards the FBC and therefore is less influenced by the warm Atlantic surface
currents that stay further south. Having said that, the easternmost (and also southernmost)
profile of the four (51) is not the warmest. Profiles 53 and 54 to its south and east have similar
properties in between those to its west. The anomalous warmth of profile 54 could be
explained by the influence of a warm branch of Atlantic water, but it does remove the
possibility of a steady downstream change in interface properties. Figure 7.11b indicates a
steady increase in salinity with proximity to the WTR along σθ=27.65 and a corresponding
increase in temperature with distance south. Profiles 55, 56 and 57 are the warmest and most
saline of all the basin profiles.
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Figure 7.11: θS diagrams from CTD profiles within the WTB near the 27.65 isopycnal for a)
stations along the basin axis and b) stations on the transect perpendicular to the ridge.

Deep water TS plots show a rather different along-basin pattern (Figure 7.12a). On the 27.9
isopycnal, selected as an indicator of overflow water properties, the easternmost station is the
coldest and freshest, followed by the next station to the west. The two westernmost stations
are the warmest and most saline, although the furthest west (51) is slightly cooler and fresher
ridge TS variation

than 52. Across the basin, the deep water trend (along the 27.9 isopycnal) is the same as along
the
27 .627.65 isopycnal, with a gradual cooling and freshening with distance north of the ridge.
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7.6 Discussion
The ultimate goal of this chapter was to quantify water mass modification within the WTB
through diapycnal mixing and to assess its impact on a greater scale. First, the use of a single
isopycnal to mark the boundary of a simplified two layer flow was justified. Reduction in
density of the dense layer via turbulent diapycnal mixing has been calculated and its effect on
the overflow investigated. The theoretical effect was found to be small, adjusting overflow
volumes by <1%. In a similar situation, intense turbulent mixing has been observed between
two layers in a fracture zone on the Mid Atlantic Ridge (Polzin et al., 1996). Temperature of
dense water flowing through beneath warmer waters in the passage was found to increase by
0.6°C during its transit, decreasing the density of the deep water supply to the eastern side of
the Atlantic.

A major complication is that not all the differences in water mass properties between eastern
and western ends of the basin can be attributed to diapycnal mixing. Dooley and Meincke
(1981) suggest partial recirculation of deep waters en route from the FSC to the FBC, whilst
Saunders (1990) assumes that all alterations in θS space are due to diapycnal mixing. Later
discussions (Hansen and Østerhus, 2000; Turrell et al., 1999) suggest some degree of
recirculation. Horizontal mixing might also be important; all these mechanisms are likely to
overpower changes that might be made through turbulent vertical mixing.

Furthermore, despite strong evidence to support a two layer approximation, intermediate
water masses are a distinctive component of the local hydrography (Borenas et al., 2001) and
will of course cause the system to respond differently to vertical mixing than if there were
only two distinct layers. Evidence for along channel mixing of intermediate water masses has
been given via analysis of a large hydrographic data set (Borenas et al., 2001) but it is
deduced purely from differences in end values and does not provide any estimates of vertical
mixing magnitude. Long term variability is evident in the intermediate water masses (Turrell
et al., 1999) and vertical mixing in the WTB is likely to have some degree of control over
this.

In any case, both north-eastward and westward flowing waters are constantly being
replenished and most likely maintaining the strong deep thermocline, keeping the system in
equilibrium and adding complications to tracing the effect of elevated turbulent kinetic energy
dissipation in its vicinity. Assuming the hydraulic system is in equilibrium, one approach to
this problem could be to calculate the vertical diffusivity that would be required in order to
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balance the mean flow and see if this were to agree with the mixing levels calculated from
direct dissipation measurements. D321b data, however, are insufficient from which to derive
the required end values, and although the dense flow is well constrained, surface flows are not
bounded and recirculation patterns are not well known. Water mass extent is also not well
defined from observational data

Dense overflow waters increase in temperature from 0-3°C between 200km upstream and
100km downstream of the sill. Along channel transects (Mauritzen et al., 2005) reveal a
development in θS properties as dense water approaches the sill from the upstream direction.
Overflow water density range is reported to have broadened as the salinity minimum is
eroded, allowing a more homogenised, larger dense water mass to feed the overflow. Perhaps
focus should be moved from the 27.65 isopycnal to look at effects on true dense water masses
rather than the centre of an intermediate water mass. As shown, the deep water at σ = 27.9
displays more of a gradual warming from east to west than the intermediate water at σ =
27.65.

Having deduced that the vertical mixing itself may not be as influential as first imagined when
internal waves of 100m amplitude were observed, it still remains that if it were not for the
WTR helping to divert the dense water flow to the FBC and forcing such strong stratification,
the situation would be extremely different. There are still many unknowns as to how the
system is controlled, but in order to understand the implications of observed variability within
the region, further observation and modelling is needed. Suggestions of recirculating flows
and eddying in dense and surface waters need confirming. Mean flow and spatially varying
stratification need to be modelled accurately before understanding the response of the flows to
mixing in the WTB and making further insights to its importance.

Overflows are an important component of global scale circulation modelling, particularly
those exiting the Nordic seas and the Mediterranean Sea. Water mass transformation has been
shown to occur in the Nordic sea overflows (Lumpkin and Speer, 2002) using data from the
World Ocean Circulation Experiment (WOCE) data set. Though the majority of this
transformation happens in the overflow itself rather than upstream, mixing of 27.9-28°C water
and the densest Nordic Sea overflow water makes the overflow water less dense. This is a
fundamental element of the North Atlantic meridional overturning circulation.
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8 Discussion and Conclusions
8.1 Overview
Observations, models, concepts and theories presented in this thesis provide great scope for
discussion. As an overview, a region was selected that had great potential to have a significant
impact on the control of the Atlantic overturning circulation. Observations were made in the
region and analysed with the help of internal wave generation and primitive equation models.
Estimated impact of the observed vertical diffusivity on the water masses and transports in the
region turned out to be substantially smaller than hypothesised. The hypothesis is revisited
here, with suggested reasons for the outcome and ways to test it in further work.

First and foremost the aim of this thesis was to add to our understanding of the way in which
the complex topography surrounding the WTB influences the wider North Atlantic system.
Aside from the specific regional influences, this has required an understanding of the
relationship between stratified flow and topography applicable to many other places.
Modelling studies have provided strong evidence that the WTR is an effective generator of
internal tides; microstructure observations have captured a very large scale overturning event
a mode one interfacial wave in the deep thermocline and dissipation rates of turbulent kinetic
energy have been measured across the basin. The primary use of this information has been to
assess the impact of vertical mixing on the MOC via preconditioning of overflow waters, but
it has also provided scope for a study of the physical structures and length scales associated
with internal waves and turbulent mixing processes.

This chapter explores the outcomes, conclusions and possibilities for future work associated
with the findings of this thesis. Whilst most issues have been addressed at the end of the
relevant chapter, This chapter has been designed to bring together and summarise the
pertinent points and discuss them with reference to how this thesis can be built upon in the
future. Section 8.2 discusses the outcome of the three main parts of the thesis; the
observational programme and how it could be improved, internal wave generation, dissipation
and mixing in the vicinity of the WTB, and water mass modification its effect on overflows.
A summary of main conclusions and avenues for future work is given in Section 8.3.
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8.2 General Discussion
8.2.1 D321B Observations
An intensive survey was undertaken throughout the region of the WTB in September 2007.
Of all the observations made, the microstructure profiles proved the most valuable and have
been central to the analysis. Having confirmed the long-documented existence of a large
(~100m) internal tide, they represent the first known measurements of TKE dissipation rate in
the WTB and are unique in measuring such large scale overturns at depth in a strongly
stratified region. Although they lacked the sampling depth of the CTD profiles, they
penetrated the thermocline which was the targeted region of interest, and the 25 hour time
series in particular provided very valuable data sets. Minilog moorings at stations M800E and
M800W should have augmented the microstructure data well with their high temporal
resolution but the one at M800W failed altogether due to knockdown. Individual records from
Minilogs on the M800E mooring provided some detailed time series information, but as the
calibration curves highlighted (see Appendix), the temperature data are somewhat unreliable
for use in comparison with other temperature data with offsets of up to 2°C. VMADCP
current velocity data were good in the upper layer but the depth of penetration appears to have
been limited by the thermocline, thus most two-layer information was lost. LADCP data
returned entire water column velocity profiles but it is impossible to obtain them in
conjunction with the microstructure data. D321b observations provided a comprehensive
assessment of conditions over a large spatial region within the WTB at various states of tide.
Repeatability of results and assessing how representative they are in a temporally and
spatially evolving environment, however, remains a problem. Energetically, M800W and
M800E, for example, are very different and the conditions to be expected along the ridge
between them are unclear. With 100m oscillations in the thermocline, snapshot profiles at the
same location at different times could vary significantly.

8.2.2 Internal Tide Generation and Dissipation
Chapter 5 uses information gathered on the background conditions and topography
surrounding the WTB and a simple linear generation model to confirm quantitatively that the
northern slope of the WTR is a relatively strong generator of internal tides. Forcing is focused
on the thermocline to the north of the WTR and at the surface. Modelling is taken further in
Chapter 6, where the results of two two-dimensional model runs using the MITgcm are
presented. Based on a number of other studies (Legg and Huijts, 2006; Legg and Klymak,
2008; Nikurashin and Legg, 2011), dissipation was calculated from the model velocity field.
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It was shown that the presence of the Faroe side of the WTB increased mid water dissipation,
most likely through interactions between generated and reflected wave energy, or the meeting
of wave energy from generation on opposite sides of the basin. Dissipation was also
calculated via an overturn method (Klymak and Legg, 2010) and the two approaches led to
similar results. Furthermore, dissipation estimates from the model were comparable to those
observed in the basin despite using a very simplified situation. In both cases the highest
dissipation rate (10-5 Wkg-1) was found in the region where the thermocline meets the ridge
topography. Velocity snapshots from the two-dimensional scenarios showed beams
representing internal tide energy emanating from the critical slope of the ridge, which are
similar to runs based on the Hawaiian Ridge (Legg and Klymak, 2008) and the Mid Atlantic
Ridge (Legg and Huijts, 2006).

Modelled situations are in this case highly simplified, being two-dimensional with Gaussian
topography and only one constituent of tidal forcing. It has been stated that the internal wave
continuum has the potential to make as significant a contribution to total mixing as the tidalband internal waves (Legg and Adcroft, 2003). Investigating more complex forcing
frequencies might lead to more wave-wave interaction in the model and hence increased
dissipation. In a similar „adjacent sill‟ situation to Run B, where internal tides were generated
from both sides of a basin (Xing and Davies, 2011), the amplitude of tidal harmonics with
wavelength less than the distance between sills was found to depend on the sill separation. In
this case, resonance occurred with the M10 harmonic in a given stratification and sill
separation. Resonance and focusing has not yet been shown to occur in the Faroese Channels,
but it stands out as an effective generator of internal tides in both two and three-dimensional
simulations (Hall et al., 2011) that compare well with observations. Whilst these twodimensional numerical simulations fail to represent some of the instabilities that generate
turbulence, they are non-hydrostatic and therefore a valuable tool for studying the
mechanisms leading to dissipation. Neglecting rotation in the MITgcm model runs has limited
the use of the results to some extent as internal wave energy propagation properties are
dependent on f. It would, of course, be informative to repeat the runs presented with a realistic
rotation and ideally set up a non-hydrostatic model in three dimensions. Resolution could also
be improved in order to examine the response to forcing at a greater range of length scales.
An isopycnal coordinate system would be a logical choice as it naturally concentrates in the
thermocline. Vertical scale in this case is density as opposed to depth, so where there are
strong density gradients the resolution is higher.
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Full profile current velocity information at the same time as dissipation rate measurement at
time series stations would help explain the internal tide propagation and allow for a more indepth analysis of processes involved in mixing events, perhaps from a long range upward
looking ADCP moored at the 800m contour. Another great improvement in terms of the
process study side of the work would be to have full-depth microstructure profiles. MITgcm
output suggests that the majority of dissipation occurs closer to the seafloor then the profiler
encountered. Fluid mixed at the topographic boundary could influence global stratification if
it is subsequently able to penetrate into the open water, as discussed in reference to mixing on
the continental slope of the FSC (Hosegood, 2005).

Attention had been focused on the thermocline of the WTB and primarily the generation of
the mode-1 barotropic tide as a driver of vertical mixing between Norwegian and Atlantic
water masses as the focus of the thesis is to estimate this and to calculate its potential effects.
Elevated patches of dissipation in the upper thermocline, however, and soliton-like signatures
at the surface in both the Baines model and the MITgcm are of interest. Results of the both
models demonstrate the importance of the trapping of energy within the WTB by the Faroese
Shelf. In terms of the wider effects on the overflows, model simulations (Robinson et al.,
2011) using bathymetry from a geological time when the Iceland-Faroe Ridge was lower than
it is today resulted in warmer North Atlantic and Arctic surface waters, increased deep water
production and increased deep ocean temperatures.

8.2.3 Mixing and Water Mass Modification
Long term monitoring of the WTB boundaries at the FBC and with the FSC indicates that the
water transiting it must be „processed‟ to some extent. The Faroe Bank Channel overflow is of
considerable climatic importance (Borenas and Lundberg, 2004; Hansen et al., 2001) and
strategically advantageous for long term monitoring of fluxes (Helfrich and Pratt, 2003).
From the outset, this work has sought a greater understanding of whether the WTB is a region
that significantly preconditions its supply. Theoretical calculations based on observed values
have led to the conclusion presented in Chapter 7 that despite the high vertical diffusivities
very little vertical heat transport occurs across the main thermocline (~14 Wm-2), leading to a
reduction in density that reduces overflow volumes by <2% at the most . Exactly which depth
or isotherm to choose as the boundary across which to calculate fluxes, however, is still an
unresolved issue. Furthermore, regions of very high dissipation will not be shown to drive any
mixing if the derived diffusivity is applied to an homogeneous section of the water column.
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Observations of Turner Angle show that the WTB is highly susceptible to double diffusion
through salt fingering, a process which tends to be ignored at temperate latitudes. Shear and
turbulent diffusivities associated with the internal wave field are likely to override this
process, but the sheared salt fingering favourable environment might affect the microstructure
measurements themselves. It has been shown by numerical methods that in the presence of
shear and a favourable environment, salt fingering takes the form of salt sheets and even after
the onset of turbulent flow can affect epsilon estimates through anisotropy (Kimura et al.,
2011). Estimates based on microstructure profiles that assume isotropic turbulence might
underestimate true values by a factor of 2-3, supporting the argument that the effects of
mixing on the overflow calculated here are lower bound estimates. Although values of I
suggest that turbulence is isotropic, this is an important consideration.

Comparison between vertical mixing estimates for Shih et al, (2005) and Osborn (1980)
highlights a big difference between the two; mean values of diffusivity across the thermocline
are 2.51 x 10-4 m2s-1 according to the Shih method and 16.3 x 10-4 m2s-1 according to that of
Osborn. Standard practise is to use the Osborn method, but this highlights that results based
on this method could be great overestimations. In either case, the calculated diffusivity is
more than twice the value required, on average, to maintain global circulation. The huge
discrepancy between a commonly accepted formula and the Shih (2005) formula is an
important finding. Although this formula has been applied to high energy environments in
natural waters, most researchers continue to use that of Osborne (1980).
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8.3 Conclusions
A comprehensive investigation has been conducted into the driving mechanisms and
influences of vertical mixing in the region of the Wyville Thomson Basin. In conclusion, it
can be said that the effect of vertical mixing on the Atlantic Meridional Overturning
Circulation is considerably less than might have been anticipated. Nonetheless, the methods
used to come to this conclusion have revealed that the combination of topography and
stratification in the region make not only the northern slope of the WTR a very effective
generator of internal tides (Sherwin, 1991) but that the generation potential is high all around
the perimeter of the WTB. Furthermore, analysis of bathymetric and hydrographic conditions
suggests that the majority of this baroclinic energy is contained within the basin. Such internal
tides create oscillations in the deep thermocline of more than 100m. Direct time-series
measurements of epsilon through the thermocline are the first reported in the region and have
captured the elevated dissipation rates associated with these very large scale oscillations and
overturns. A large amount of work still remains to be done in this vast and active field of
research in order to properly understand and parameterise the associated mixing processes.
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Appendix: Minilog Calibration Curves
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